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Continental rifting is achieved through a combination of magmatic and amagmatic
processes. However, these processes can be influenced by heterogeneities at a range
of scales, which act as regions of relative strength and weakness in the crust. The
subaerial East African Rift, the longest continental rift on Earth, demonstrates the
transition between incipient amagmatic and mature magmatic rifting. The rift interacts
with geology that spans 3.8 Ga, and thus represents the ideal place to investigate crustal
heterogeneities and rifting.
Interferometric Synthetic Aperture Radar (InSAR) has been used to observe the surface
deformation caused by transient events associated with rifting throughout the East
African Rift System. In this thesis, I explore how heterogeneities influence strain
partitioning, magma transportation, and hydrothermal fluid migration, through the
combination of InSAR, and other geophysical and geological datasets.
In the southern East African incipient rift environments of Mozambique and Botswana,
I provide evidence to indicate pre-rift along rift faults are reactivated in the present-day
stress field to influence where and how rifting occurs. By contrast, in the more mature,
magmatic, Main Ethiopian Rift, I show pre-rift cross rift faults can influence magma and
fluid migration over multiple temporal scales.
Magma plays an important role in accommodating extension in mature rift settings,
primarily through dyking. However, the presence of large axial caldera systems suggest
that the localisation of magma in reservoirs is also important. Observations of sustained
uplift at the Corbetti caldera, in the Main Ethiopian Rift, indicates upper-crustal silicic
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Continental rifting occurs over millions of years, prohibiting us from observing the
full development in one location. Instead we compare geographically separate areas
at different stages of rifting to provide a proxy for the temporal evolution. The East
African Rift System (EARS) is a >4,000 km ∼north-south continental rift that runs
from Eritrea-Ethiopia in the north, southward through the African continent (Figure
1.1). First identified as a rift in 1891 [Suess, 1891], the EARS has since be the subject
of numerous geoscientific studies trying to understand how and why rifting occurs.
Fundamentally, rifting occurs via magma intrusion, faulting, and ductile deformation,
but these processes are modulated by crustal heterogeneities at a range of scales. The
transition between amagmatic and magmatic rifting and how secondary factors, such
as crustal heterogeneities, influence these processes is unclear. For example to what
degree do crustal heterogeneities guide rifting as it initiates, and over what timescales
does this continue? How do different types of crustal heterogeneities (rift-parallel versus
rift-oblique faults, relative strong versus relative weak geological bodies) have different
controls on rifting?
The earthquakes and volcanic eruptions associated with continental rifting can also pose
a significant hazard to life and infrastructure. Understanding these hazards now is
especially important in regions such as East Africa, which is rapidly developing socio-
economically, but has low levels of awareness and few monitoring resources.
In this thesis I use Interferometric Synthetic Aperture Radar (InSAR) to investigate
surface deformation associated with magmatic and amagmatic rifting. InSAR is an
ideal tool to study seismic events and to monitor decadal-term processes (e.g., magma
reservoir growth). InSAR does not require field campaigns, but observations of surface
1
Chapter 1. Introduction
deformation can be combined with multiple datasets (e.g., gravity, seismicity, and ground
resistivity) to better characterise sources and processes.
The topography, geology, climate, hydrology, and ecosystems produced by rifting in
East Africa are thought to have facilitated proto-human evolution [Hutchison et al.,
2016; Maslin et al., 2014]. Today, the rift still influences the lives of local populations.
For many the rift provides resources for exploitation such as fertile land, hydro- and
geothermal energy, tourism, and salt deposits [e.g., Gı́slason et al., 2015; Simiyu, 2010].
However, the rift also presents hazards associated with earthquakes and volcanoes and,
as such, understanding the ongoing volcanic (Chapter 3) and seismic (Chapters 4 and
5) processes is paramount to provide mitigation.
1.2. Continental rifting in East Africa
Continental rifting is the extension and thinning of continental crust towards the
formation of ocean basins, achieved through tectonic (faulting), ductile, and magmatic
processes [Buck, 2006; Wright et al., 2006; Keir et al., 2006; Ebinger and Casey, 2001]
(Figure 1.2). The relative importance of the forces driving rifting in east Africa have long
been debated, with candidates including far-field plate motions, mantle convection, and
dynamic topography [e.g., Kendall and Lithgow-Bertelloni, 2016; Buck, 2006; Turcotte
and Emerman, 1983; Dunbar and Sawyer , 1989]. The magnitudes of the stresses available
through these processes are difficult to estimate [e.g., Bai et al., 1992; Buck, 2006],
but each are thought to be insufficient to rift thick cold continental lithosphere alone.
Continental rifting therefore probably requires multiple forces acting together [Kendall
and Lithgow-Bertelloni, 2016; Buck, 2006; Dunbar and Sawyer , 1989].
As extension occurs, the ductile lower lithosphere thins, causing vertical migration of
decompression derived magma [Mckenzie and Bickle, 1988]. This transports heat into
the crust, reducing its tensile strength, allowing further ductile deformation [Daniels
et al., 2014; Ebinger , 2005]. Faulting (amagmatic rifting) occurs in the uppermost
brittle portion of the crust, to accommodate extensional stresses. With time, the
lithosphere thins and warms sufficiently such that normal faulting is abandoned,
magma transportation (magmatic rifting) accommodates extension, and continental
rifting transitions into seafloor spreading (Figure 1.2) [Bialas et al., 2010; Buck, 2006;
Whitmarsh et al., 2001].
Rifting in the EARS initiated following the upwelling of mantle material from the African
large low shear velocity province beneath east Africa >40 Ma which caused broad (∼500


































Figure 1.1: The East African Rift. Volcanic centres [Global Volcanism
Program, 2013] and historical seismicity (USGS catalogue, 2018) are denoted
by red diamonds and white circles respectively. The geographical localities of
Chapters 2 – 5 are shown by green boxes.
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[Garnero et al., 2016; Garnero and McNamara, 2008; Rogers et al., 2000; Ebinger and
Sleep, 1998]. This vertical transport of hot mantle material provided the heat needed to
weaken the lithosphere [Bialas et al., 2010; Buck, 2006], increased the elevation to provide
dynamic topographic forces [Kendall and Lithgow-Bertelloni, 2016], and emplaced melt
close to the surface [Ebinger and Sleep, 1998; Mckenzie and Bickle, 1988].
The transport of large volumes of buoyant mantle material towards the surface resulted in
pulsed eruptions of voluminous flood basalts (up to 2 km thick) across Kenya, Ethiopia,
and the Arabian peninsular ∼45 – 25 Ma [Rooney, 2017; Furman et al., 2006; Baker et al.,
1996]. Flood basalt volcanism, although a precursor to rifting in the northern EARS, did
not preceded extension everywhere along the rift. In the present-day incipient southern
EARS, for example, rifting is exclusively accommodated via faulting with no related
surface volcanism. Evidence suggests faulting at the surface initiated at ∼25 Ma in the
northern present-day EARS [Bonini et al., 2005], via the formation of discrete graben
basins, with displacement along high-angle normal border faults [Hendrie et al., 1994;
Morley et al., 1992].
The transition from amagmatic incipient rifting to magmatic rifting can be investigated
by focussing on either the temporal evolution of a magmatic rift, such as the Main
Ethiopian Rift (MER) in the northern EARS, or by comparing localities along the rift
at different stages of maturity [Ebinger , 2005]. In the next subsections I discuss the
amagmatic to magmatic transition by comparing different localities of progressively more
developed rifting.
1.2.1. Amagmatic rifting
The least mature sections of the EARS are in southern East Africa. Extension in
these regions is inherently small, and thus there is some discussion on the locality of
the youngest portions of the EARS. In southern Mozambique, recent normal faulting
earthquakes indicate the crust is subject to extension [Fonseca et al., 2014], but the
rate is relatively low (<2 mm/yr [Saria et al., 2014]) (Figure 1.1). The Mw 7.0 2006
Machaze earthquake in southern Mozambique was one of the largest earthquake to occur
in continental Africa for a century, and was a clear demonstration that incipient rifting
continues as far south as -21° N (Chapter 4) [e.g., Copley et al., 2012; Yang and Chen,
2008; Fenton and Bommer , 2006]. An alternative, or additional, branch of incipient
rifting is delineated by seismicity from Malawi, through Zambia and into Botswana
(Figure 1.1), where normal faulting suggests some extension has occurred since the
Quaternary, and is ongoing today (Chapter 5) [Modisi, 2000; Scholz et al., 1976].
North of Mozambique, the Malawi Rift provides a clear example of amagmatic rifting
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(Figure 1.1), where extension at rates of ∼2 mm/yr [Saria et al., 2014] is accommodated
via faulting along long, steep normal faults that form segmented asymmetric half-
graben basins [Jackson and Blenkinsop, 1997; Rosendahl et al., 1992; Ebinger et al.,
1987]. Border fault formation is thought to, at least in part, locally exploit crustal
weak zones where possible [Ring, 1994], e.g., the Bilila-Mtakataka fault [Hodge et al.,
2018a]. Most of the extension here is accommodated on the high-angle border faults,
with relatively little thinning beneath the elevated rift flanks [Ebinger et al., 1987].
Profiles of seismic reflection data across the Malawi Rift show a decrease in intra-basin
fault density with time, indicating a changing location of accommodation with increased
extension [Rosendahl et al., 1992; Specht and Rosendahl, 1989]. At depth, the border
faults are thought to be listric, becoming horizontal in the lower crust [Rosendahl et al.,
1992; Specht and Rosendahl, 1989].
In northern Malawi, a sequence of earthquakes in the Karonga region in 2009 showed
segmented fault rupture across ∼40 km in the hanging wall (Figure 1.1). The events
were confined to the upper ∼6 km, demonstrating extension is occurring here through
sequences of shallow Mw ∼5 – 6 earthquakes [Fagereng, 2013; Biggs et al., 2010a].
1.2.2. Transition to magmatic rifting
The transition between amagmatic and magmatic rifting is poorly understood. It is
unclear, for example, whether the transition is a function of the magnitude of extension,
extension rate, heat flux, lithospheric properties, or a combination of factors. In addition,
seismic events occur in rift segments that also have high melt fluxes, demonstrating
that the transition is continuous, and that in many locations magmatic and amagmatic
processes act together to facilitate rifting [e.g., Calais et al., 2008; Pizzi et al., 2006].
Rungwe, a localised collection of volcanoes in southern Tanzania, is the southernmost
expression of magmatism in the EARS (Figure 1.1). The most recent eruption in Rungwe
was ∼1 ka, and there is evidence for frequent, and, at times Plinean, eruptions [Fontijn
et al., 2012, 2010a]. The eruptive centres of Rungwe are located in the transfer region
between the border faults of the Rukwa and Malawi Rifts [Ebinger et al., 1989] (Figure
1.1), and there is evidence of faults controlling the location of the volcanoes and eruptive
vents [Fontijn et al., 2010b; Furman, 1995].
The EARS bifurcates around the Tanzania Craton into two branches, the Kenyan Rift
and Western Rift. In the Western Rift, north-west of Rungwe, rifting is primarily
achieved through faulting, with asymmetric basins and steep border faults [Morley et al.,
1992; Ebinger et al., 1991; Ebinger , 1989] (Figure 1.1). The Western Rift forms a broad
north-south arc. The southern section, which underlies Lake Tanganyika is amagmatic
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at the surface, with extension of 15 – 20% that is localised to within the basins [Hodgson
et al., 2017; Ebinger , 1989]. However, an elevated Vp/Vs ratio and deep seismicity suggest
magma intrusions may have a role in accommodating extension at depth [Hodgson et al.,
2017].
In the northern section of the Western Rift, magmatism is voluminous but localised
to the Virunga, South Kivu, and Katwe-Kikorongo regions [Wood et al., 2017; Pouclet
et al., 2016; Ebinger , 1989] (Figure 1.1). In 2008 the Mw 5.9 Bukavu earthquake occurred
beneath Lake Kivu, only 20 km from the nearest surface expressions of volcanism in
South Kivu. The event, however, was attributed to slip on a shallow fault (<9 km)
unassociated with magma transport [D’Oreye et al., 2011], indicating the Western Rift
is transitioning between amagmatic and magmatic extension.
1.2.3. Magmatic rifting
The Kenyan Rift runs between northern Kenya and northern Tanzania to the east of
the Tanzania Craton (Figure 1.1). The Kenyan Rift is comprised of ∼60 km wide half-
graben basins that formed during the late Oligocene (∼30 Ma) [Morley et al., 1992], with
co-eval and subsequent volcanism. A southward propagation of rifting through Kenya
is suggested based on increasing crustal thickness and age of volcanism [Prodehl et al.,
1997; KRISP Working Party, 1991]. In Tanzania rifting is less mature, and extension
is accommodated by magma transport in conjunction with faulting. In 2007, near Lake
Natron, fault slip was observed to promote magma migration via dyking through stress
unclamping [Biggs et al., 2013, 2009a; Calais et al., 2008]. The dyke intrusion was ∼7
km long at ∼4 km depth, with up to 2.4 m of opening, and was accompanied by the
deflation of a magma chamber at a depth of 4 – 8 km [Biggs et al., 2009a].
North of the Kenyan Rift is the Main Ethiopian Rift (Figure 1.1), where extension
rates are estimated to be 6 – 7 mm/yr, in an east-west direction [Stamps et al., 2018;
Saria et al., 2014; Agostini et al., 2009; Chu and Gordon, 1999]. The MER today is
∼50 km wide, bounded by border faults with up to ∼3 km offsets [Ebinger and Casey,
2001]. Following the initial formation of these graben and half-graben structures at 11
Ma bimodal volcanism began ∼7 – 3 Ma [Bonini et al., 2005; Woldegabriel et al., 1990].
By 1.8 Ma extension became increasingly localised to the rift axis, creating numerous
shorter intra-rift faults with ∼1 m offsets, eruptive centres, primarily silicic calderas, and
basaltic fissures aligned along the rift axis [Acocella, 2014; Corti, 2009; Casey et al., 2006;
Pizzi et al., 2006; Acocella et al., 2003; Buck, 1991; Woldegabriel et al., 1990; Mohr and
Wood, 1976; Mohr , 1967] (Figure 1.2). The intra-rift faults are the surface expression of
the rift-axis strain localisation as the ductile transition progressively shallows. Geodetic
observations indicate that at present ∼80% of the strain is accommodated within the
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rift [Birhanu et al., 2016; Bilham et al., 1999], through faulting on these smaller faults
and aseismic deformation.
Seismic observations are able to constrain the distribution of subsurface magma
intrusions. In the upper mantle (<100 km) low P- and S-wave velocities show segmented
structures across a wide zone beneath the MER, thought to indicate the presence of
partial melt [Gallacher et al., 2016; Bastow et al., 2005]. The magnitude and alignment
of shear wave splitting measurements with chains of volcanoes and fissures at the surface
suggests magma resides within aligned cracks throughout the lithosphere [Bastow et al.,
2010; Kendall et al., 2005]. Within the upper 10 – 20 km, velocity variations from
seismic refraction surveys and 3-D tomography identify high density, high velocity (Vp
6.5 – 6.8 km/s) elongate bodies (20 by 60 km) beneath the MER axis [Keranen et al.,
2004]. These bodies are interpreted to be solidified melt intrusions, and align with the
segmented distribution of Quaternary volcanic centres. Magnetotelluric observations
of the electrical resistivity of the lithosphere corroborate the seismic interpretations
[Mackenzie et al., 2005]. Measurements of geoelectric strike that are parallel to the
rift support the hypothesis of melt alignment [Whaler and Hautot, 2006], and zones
of high conductivity at ∼20 km beneath the Boset magmatic segment are thought to
identify mafic intrusions which are possibly partially molten.
Magma plays a fundamental role in weakening the crust, and its petrogenesis can be
informative on crustal conditions, specifically rift maturity and local magma supply
[Hutchison et al., 2018]. Peralkaline rhyolite fractionation, for example, will occur where
magma ascent is inhibited or magma flux is locally reduced, compared to regions which
erupt basalt. Melt reaches the surface at distinct volcanic centres within the MER
(Figure 1.1). Along the MER axis these centres are mid-Pleistocene calderas (5 – 15
km diameter), with post-caldera eruptions of, typically, peralkaline rhyolite as obsidian
flows and domes [Fontijn et al., 2018].
Since 1890 11 of the volcanic centres in the MER and Afar have erupted, in >15
eruptions [Wadge et al., 2016]. In the geological record there is evidence for numerous
large magnitude eruptions (up to VEI 3 – 4) over the last 10 – 20 kyr [Fontijn et al.,
2018; Hutchison et al., 2016; Siebert et al., 2010]. Over last few decades, geophysical
observations have observed unrest at several of these centres, indicating multiple present-
day active magmatic systems [Wilks et al., 2017a; Hutchison et al., 2015a; Biggs et al.,
2011; Asfaw, 1982]. The Corbetti caldera is one such active centre, and the focus of
Chapters 2 and 3 (Figure 1.1). Corbetti has evidence for numerous large Holocene




1.2.4. Transition to seafloor spreading
In Afar, where continental rifting is transiting towards incipient seafloor spreading,
geodetic and seismic studies have observed the accommodation of tensile stresses via
magmatic rifting in numerous dyke intrusion events [Pagli et al., 2014, 2012; Nobile
et al., 2012; Keir et al., 2011; Wright et al., 2006; Doubre and Peltzer , 2007; Amelung
et al., 2000]. Afar also represents the triple junction between the Nubian, Somalian, and
Arabian plates. The full spreading rate between the Nubian and Arabian plates is ∼18
mm/yr, and ∼16 mm/yr between the Somalian and Arabian plates [Saria et al., 2014;
Vigny et al., 2006]. Estimates of the crustal thickness in Afar show a transition between
∼28 km near the MER, to ∼10 km in the north [Craig et al., 2011; Hammond et al.,
2011; Dugda et al., 2005].
The most dramatic recent example of dyking in Afar is the 2005 Dabbahu dyke intrusion
sequence [Grandin et al., 2009; Hamling et al., 2009; Ebinger et al., 2008; Wright et al.,
2006]. Within two weeks ∼2.5 km3 of magma was intruded into the crust between 2
– 9 km deep along an ∼60 km long segment, sourced partly from two nearby shallow
(∼6 km) magma reservoirs, and partly from depth. During the dyking event the seismic
moment release was more than an order of magnitude less than the geodetic estimate,
indicating most of the deformation occurred aseismically. After the initial dyke intrusion
there were >13 further discrete intrusions [Hamling et al., 2010]. The sequence provided
insights into intrusion mechanisms, magma sources, and stress evolution during dyking
in a mature continental rift setting. The Dabbahu dyke intrusion contrasts with the one
in northern Tanzania in 2007, most noticeably in its length and volume. The crust in
Afar is hotter and thinner than in Tanzania, and as such shallower and larger magma
reservoirs can be maintained, resulting in comparatively long, sustained, voluminous
dykes (60 km in Afar versus 7 km long in Tanzania [Biggs et al., 2009a; Wright et al.,
2006]).
1.3. Inheritance and strain localisation
Throughout the history of the EARS inherited structures have influenced strain
localisation. Indeed, several studies conclude that localised weaknesses are required to
reduce the tensile strength of the lithosphere enough to allow rifting to occur given the
available stresses [Kendall and Lithgow-Bertelloni, 2016; Vauchez et al., 1997; Dunbar
and Sawyer , 1989, 1988]. East African geology can be dated back to the Archean,
and numerous processes have introduced crustal heterogeneities. Heterogeneities are
able to partition strain and so will inevitably influence rift development across multiple



































Figure 1.2: Schematic showing increasing rift maturity, from (a) eruption of
flood basalts, through the initiation of border faults (b), to the formation of
axial volcanic centres and localisation of strain within the rift (c). Modified
from Robertson [2015] and Corti [2009]
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approximately NNE-SSW, and it has been hypothesised that this orientation follows a
Pan-African suture zone [Corti, 2009]. The Ambo shear zone, Ethiopia, is an example
of a major oblique structure that has influenced off-rift volcanism and crustal thickness
[Bastow et al., 2005]. Crustal heterogeneities can also provide barriers to rifting. This
is clearest on the largest scale, where the cold rigid Tanzania Craton forces the rift into
two branches [Koptev et al., 2015].
Rifting at the surface is initially facilitated by faulting. Faulting occurs when the shear
stress (τ) acting on a material is greater than the effective normal stresses, σ . Figure 1.3
shows a Mohr diagram, of τ as a function of σ acting on an inclined planar surface. On
this plot, strength envelopes are shown to represent the point of failure by faulting (rock
strength) and frictional (fault strength) processes. Slip will occur as the Mohr circle
intersects a strength envelope, e.g., point P. The formation of new faults is shown by
Mohr circle A. Mohr circle B represents the conditions for reactivation of a pre-existing
fault, dipping at angle θ . Pre-existing faults with a range of dips, β , will be reactivated
(intersect the strength envelope) before the formation of new faults, as is seen in nature.
Rock failure can also occur in tensile stress regimes. Within the crust, one way this
can be achieved is through magma intrusion, which increases pore pressure. If the pore
pressure is greater than the confining pressure, an effective tensile stress field will develop.
Mohr circle C is within this tensile regime (Figure 1.3). Failure will occur when the circle
intersects point T, which represents the tensile strength of a material.
Pre-existing structures can also guide the transport of fluids within the Earth [e.g.,
Lloyd et al., 2018; Robertson et al., 2016; Hutchison et al., 2015a; Le Corvec et al.,
2013; Rowland and Sibson, 2004]. As fluids such as magma rise, their migration will be
controlled by the stress field, and be influenced by crustal heterogeneities such as faults
[Wadge et al., 2016; Gaffney et al., 2007]. In Kenya and Ethiopia pre-existing cross-rift
structures have been hypothesised to control the location and duration of magma ascent,
therefore influencing volcano surface geomorphology, and magma petrogenesis [e.g., Lloyd
et al., 2018; Hutchison et al., 2018; Robertson, 2015; Acocella et al., 2002]. The same is
true in the Kivu Basin, where reactivated Precambrian structures are thought to create
transfer zones, influencing the stress regime, and thus location of volcanism [e.g., Smets
et al., 2016]. Structural controls on the distribution of monogenetic vents and cones has
also been observed throughout the rift [e.g., Muirhead and Kattenhorn, 2018; Muirhead
et al., 2015]. One mechanism for this is differential loading, caused by the topographic
scarps of normal faults, deflecting magma into the footwall, rather than the fault acting











































Figure 1.3: Mohr circles showing failure through faulting (circle A), frictional
(circle B), and tensile (circle C) processes. The coefficient of friction, µ, is
related to the gradient of the strength envelopes through the angle of friction,
φ , via µ = tan(φ). In the tensile stress regime the failure envelope becomes
parabolic.
1.4. Interferometric Synthetic Aperture Radar principles
Interferometric Synthetic Aperture Radar (InSAR) is a satellite-based remote sensing
technique that uses active microwaves to measure changes in the satellite-target path
length. First employed in the early 1990’s to investigate surface displacements during
the 1992 Landers earthquake, California [Massonnet et al., 1993], and deformation at
Mt Etna, Italy, 1992 – 1993 [Massonnet et al., 1995], InSAR has since been used to
investigate natural and anthropogenic signals from across terrestrial and cryosphere
environments [e.g., Walter and Motagh, 2014; Park et al., 2013; Ebmeier et al., 2012;
Hooper et al., 2004]. This has partly been facilitated by the diversity of InSAR capable
satellites currently in orbit. The main advantages of InSAR over terrestrial geodetic tools
is that InSAR is capable of measuring a continuous displacement field in high spatial
resolution. The spatial and temporal resolution that can be achieved using publicly
available SAR vary by sensor, as summarised in Table 1.1, but is typically 3 – 30 m
spatially, and 1 – 24 days temporally.
Satellite geodesy is an ideal tool to study the processes associated with active rifting.
The diversity of satellites currently operational, allowing us to study multi-temporal and
-spatial scale deformation processes, makes this is especially true today. Some regions
in the rift are inaccessible due to geopolitical, safely, or access reasons that prohibit or
complicate fieldwork. InSAR, however, does not require field access. In addition, the low
cost and ease of access to regularly acquired SAR data facilitates researchers to use the
technique for responsive [e.g., Hamling et al., 2017; Wright et al., 2006] and hypothesis
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driven research [e.g., Pagli et al., 2014; Walters et al., 2011]. Figure 1.4 summaries the
InSAR observations that have been made in the EARS at the time of writing.
In this thesis I utilise SAR imagery from the European Space Agency (ESA) ENVISAT
and Sentinel-1 satellites, the Italian Space Agency (ASI) Cosmo-SkyMed satellite
constellation, and the Japanese Aerospace eXploration Authority (JAXA) ALOS-1, and
ALOS-2 satellites. Details on how interferograms within this thesis were processed are
discussed in each chapter.
1.4.1. Synthetic Aperture Radar
Synthetic Aperture Radar (SAR) capable satellites actively illuminate the Earth’s
surface with electromagnetic pulses of microwave frequency, facilitating acquisitions in all
weather conditions, day and night. SAR satellites operate on a polar orbit and travel in
either an ascending (roughly south-north) or descending (roughly north-south) direction.
The emitted radiation is back-scattered from the Earth’s surface to the sensor, where
the amplitude and phase component are recorded as a complex number.
The amplitude component of the radar return is a measure of the amplitude of the
signal, and is a function of the backscattering properties of the surface. Amplitude
measurements can be used to investigate processes that influence surface backscattering
properties, such as the deposition of lava [e.g., Arnold et al., 2017; Dietterich et al., 2012;
Wadge et al., 2011]. The phase component is a measure of the fractional cycle of the
returned radiation. Its value is psuedo-random, with contributions from the different
scatterers within each resolution element and delays along the radar path.
The SAR imagery in this thesis was acquired in a range of acquisition modes, each
of which with relative advantages and disadvantages (Table 1.1). Here, I detail
the acquisition modes of the Cosmo-SkyMed and Sentinel-1 satellites to provide a
comparison. Cosmo-SkyMed (CSK) stripmap images have a high spatial resolution (3 –
5 m), but a narrow swath width (40 km). The Cosmo-SkyMed satellites are part of a
constellation, and as interferograms can be created from SAR acquired by any satellite,
the repeat time for a given location can be between 16 days with one satellite, to 1 day
using multiple satellites. SAR images can be acquired in one of five modes, including
stripmap, which I use here. Stripmap mode uses continuous radar pulses made as the
satellite orbits with a fixed antenna azimuth angle (Figure 1.5a).
Sentinel-1 is also a constellation, of two satellites. In this thesis I use Interferometric
Wide TOPS (Terrain Observation with Progressive Scan) mode data, which produces 250



















































































































































































































































































































each satellite individually) [De Zan and Guarnieri, 2006]. TOPS mode images are made
up of three sub-swaths, each with nine bursts (Figure 1.5a). Each burst is imaged by
electronically steering the antenna from backwards to forwards in the azimuth direction
(Figure 1.5b), before switching sub-swath to image the first burst in the adjacent sub-
swath (1 – 3 in Figure 1.5a). The sensor then returns to the first sub-swath to acquire a
second burst, and so on. Steering the antenna in the azimuth direction results in varying
squint angles (ψ) throughout the burst, with a small portion of the sub-swath (the burst
overlap region, ∼10 km long), having forwards and backwards looking squint angles that
vary by ∼1° (Figure 1.5b).
1.4.2. SAR interferometry
The phase component of a single SAR image is uninformative on its own. However,
with co-registered master (initial acquisition) and slave (repeat acquisition) images an
interferogram can be made by multiplying the master image by the complex conjugate of
the slave image to determine the difference in phase between the two. For interferograms
where scatterers remain stable between SAR acquisitions, the result will be a coherent
phase map, within which changes can be interpreted as the satellite-ground range change
between the two acquisitions, plus a noise contribution. Details in the InSAR processing
methodology are established, and not discussed here. The reader is instead referred to
Rosen et al. [2012, 2004]; Bürgmann et al. [2000]; Werner et al. [2000] and Massonnet
and Feigl [1998].
For most geophysical applications of InSAR the signal of interest is the relative ground
displacement, ∆φ displacement , however there are several other contributions to the recorded
phase change, ∆φ LOS, which need to be considered (Equation 1.1).
∆φLOS = ∆φdisplacement +∆φtopographic +∆φgeometric +∆φatmospheric +∆φnoise (1.1)
Some sources of noise can be mitigated effectively through corrections. ∆φ geometric is
a function of differences in the satellite viewing geometry. SAR satellites will rarely
return to the same position in space for each acquisition. The difference in location
is termed the baseline separation, and results in a phase change between acquisitions.
Precise measurements of the satellites orbit are used to correct for this difference in the
interferograms, but these measurements have uncertainties that must also be accounted
for, usually through the removal of a phase gradient.
The Earth’s topography has a control on the radar path length, which varies with satellite






























Figure 1.4: Synthesis of InSAR studies in the East African Rift,
demonstrating volcanic uplift and subsidence, dyke intrusions and faulting.
1. Wright et al. [2006], 2. Nobile et al. [2012], 3. Pagli et al. [2012], 4.
Amelung et al. [2000], 5. Doubre and Peltzer [2007], 6. Keir et al. [2011], 7.
Robertson [2015], 8. Biggs et al. [2009b], 9. Biggs et al. [2009a], 10. Biggs
et al. [2010a], 11. Chapter 4, 12. D’Oreye et al. [2011], 13. Chapter 5, 14.
Wauthier et al. [2012], 15. Wauthier et al. [2013], 16. Chapter 3, 17. Biggs
et al. [2011], 18. Pagli et al. [2014].
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Figure 1.5: a) Schematic of ascending Stripmap and TOPS SAR acquisition
modes. φ is the satellite heading, relative to north, and θ is the satellite look
angle, relative to zenith. b) Illustration of antenna steering in the azimuth
direction to produce the bursts in each sub-swath. Antenna is forward looking
at time t=1, and backwards at t=2.
16
Chapter 1. Introduction
be a phase change that results from the difference in path length for a given pixel at
a given elevation as seen from different locations. The phase change, which will follow
the topography (∆φ topographic), can be accounted for by using a digital elevation model
(DEM). The resolution of the DEM is often the limiting factor in the spatial resolution
of InSAR.
Water vapour will change the refractive index of the atmosphere, increasing the radar
path length, causing phase delays. These delays can be highly variable in space and time,
and often have the same magnitude as the signal of interest [Elliott et al., 2008; Wadge
et al., 2002; Zebker et al., 1997]. Atmospheric delays can be particularly large in tropical
regions (<10 cm), and problematic where they correlate with topography: time-varying
atmospheric delays centred on a volcano can look like deformation [e.g., Ebmeier et al.,
2013; Parker et al., 2015]. ∆φ atmospheric is a difficult source of noise to mitigate, although
there are several approaches [e.g., Yu et al., 2017a; Bekaert et al., 2015; Doin et al.,
2009; Elliott et al., 2008]. We explore methods to correct for or mitigate atmospheric
delays using models in Chapter 4, and increasing signal-to-noise ratios through stacking
in Chapters 4 and 5.
∆φ noise describes the additional sources of noise, including random and instrument
thermal noise. These contributions are usually much smaller in magnitude that the
signal, and are thus ignored.
In addition to noise, loss of signal is a primary limitation of InSAR. Coherence, γ, is
used as a measure of the correlation between the phase values of neighbouring pixels.
Coherence is usually measured in 3 x 3 pixel windows, and where phase values are
perfectly correlated the central pixel is said to have a coherence of 1. Incoherence
describes the lack of relationship between the phase values of neighbouring pixels. The
temporal and line-of-sight perpendicular spatial separation of the satellite between SAR
acquisitions are described as the temporal and perpendicular baselines respectively.
Large temporal and perpendicular baselines can result in a reduction in interferogram
coherence as scatterers will scatter radiation differently from different incidence angles,
and through time (e.g., vegetation growth, seasonal snow) [e.g., Ebmeier et al., 2013;
Biggs et al., 2007; Lu et al., 2002]. The radar wavelength will have a significant impact
on coherence. Scattering will occur off objects whose size is comparable to the radar
wavelength. As such, for short-wavelength radiation (e.g., X-band, 3.1 cm) foliage
will be effective scatterers, and as foliage can vary greatly with time, X-band radar
interferometry can have poor coherence (see Chapter 3). In contrast, L-band radar
(23.5 cm wavelength, e.g., as acquired by ALOS-1 and ALOS-2) will scatter off larger
objects, which tend to be more stable. The wavelength of a particular sensor will have
a considerable influence over its suitability for a particular target.
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1.5. Volcano and earthquake geodesy
1.5.1. Volcano geodesy
Volcanoes are the surface expression of the transition of heat from within the Earth to its
surface, accompanied by the physical transport of material. Although a ‘volcano’ may
describe the physical structure at the surface, volcanic, magmatic, and related processes
occur throughout the subsurface, and all may be sources of deformation observable to
InSAR.
Biggs et al. [2014] showed that there is a statistically significant relationship between
volcano deformation and eruption. There are ∼1500 subaeariel Holocene volcanoes
[Siebert et al., 2010], of which InSAR has identified >200 with deformation [Biggs and
Pritchard, 2017]. Cumulatively, from these studies we have observed and begun to
understand magmatic storage and transportation processes on a range of spatial and
temporal scales, across all tectonic environments. In the EARS alone, observations have
been made of magma intrusion [Toombs and Wadge, 2012; Biggs et al., 2009a; Wright
et al., 2006; Amelung et al., 2000] and storage [Biggs et al., 2009b, 2016], volcanic
eruptions [Xu et al., 2017; Pagli et al., 2012; Wauthier et al., 2012; D’Oreye et al.,
2008], subsidence from cooling, crystallisation and degassing [Biggs et al., 2016], and
hydrothermal processes [Lloyd et al., 2018; Hutchison et al., 2016]. In Chapter 3 I
investigate prolonged magma reservoir growth at a caldera in the Main Ethiopian Rift,
a process that has been observed elsewhere [Le Mével et al., 2015; Dzurisin et al., 2009],
but is a first within the EARS.
1.5.2. Earthquake geodesy
InSAR has been utilised throughout the worlds highly straining regions to investigate
faulting and the earthquake cycle [Ingleby and Wright, 2017; Elliott et al., 2016; Walters
et al., 2011; Reid, 1910]. The tool has been used to respond to seismic events, by mapping
surface ruptures and slip distributions [e.g., Hamling et al., 2017; Funning et al., 2005],
as well as to build a picture of the crustal stress fields [e.g., Walters et al., 2011; Fialko,
2006].
Rifting is partially achieved through faulting, and InSAR has provided valuable insights
into amagmatic rifting within the EARS (Figure 1.4). InSAR is an ideal tool
for investigating earthquakes as it can accurately determine the earthquake location
[Funning and Garcia, 2017; Weston et al., 2011], and, together with seismology, is an
ideal dataset to determine the fault properties (e.g., length, strike, dip).
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1.5.3. Modelling of geodetic data
InSAR provides a means to observe volcanic and tectonic signals, but it is only through
models that we are able to relate observations to processes and gain understanding of
causative mechanisms. Modelling involves two important considerations: the first is
whether a model is suitable, and the second is how one determines the parameters of the
model.
Modelling approaches can broadly be categorised as analytical or numerical. Analytical
models are usually simple mathematical approximations [e.g., Yang et al., 1988; McTigue,
1987; Okada, 1985; Mogi, 1958], and have been highly successful at reproducing
observations [e.g., Segall, 2005; Biggs et al., 2010b, 2009a; Funning et al., 2005]. The
difficulty in these models is how they should be interpreted in relation to reality, and
their inability to fully explain complex systems. Numerical models, on the other hand,
are able to introduce complexity when details on the subsurface are known [e.g., Hickey
et al., 2013], but with this there is an increase in non-uniqueness.
Commonly used analytical models include the Okada rectangular dislocation [Okada,
1985], and Mogi point source models [Mogi, 1958] (Figure 1.6). Embedded in a
homogeneous, isotropic, elastic half-space they are used as mathematical descriptions of
a sill, dyke, or fault, and magma chamber respectively. A Mogi model represents volume
or pressure changes in the subsurface, and Figure 1.6a shows the model geometry, and
relation between a source at (0,0,−d) and observations at (x,y,0). As a point source,
Mogi models are only valid where the source radius (a) is much smaller than its depth
(d). Okada models approximate sills, dykes, and faults as planes since their lengths and
widths are orders of magnitude greater than their thicknesses. Figure 1.6b shows the key
parameters of an Okada model. The displacement field of an Okada model is a function
of tensile (op) and shear (down dip and along strike, ds and ss respectively) dislocations.
The parameters that describe a model can be found through either forward, or inverse
modelling [Tarantola, 2005]. Forward modelling involves generating the response of
pre-determined model parameters to compare to observations. Alternatively, inverse
modelling uses the data to solve for the parameters of a model. Throughout this
thesis I utilise an inverse approach to solve for the model parameters of the Okada and
Mogi models, given their superiority over forward models in exploring the parameter
space, providing estimates of model uncertainty, and considering model non-uniqueness
[González et al., 2015; Hooper et al., 2013; Mosegaard and Tarantola, 1995].
Inverse problems can be linear or non-linear, and discrete or continuous. Linear discrete
inverse problems are those that can be described through a linear system of equations
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(Equation 1.2), where d is a matrix of observations, m is a matrix of unknown model
parameters, and G is the design matrix that maps the data to the model.
d = Gm (1.2)
Linear discrete inverse problems, in the absence of measurement error, where G is square
and invertible, can be solved easily by rearranging for the unknown model parameters
m (Equation 1.3), to give a unique solution.
m = (GT G)−1GT d (1.3)
Non-linear inverse problems are those where G is a function of m such that it cannot be
formulated to linearly map m to d. Continuous inverse problems describe the situation
where m is a function of another variable. Many inverse problems, however, are non-
unique, and there will be multiple sets of model parameters that describe the data equally
well. Non-uniqueness arises from insufficient sampling of the model space, an infinite
number of model parameters, or measurement errors. Non-unique inverse problems can
be solved through an optimisation approach.
When interpreting the results of non-unique or poorly constrained inverse problems,
it is useful to have confidence intervals for the values of the model parameters. This can
be achieved through a Bayesian approach. Bayes’ theorem relates what is known before
the inversion, a priori probabilities of the model parameters, and the fit of the model to
the data (the model likelihood), to a posterior probability for a set of model parameters.
The goal of an inverse problem formulated in this way is to find the model parameters
that maximise the likelihood function.
For a Bayesian inverse problem the initial set of model parameters and associated a
priori probabilities are pre-defined. These are then used to generate a likelihood for that
model. The product of the a priori probabilities and model likelihood is proportional to
the parameters posterior probability, which becomes the new prior probability density
function. The subsequent prior probability distributions can be iteratively sampled to
draw the next estimate of the model parameters through the use of an appropriate
approach, such as a Markov chain Monte Carlo algorithm, which takes a random
walk though the model space. For each iteratively drawn set of model parameters an
acceptance/rejection criteria is set based on the model likelihood such that the inversion
will begin to converge on the most likely solution. The final posterior probability
density function gives the full joint posterior probabilities for all model parameters.
The marginal posterior probability density function for each parameter then provides
confidence bounds, taking into account likely variations in the other model parameters.
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For a more detailed description of inverse problems the reader is referred to Backus and
Gilbert [1970] and Tarantola [2005].
1.6. Thesis structure
This thesis investigates magmatic and amagmatic rifting, primarily using observations
of surface deformation measured using InSAR. Where possible, I combine InSAR
observations with other datasets to better constrain or confirm signals. We focus on three
locations: the Corbetti caldera (Ethiopia), southern Mozambique, and central Botswana.
In Ethiopia magma has a significant role in rifting, whereas, in contrast, rifting in
Mozambique is accommodated exclusively via faulting. The earthquake in Botswana
represents faulting in an extensional stress regime, but in an apparent intra-plate
setting. Comparing and contrasting observations from these locations, therefore, allows
me to draw comparisons between incipient and mature continental rifting, particularly
focussing on the role of crustal heterogeneities.
In Chapter 2 I investigate the role of crustal heterogeneities on shallow crustal processes
at the Corbetti caldera. I use geomorphological observations (caldera geometry and vent
locations), the distribution of seismicity, shear-wave splitting measurements, and surface
deformation (2007 – 2009) to show that a large pre-rift cross-rift fault structure has
influenced crustal magma transport and storage, and shallow hydrothermal circulation.
This chapter has previously been published in Earth and Planetary Science Letters.
Chapter 3 builds on this work at Corbetti, providing the first observations of a
prolonged magma reservoir growth episode in the East African Rift. We document
inflation at the caldera, that began mid-2009 and is ongoing at the time of writing,
at a vertical rate of 7 cm/yr. Through a joint inversion of InSAR and GPS data
we test different analytical model source geometries, and find a point source with a
volume change of 1.0 x 107 m3/yr at ∼6.6 km depth provides the most statistically
justified fit. This source is spatially co-incident with a conductive anomaly, derived from
magnetotelluric observations, and lies along the cross-caldera structure we discuss in
Chapter 2. We ascertain the source is likely magmatic, and comment on the reservoir
architecture, magma flux, and eruption potential of Corbetti. This chapter is published
in Journal of Geophysical Research: Solid Earth, and has contributed towards a further
submission that is currently under review with Nature Geoscience.
Chapter 4 investigates the role of pre-existing structures in an incipient rift
environment. I analyse the surface deformation caused by the 2016 Mw 5.6 Mozambique
earthquake, in comparison to a reanalysis of the nearby 2006 Mw 7.0 high angle normal
faulting Machaze earthquake. I invert for uniform and distributed slip models of the






























Figure 1.6: a) Geometry and physical parameters of the Mogi model beneath
a free surface [Mogi, 1958]. Where d is the source depth, a is the source
radius, and R the radial distance between the source and surface observations
at (x,y,0). A pressure (∆P) or volume change (∆V ) of the source results in
surface displacements (u,v,w). b) Okada rectangular dislocation model, with
a given length, width, dip, and strike (θ), at a depth d [Okada, 1985]. Op, ss,
and ds correspond to tensile, strike slip, and dip slip components respectively.
Modified from Segall [2005].
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2016 earthquake is an aftershock of the 2006 event, indicating that in low strain regions
elevated seismic hazard continues after the main shock for potentially decades. This
chapter is currently under review for publication in Geophysical Journal International.
Chapter 5 is a study of the co-seismic displacements of the Mw 6.5 April 2017
Moiyabana earthquake (Botswana). This earthquake occurred hundreds of kilometres
from the nearest clear expression of extension at the surface, and thus represents a
rare opportunity to investigate the local stress regime, and intra-plate earthquakes. The
earthquake occurred >20 km deep, providing a normal faulting example of the ambiguity
in determining the focal plane from surface observations. Using ascending and descending
interferograms, a Bayesian inversion methodology, and typical fault scaling relationships
I determine the earthquake likely occurred on a north-east dipping pre-existing structure,
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Abstract
In continental rifts structural heterogeneities, such as pre-existing faults and foliations,
are thought to influence shallow crustal processes, particularly the formation of rift
faults, magma reservoirs, and surface volcanism. We focus on the Corbetti caldera, in
the southern central Main Ethiopian Rift. We measure the surface deformation between
22nd June 2007 and 25th March 2009 using ALOS and ENVISAT SAR interferograms and
observe a semi-circular pattern of deformation bounded by a sharp linear feature cross-
cutting the caldera, coincident with the caldera long axis. The signal reverses in sign but
is not seasonal: from June to December 2007 the region south of this structure moves
upwards 3 cm relative to the north, while from December 2007 until November 2008 it
subsides by 2 cm. Comparison of data taken from two different satellite look directions
show that the displacement is primarily vertical. We discuss potential mechanisms and
conclude that this deformation is associated with pressure changes within a shallow (<1
km) fault-bounded hydrothermal reservoir prior to the onset of a phase of caldera-wide
uplift.
Analysis of the distribution of post-caldera vents and cones inside the caldera
shows their locations are statistically consistent with this fault structure, indicating
that the fault has also controlled the migration of magma from a reservoir to
the surface over tens of thousands of years. Spatial patterns of seismicity are
consistent with a cross rift structure that extends outside the caldera and to a
depth of ∼30 km, and patterns of seismic anisotropy suggests stress partitioning
occurs across the structure. We discuss the possible nature of this structure, and
conclude that it is most likely associated with the Goba-Bonga lineament, which
cross-cuts and pre-dates the current rift. Our observations show that pre-rift
structures play an important role in magma transport and shallow hydrothermal
processes, and therefore they should not be neglected when discussing these processes.
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2.1. Introduction
The pathway taken by rising magma is influenced by local and regional stresses [e.g.,
Maccaferri et al., 2014] and lithological and/or rheological boundaries [e.g., Taisne and
Tait, 2011]. In old continental crust in particular, heterogeneities and structures, such
as faults and lithological contrasts, are widespread, and they can strongly influence the
location and geometry of magma reservoirs [e.g., Le Corvec et al., 2013]. The roles
of these competing factors have been demonstrated at many volcanoes. For example,
calderas in the Kenyan Rift align with inherited structures [Robertson et al., 2016], while
at Fernandina volcano in the Galápagos, the eruption patterns are controlled by active
stress fields [Bagnardi et al., 2013]. In other cases, however, the relative importance of
stress versus heterogeneities remains poorly understood [e.g., Saxby et al., 2016; Marti
and Gudmundsson, 2000].
Here we investigate the structural controls on magmatism and hydrothermal processes
at one of the Main Ethiopian Rift calderas, Corbetti. Insights come from geodetic (e.g.,
Interferometric Synthetic Aperture Radar) data, from which we identify a well defined
region of deformation within the caldera, which appears to be structurally bounded
by a cross-cutting structure. We perform an analysis of the caldera geometry and
the distribution of post-caldera volcanism, which indicate a coincidence between this
structure, the caldera long axis, and the alignment of volcanic vents. Our observations are
further supported by magnetotelluric interpretations of a large structure that cross-cuts
the caldera and seismic data which identifies the structure to the east, where it extends
down to ∼30 km through the crust. Seismic anisotropy measurements also indicate a
concentration of stress along the structure cross-cutting the caldera, and show that stress
perturbations are largest where the greatest surface deformation is observed. We discuss
the potential sources which may have caused the deformation (magma, hydrothermal
fluids, or meteoric water), and possible interpretations for this structure, including a
pre-rift fault system, the edge of older solidified intrusions, or the rim of a Pleistocene
caldera.
2.2. Background
2.2.1. The East African Rift
The East African Rift system (EARS) is a ∼4,000 km long continental rift which defines
the boundary between the Somalian and Nubian tectonic plates. Rifting occurs through
a combination of magmatic and tectonic processes, and inherited structures and fabrics
influence where and how this extension is accommodated [e.g., McConnell, 1972].
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Figure 2.1: a) The Main Ethiopian Rift, with East Africa as inset. Red
ellipses: rift calderas, scaled according to size and orientation of caldera rim
fault after Wadge et al. [2016]. Red triangles: non-caldera volcanoes. Black
lines: intra-rift faults [Agostini et al., 2011]. Spreading direction from Stamps
et al. [2008]. Yellow star: Addis Ababa. b) Corbetti caldera and surrounding
region, showing the Wonji faults (red), Wendo Genet Scarp, Werensa Ridge
and hypothesised Hawassa caldera (purple line). The seismicity associated
with the Wendo Genet Scarp is also shown (71 events with lateral uncertainty
<10 km, recorded between January 2012 and January 2014) [Wilks, 2016].
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The Main Ethiopian Rift (MER) is the northernmost part of the EARS, and is an
example of mature continental rifting [Chorowicz, 2005]. There are several Quaternary
major silicic volcanic system in the MER, some of which have been observed deforming in
recent decades: Corbetti, Bora, Haledebi, and Aluto [Hutchison et al., 2016; Biggs et al.,
2009b]. The most recent MER eruptions were at Tullu Moje (syn. Bora) in 1900, at Kone
(syn. Gariboldi) in ∼1820, and in ∼1810 at Fantale (Wadge et al. [2016] and references
therein). It has been suggested that the large silicic centres lie at the termini of magmatic
segments [Keranen et al., 2004; Ebinger and Casey, 2001], where reduced extensional
stresses facilitate longer residence times, favouring the development of silicic bodies
through fractional crystallisation [Hutchison et al., 2015b; Peccerillo, 2003]. However,
several centres lie along pre-rift rift oblique faults, for example the elliptical calderas
Kone, Gedemsa, and Fentale [Acocella et al., 2002]. An alternative mechanism for the
formation of silicic centres is that reactivation of transtensional faults create regions of
localised extension, focussing rising magma, and promoting magma reservoir formation
[Holohan et al., 2005; Acocella et al., 2002]. Near the Aluto caldera rhombic faulting of
the border faults is associated with a pre-existing rift-oblique lithospheric weakness and
sinistral oblique crustal shear [Corti, 2009; Boccaletti et al., 1998].
2.2.2. Corbetti caldera
The Corbetti caldera, in the southern MER, is the southernmost silicic centre along the
MER (Figure 2.1); further south the rift transitions to diffuse faulting and magmatism
[Philippon et al., 2014; Corti, 2009]. The caldera formed at 182 ± 18 ka, and is one of
the largest in the EARS, measuring ∼10 by 15 km [Hutchison et al., 2015b]. The caldera
scarp height is greatest to the west (∼200 m), and diminishes in height to the east, where
it is unidentifiable. Corbetti is surrounded by agricultural land and is located within 15
km of two major population centres: Hawassa and Shashemene (∼400,000 people within
25 km2).
There are two major centres of resurgent volcanism within the caldera: Urji (syn. Wendo
Koshe) and Chabi, which have both erupted aphyric pantellerites. Urji, the western peak,
has fall and flow pumice deposits, illustrative of high explosivity. Chabi, by contrast, is
composed of obsidian flows, indicative of more effusive eruptions [Rapprich et al., 2016].
Numerous thick fall deposits and obsidian flows indicate several eruptions have occurred
at Corbetti since caldera formation. Tephra from the most recent Plinian eruption at
Urji has been dated at 396 ± 38 BC [Rapprich et al., 2016], and at least four obsidian
flows post-date this.
Magnetotelluric (MT) measurements and transient electromagnetic method soundings
show a sharp resistivity gradient along the caldera long axis [Gı́slason et al., 2015]; the
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north being more resistive than the south. This resistivity contrast is present in the upper
2 km, and >8 km below sea level. The shallow component of the feature is interpreted
to reflect the vertical migration of hydrothermal fluids from depth, which then become
entrained in the northward local groundwater gradient. The deeper feature is attributed
to a magma body [Gı́slason et al., 2015].
2.3. Surface deformation
2.3.1. Interferogram processing
Interferometric Synthetic Aperture Radar (InSAR) is a space-based remote sensing
technique, used to measure deformation of the Earth’s surface [Massonnet and Feigl,
1998]. InSAR uses the difference in the phase component of two radar images, acquired
from approximately the same location but at different times, to produce an interferogram.
We use SAR data from two satellites, ENVISAT (Image and Wide Swath modes) and
ALOS, from between 2007 and 2009 to produce 75 interferograms (Table 2.1).
ENVISAT Wide Swath (WS) interferograms were processed using the GAMMA software
package [Werner et al., 2000]. We used 19 scenes from ascending track 386 between
October 2006 and August 2008. Interferogram selection was based on image pairs
with perpendicular baselines less than 150 m and temporal baselines less than 200
days (Figure A.1). Interferograms with insufficient coherence and those unconnected
to the network were then removed, leaving 20 interferograms (Table A.1). We removed
topographic phase contributions using a 30 m DEM [Farr and Kobrick, 2000], and filtered
the interferograms using a non-linear spectral filter [Goldstein and Werner , 1998], once
with strength 0.8, and again with strength 0.6. Unwrapping was then done using the
SNAPHU Minimum Cost Flow (MCF) algorithm with pixels with coherence less than
0.6 masked out [Chen and Zebker , 2001].
We processed data from ALOS, an L-band (23.6 cm wavelength) JAXA (Japanese
Aerospace Exploration Agency) SAR satellite, using ISCE (InSAR Scientific Computing
Environment) [Rosen et al., 2012]. We used 5 acquisitions between June 2007 and
December 2008 from ascending Fine Beam track 605 to produce 10 interferograms.
Interferogram selection was made based on perpendicular baselines less than 500 m and
temporal baselines less than 730 days (Figure A.1). Topographic phase contributions
were removed using a 30 m DEM, and interferograms were resampled to 90 m. Each
interferogram was then filtered twice (strength 0.4), before being unwrapped using the
SNAPHU MCF algorithm, with unwrapping threshold of 0.1 [Chen and Zebker , 2001].
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ENVISAT Image Mode (IM) data were processed using ISCE [Rosen et al., 2012]. We
used 10 Image Mode acquisitions from descending track 321 between October 2007 and
March 2009 to produce 45 interferograms. Interferogram selection was based on image
pairs with perpendicular baselines less than 800 m and temporal baselines less than 600
days (Figure A.1). Interferograms whose coherence does not extend across the caldera
were excluded, to leave 28 (Table A.1). Topographic phase contributions were removed
using a 30 m DEM [Farr and Kobrick, 2000], after which pixels were multilooked to
120 m to increase coherence and reduce noise. We filter the interferograms using a
non-linear spectral filter with strength 0.8 [Goldstein and Werner , 1998]. Interferograms
were then unwrapped using the SNAPHU MCF algorithm with an unwrapping threshold
of 0.1 [Chen and Zebker , 2001]. Interferograms from all sensors were de-ramped where
necessary.
We choose not to apply atmospheric corrections to our dataset as Corbetti has gentle,
low topography (∼200 m), there are very few input data for weather models for East
Africa, and the available atmospheric corrections are unable to match any turbulent
signals in the data [Doin et al., 2009].
2.3.2. Surface deformation results
The ENVISAT IM data provides the clearest measure of the extent of the signal in
the southern portion of Corbetti; it clearly shows a circular minor segment shape, with
a sharp northern boundary (Figure 2.2g–l). The ENVISAT IM interferograms start in
October 2007, and measure ∼1 cm of range increase between December 2007 and August
2008. The coherence was limited to the Chabi obsidian flows and an area west of the
caldera that is not farmed.
The ALOS interferograms from June 2007 to December 2008 confirm the observation
from the Envisat IM data, but span a longer time period, showing two distinct periods
of deformation (Figure 2.2c–f). The first, from June 2007 to December 2007, is a period
of range decrease of ∼2.5 cm in the southern portion of the caldera, with the same
spatial pattern as in the ENVISAT WS data (Figure 2.2b–f). Interferograms post-
December 2007 show range increase in the same region, totalling ∼1.5 cm by December
2008 (Figure 2.2e–l). The ALOS interferograms are the most coherent, illustrating the
value of L-band InSAR for investigating ground deformation of arable land. However,
ALOS interferograms with acquisitions on certain dates were affected by strong phase
ramps, possibly due to orbital errors or, ionospheric or atmospheric delays, but de-
ramping was able to account for this well on a local scale (Figure A.2).
The ENVISAT WS interferograms represent the earliest measures of ground deformation
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in our analysis and show that prior to July 2007 there was no significant deformation
at Corbetti (Figure 2.2a). After July 2007, a north-south range change gradient of ∼2
cm over 2 km can be seen across the caldera, consistent with other observations (Figure
2.2b). However, for the C-band WS data, coherence is limited to the Chabi obsidian
flows in most interferograms.
2.3.3. Displacement direction
Using interferograms from ascending and descending tracks, which have different LOS
vectors but measure the same signal, the vertical (Uu) and east-west (Ue) components of
deformation can be estimated. The sensitivity to deformation N-S is poor however [e.g.,
Wright et al., 2004]. We therefore formulate our equations making the assumption that
this component of range change is zero. Mathematically, the range change observed by
a satellite can be described by r = p̂.u, where p̂ is the unit vector (pe, pn, pu), pointing
from the satellite to the ground in the local east, north and up directions, and u is the
column vector of the components of displacement in the same reference frame, (ue, un,
uu)T .
This approach relies on the assumption that the ascending and descending images
measure the same signal, which in the case of time-varying signals require them to
have been acquired contemporaneously. To reflect this we selected interferograms with
acquisitions close in time; the 26/12/2007 – 10/12/2008 descending ENVISAT and
23/12/2007 – 25/12/2008 ascending ALOS interferograms.
Decomposition of ascending and descending InSAR images into vertical and east-west
components indicates the deformation in the south of the caldera between December
2007 and December 2008 is roughly vertical and ∼2 cm in magnitude (Figure 2.3). The
east-west component of this deformation shows some features of a similar magnitude,
but their spatial extent is inconsistent with the signal seen elsewhere, and so are likely
to be atmospheric artefacts. The deforming area in this ALOS interferogram includes a
region of atmospheric delay, and contains some short wavelength features north of the
caldera. Since the area that deforms in this period is the same as during June 2007 to
December 2007, we assume that the uplift is also vertical.
2.3.4. Displacement time series
An individual interferogram records the satellite-ground range change between two
acquisitions which are separated in time. To construct a time series of deformation
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ENVISAT IM: 26/12/2007 - 18/02/2009



















































Figure 2.2: a) ENVISAT Wide Swath interferograms showing no deformation
between 01/10/2006 – 25/03/2007. b) North-south deformation gradient
across the caldera 08/07/2007 – 30/12/2007. c–f) Cumulative displacement
between 22/06/2007 – 25/12/2008, derived from ALOS interferograms showing
the initial phase of uplift, and subsequent subsidence. g–l) Cumulative
displacement between 26/12/2007 – 18/02/2009, as derived from descending
ENVISAT IM interferograms. These ENVISAT interferograms capture the
subsidence and subsequent uplift. m) Profiles show the deformation along
the line X-X’ for the ALOS data. Each line is coloured by date, as labelled.
Typical mean standard error calculated from across 600 m either side of the
line X-X’ is 0.2 mm. n) Same as (m), for ENVISAT IM data. o) 2 km Profiles
of deformation across the edge of a sill for different sill depths. The solid black
line is a profile through the cumulative displacement of ENVISAT IM data
between 26/12/2007 – 27/08/2008, reproduced from (n).
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Figure 2.3: a) Time series of deformation from ENVISAT Image Mode,
ENVISAT Wide Swath Mode and ALOS data. A map of Corbetti is
included as an inset to show the regions between which this relative motion
is calculated (southern relative to northern rectangle). b–c) ALOS and
ENVISAT interferograms, between December 2007 and December 2008,
used to determine the east-west (positive east) and vertical (positive up)
components of deformation. d–e) east-west and vertical components of
deformation. The dashed line shows the extent of the signal, identified in
Figure 2.2h. f) Profile along X-X’ through east-west and vertical deformation.
Dashed line corresponds to location between triangle markers on X-X’,
indicating the deformation gradient.
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we used the SBAS (short baseline subset) method of Berardino et al. [2002]. The
displacement during incremental time steps is found from the vector of line-of-sight
(LOS) displacements for each given pixel through a design matrix constructed to take
into account the timespan of each interferogram. The cumulative displacement between
any two dates can then be found by summing the relevant incremental displacements.
This linear discrete inverse problem is under-constrained, and following Berardino et al.
[2002] we use singular value decomposition, normalised using the L2 norm constraint.
We applied a bootstrapping test and found our signal is not dependant on any particular
satellite image, and therefore robust [e.g., Ebmeier et al., 2013].
Each interferogram provides relative phase changes, and for our time series analysis we
considered the relative displacement between a northern (fixed) and southern portion of
the caldera, averaged over ∼125 km2 and 38 km2 respectively. The uncertainty in our
time series analysis is based on the mean variance in each dataset within 10 km2 away
from the caldera, where possible (∼0.79 – 0.84 cm). This is comparable to theoretical
estimates of the variance of atmospheric noise over short length scales (∼10 km) from
Emardson et al. [2003], which is 0.8 cm for any individual acquisition.
Figure 2.3 shows the result of time series analysis from all three InSAR datasets.
Following our component analysis, we projected the LOS displacement into the vertical
to better compare datasets with different LOS vectors. Individual WS interferograms
indicate the absence of signal at Corbetti between October 2006 and July 2007 (Figure
2.2a). The cumulative range change derived from the ALOS data (Figures 2.2 and 2.3)
shows 2.5 ± 0.3 cm of range decrease of the southern portion of the caldera at this time,
consistent with individual WS interferograms (Figure 2.2a–l). The time series analysis
shows that in December 2007 the range change reverses in sign. ENVISAT IM and ALOS
data (Figure 2.2c–l) show 1.0 ± 0.3 cm and 1.4 ± 0.3 cm of range increase over ∼8 and
12 months respectively.
The spatial extent of the deformation can be seen in Figure 2.2b–l. Profiles though
the region indicate that the northern edge of the signal is sharp; occurring over ∼2 km,
and is co-incident with the caldera long axis (Figure 2.2m–n). Figure 2.2g–l shows that
the signal is contained within the caldera to the west, but extends outside to the east.
For some time-steps (e.g., ENVISAT IM displacement 27/08/2008 – 05/11/2008) the
signal appears to extend into the northern portion of the caldera, but we attribute this
to atmospheric artefacts based on pair-wise analysis.
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2.3.5. Source modelling
To estimate the depth of a source that could cause a signal with such a sharp northern
boundary, we forward model the deformation using a horizontal Okada rectangular
dislocation model [Okada, 1985]. The gradient of the deformation is a first-order
indication of source depth, as shallow sources produce sharp edges, while deformation
from deeper sources is smoothed by the elastic crust. We do not attempt to eliminate the
possibility of an additional deeper source, but use the rectangular dislocation to produce
a step-function at depth and hence estimate the maximum depth to the shallowest part
of the deformation source. We plot profiles of deformation caused by a sill at depths of
5, 2, 1, 0.75, 0.5 and 0.25 km, normalised based on peak deformation. The modelled sill
has a length (100 km), much greater than the kilometre length scale we are interested
in, to ensure the shape of the deformation we observe is a result of a single sill edge only.
We find that for peak-to-peak deformation to be contained within 2 km, a rectangular
dislocation must be less than 0.75 km below the surface (Figure 2.2o). For a 1 km
depth, 90% of the deformation is contained within 2 km. A source with a tapered slip
distribution would need to be shallower to produce the same deformation gradient. In
this experiment we do not consider the interaction between the source and the fault, but
we may expect source-fault interaction to amplify the deformation gradient, resulting in
an underestimation of the source depth [e.g., Folch and Gottsmann, 2006].
2.3.6. Deformation mechanisms
Surface deformation occurs as a result of changes in volume or pressure in the subsurface.
There are three possible sources that may have caused the deformation at Corbetti:
magma, hydrothermal fluids, or meteoric water.
The sharpness of the northern boundary of the deformation implies that the source is
shallow (∼1 km) (see Section 2.3.5) [Finnegan et al., 2008]. The presence of magma
at such shallow depths would result in surface manifestations, such as changes in
fumarolic behaviour, possible phreatic or phreatomagmatic eruptions from interaction
with meteoric water, changes in groundwater chemistry, or felt seismicity, which have
not been reported [e.g., Jay et al., 2013; Wicks, 2002].
Perturbations in pore fluid pressure associated with hydrothermal circulation can also
result in surface deformation [e.g., Chaussard and Amelung, 2014; Finnegan et al., 2008],
thus it is important to consider coupled hydrothermal and magmatic systems when
interpreting deformation at volcanoes with well developed hydrothermal systems. Pore
fluid pressure changes can be driven by increased heat or fluid entering the system, or
changes to fracture networks in response to subsurface stress changes [e.g., Rowland
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and Sibson, 2004; Bonafede, 1991]. The response to these pressure changes can be either
elastic, caused by seasonal rainfall variability, or inelastic, such as non-recoverable aquifer
compaction [e.g., Lanari et al., 2004].
The MER and adjacent highlands have highly variable rainfall, which could cause
seasonal deformation of shallow aquifers [Birhanu and Bendick, 2015]. However, the
ENVISAT Wide Swath data shows no deformation between October 2006 and March
2007, indicating that the signal is not part of ongoing seasonal variations, and so is
unlikely to be hydrological in nature as this time period covers the April-May rainy
season.
We therefore propose that the deformation is related to perturbations in the
hydrothermal system, caused by an increased flux of water or heat in response to deeper
magmatic processes. An increased flux would result in a pressure and/or temperature
increase in the hydrothermal reservoir, causing a volume increase and therefore uplift
(Figure 2.4a) [e.g., Miller et al., 2017]. The overpressure then diffused away, possibly by
the breaching of a barrier that previously confined the water, such as flow through newly
formed cracks, causing subsidence (Figure 2.4b) [Ali et al., 2015]. This process has been
observed at Campi Flegrei in the 1980s, and there are similarities between the temporal
evolution of the deformation there and our observations at Corbetti [e.g., Battaglia et al.,
2006; Bonafede, 1991]. Surface deformation caused by coupled magmatic-hydrothermal
systems has also been observed elsewhere in the East African Rift: at Aluto, MER
[Hutchison et al., 2016], and Longonot, in the Kenyan Rift [Biggs et al., 2016].
The deformation is contained within the Corbetti caldera to the west and south, but
extends outside the caldera to the east. At calderas which collapse via piecemeal or piston
style mechanisms, sharp offsets occur around the caldera rim, and the caldera floor can
become highly fractured [Holohan et al., 2005; Walter and Troll, 2001; Lipman, 1997].
The variation in caldera scarp height at Corbetti suggests possible asymmetric collapse,
and the continuity of the deformation outside the caldera could indicate an absence of
a bounding caldera ring fault to the east. These observations are consistent with the
collapse of Corbetti caldera via a trapdoor mechanism, where most of the collapse is in
the west and the eastern rim acts as the hinge [Acocella, 2007; Girard and Vries, 2005].
Alternatively, if slip occurred on the entire circumferential caldera fault during collapse,
any structures that crossed this fault would be offset.
2.4. Seismicity
The seismicity in the Corbetti region has been studied using an array of broadband
seismometers. These seismometers were operational for 2 years (2012 – 2014) at 7
stations, with a maximum of 5 stations working at any given time (Figure 2.1b), described
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Figure 2.4: Schematic along a north-south profile showing processes involved
in reservoir deformation at Corbetti. a) June 2007 – December 2007:
pressurisation of a deep source causes heat and or fluids to migrate upwards,
into the shallow hydrothermal reservoir. This causes overpressure in the
reservoir, which is bounded in the north by an impermeable fault, resulting in
uplift at the surface. b) In December 2007 subsidence of the reservoir indicates
a decrease in overpressure. Diffusion or transfer of fluids through newly formed
cracks may facilitate this depressurisation.
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in more detail in Wilks [2016]. P- and S-wave first-breaks were manually picked, where
coherent at three or more stations, and attributed weightings based on their quality.
The software package NONLINLOC [Lomax et al., 2000] was used to locate earthquakes,
using P- and S-wave arrival times and a one dimensional velocity model from Daly et al.
[2008]. Where possible, additional constraints on seismicity in the region came from
stations deployed at the nearby Aluto volcano [Wilks et al., 2017a].
2.4.1. Earthquake locations
Over the 2-year deployment period 780 earthquakes were located, 224 of which were
within 15 km of Corbetti caldera centre. In contrast, the Aluto volcano, which lies
roughly 75 km north of Corbetti, experienced over 2000 similar sized earthquakes in the
same time period [Wilks et al., 2017a]. At Corbetti, most of these events were located
between Urji and Chabi down to a depth of 9 km. These earthquakes are associated
with volcanic deformation that occurs after our InSAR observations, and so do not give
any further information on the subsurface structure.
However, during the period January 2012 to January 2014, 71 earthquakes were recorded
associated with the ∼E-W trending Wendo Genet Scarp and Werensa Ridge, ∼650 and
∼350 m high respectively and located ∼10 km to the east of Corbetti (Figure 2.1). The
presence of slickensides on these features suggests there has been strike slip motion on
these faults, although no offsets have been reported [Rapprich, 2013; Korme et al., 2004;
Mohr , 1968]. Left-lateral strike slip displacement here is consistent with models of MER
kinematics, derived from structural data, focal mechanisms and GPS velocities [e.g.,
Muluneh et al., 2014].
Most of the seismicity occurred between 7 and 15 km, with the shallow subsurface
comparatively aseismic (9 events <7 km). Between 15 and 20 km no events occur, but
between 20 and 32 km, there are 25 earthquakes (with maximum lateral uncertainty <10
km). These deepest events depict a linear structure that dips towards the southwest and
are unlikely to be associated with transient volcanic processes at Corbetti given their
distance from the caldera. The depth and distribution of the seismicity, on a linear
plane down to 30 km, indicates that this structure extends down throughout the crust.
The occurrence of seismicity here, along-strike of the deformation we identify within
the caldera, suggests that the structure which cross-cuts Corbetti continues outside the
caldera, and intersects the border faults.
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2.4.2. Seismic anisotropy
We use shear-wave splitting analysis to evaluate seismic anisotropy in the upper crust
in the Corbetti region. The vertical alignment of sub-seismic length-scale cracks
and fractures in the crust leads to variations in seismic velocities with direction
and polarisation. The propagation of two independent shear waves with orthogonal
polarisations is perhaps the most unambiguous indicator of seismic anisotropy. The
alignment of fracture reveals the orientation and the anisotropy of the stress field
[e.g., Verdon et al., 2008]. Fractures will align in the direction of maximum horizontal
compressive stress, which is revealed by the polarisation of the fast shear-wave (φ). The
delay time (δ t) between the fast and slow shear-waves is proportional to the fracture
density or difference in maximum and minimum horizontal stress. It is also sensitive to
the compliance of the fractures, which is related to properties such as permeability and
fluid content. For the purposes of this work, we neglect the influence of any intrinsic
horizontal crystal alignment in the rocks of the shallow crust or any fine scale horizontal
layering, as vertically propagating shear waves will be less sensitive to such anisotropy
(see Verdon et al. [2009] for more discussion of this).
Shear-wave splitting analysis is performed on ∼1200 source-receiver paths to the Corbetti
seismic stations. For details of the methodology, the reader is referred to Wuestefeld et al.
[2010]. Twenty-eight measurements produce acceptable splitting results. We neglect
measurements with errors >20◦ in φ and 0.02 s in δ t, and any source-receiver paths
inclined >45◦. The range of δ t is up to 0.31 s, which corresponds to a shear wave
anisotropy of up to 9.2%. Shear wave splitting is accrued along the waves’ travel path,
so in subsequent figures we plot it at the event–station midpoint.
Figure 2.5a shows polar histograms of orientations of the fast shear waves at each station,
as well as the overall trend of φ . It is apparent that most measurements show a fast
shear-wave polarisation that is parallel to the Werensa Ridge, and is consistent with
the orientations expected for the principle stresses on an east-west striking strike slip
fault. The orientation of the fast shear-wave polarisation is not the same as current
plate motion or extension direction implied by the Wonji Fault Belt. However, there is
a secondary cluster of rift parallel orientations, which occur in paths outside the caldera
to CO3E and CO7E, the stations which also lie furthest from the centre. The magnitude
of the splitting is highest in the southern half of the caldera. These observations suggest
that the most intense fracturing is in the deforming region, as might be expected, and
that the regional stress field is most strongly perturbed within the caldera. Outside the
edifice the regional stress field appears to dominate.
Observations of splitting from deep events (down to ∼35 km) below the Wendo Genet
Scarp and Werensa Ridge further support the hypothesis that the cross-rift structure
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plays a role in modifying the stress field. Figure 2.5b shows the dichotomy in φ between
splitting in ray-paths travelling north of this zone to station C03E, and those within in
it (to C02E). Splitting is cross-rift-parallel for the southern paths and rift-parallel for
the northern ones, which also show more anisotropy, though both are relatively weak
compared to paths within the caldera.
2.5. Caldera geometry and locations of post-caldera
volcanism
We hypothesise the subsurface structure that limits the extent of the deformation also
influenced the magma plumbing system at Corbetti, specifically the formation of the
pre-caldera magma reservoir and the location of post-caldera volcanism. We test this
hypothesis by considering the geometry of the surface features [e.g., Le Corvec et al.,
2013; Acocella et al., 2002]. Pre-existing structures can influence the geometry of magma
reservoirs, causing them to be elongate in the orientation of the structure [Robertson
et al., 2016; Holohan et al., 2005]. The shape of a caldera at the surface is thought to
reflect the shape of the pre-caldera magma reservoir and we therefore test whether the
caldera rim is elliptical in shape, and whether the long axis of this ellipse is consistent
with the deformation boundary. Secondly, since faults can act as a pathway for magma
migration, we considered whether there is a preferential alignment of post-caldera vents
[Muirhead et al., 2015; Mazzarini et al., 2013].
2.5.1. Caldera rim geometry
We digitised 80 points that describe the location of the exposed caldera rim, identified
using high resolution optical imagery (Google Earth, 2016) and published maps, using
QGIS [Gı́slason et al., 2015; Rapprich, 2013]. We then inverted for the long and short
axis lengths, caldera orientation, and centre point from these points using the method
of Szpak et al. [2014]. This method uses an approximate maximum likelihood approach
which combines the accuracy of orthogonal methods and the speed of algebraic methods
to find the solution to the equation of a conic that is non-degenerate.
The method seeks to minimise the Sampson distance, an algebraic approximation of
the orthogonal distance between points and a candidate ellipse [Szpak et al., 2014]. The
use of the algebraic Sampson distance allows the mathematical equation of the conic
to be expressed in terms of geometric parameters of an ellipse (orientation, length of
long and short axes and centre point location), and give a quantitative measure of the
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Figure 2.5: a) Shear wave splitting observations made at seismic stations
within the Corbetti caldera from local earthquakes located by Wilks et al.
[2017a]. Polar histograms (dark blue) are shown at each station which recorded
at least three observations. The inset (light blue) histogram shows fast
orientations for the whole data set. Blue, black, red and purple lines are
the same as Figure 2.6, which show the orientation perpendicular to border
faults, of the caldera long axis, plate motion, and deformation boundary,
respectively. Circles show earthquake locations giving shear wave splitting
observations, with colour indicating the strength of shear wave anisotropy.
Lines connect events (black dots) with stations (white triangles). Note that
anisotropy is largest for paths closest to the centre of the caldera, and that
the dominant trend is sub-parallel to the trend of the Wendo Genet Scarp and
Werensa Ridge. b) Variation of shear wave splitting with path from events
near the Wendo Genet Scarp and Werensa Ridge. Coloured bars show the
orientation of the fast shear wave measured at stations C02E (cyan) and C03E
(blue), respectively, with the length of the bar proportional to the shear wave
anisotropy, with a minimum bar length of 2% anisotropy. Coloured circles also
show anisotropy as per the scale shown (note the scale is different between
subplots). Circles and bars are plotted at the event–station midpoint. Black
dots show earthquake locations and lines connect events and stations. Paths
which spend longer to the north of the scarp show a rift-parallel φ trend, whilst
those to the south have φ closer to the scarp strike.
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uncertainties in the form of a covariance matrix. This method makes the assumption
that the noise associated with the location of each point on the caldera is independent
and Gaussian.
The ellipse that best describes the surface expression of the Corbetti caldera rim is
centred at 38.381° E 7.192° N, and has a 13.8 ± 0.4 km long axis orientated 097 ± 3°,
and a 11.3 ± 0.2 km short axis (Figure 2.6). The ratio of long axis to short axis length
defines the caldera ellipticity, which at Corbetti is 0.82 ± 0.03: we therefore consider the
caldera to be elliptical. The caldera long axis is co-incident with the boundary of the
deformation region (Figure 2.6). Since the shape of the caldera rim is taken to reflect
the geometry of the pre-collapse magma storage region, it implies that the structure
influenced magma migration prior to the caldera collapse at 182 ± 18 ka.
2.5.2. Post-caldera volcanism
Crustal structures can also act as pathways for migrating magma, influencing the location
of small vents [e.g., Le Corvec et al., 2013; Korme et al., 2004, 1997]. To test whether the
structure influenced magma migration since the caldera collapse at Corbetti, we quantify
the locations of post-caldera volcanism in relation to the caldera geometry. We digitised
the location of the 16 post-caldera vents greater than 10 m in diameter, identified using
high resolution optical imagery (Google Earth, 2016) and published maps [Rapprich
et al., 2016; Gı́slason et al., 2015; Rapprich, 2013], using QGIS (Figure 2.6).
Our hypothesis is that post-caldera volcanism is influenced by a subsurface structure,
taken to be coincident with the caldera long axis. This predicts that vent locations will
be closer to the caldera long axis than a random distribution of vents within the caldera
and can be statistically tested by comparing the mean distance between the mapped
vents and the caldera long axis, and the same measurement for a synthetic, random
dataset of vent locations. We only used vents within the caldera, which we defined
as the area inside the caldera rim, where exposed, and within the best fitting ellipse
that describes the caldera where there is no clear rim. To find the probability that the
vent locations inside Corbetti are closer to the caldera long axis than if generated at
random, we simulated 10,000 other 16 vent locations and found the mean distance for
each simulation. The proportion of simulated mean distances less than the observed
mean distance gives the probability that randomly formed vents would be located closer
to the caldera long axis than the observed vents.
Figure 2.6 shows the distribution of random mean vent-long axis distances for 10,000
simulations. The proportion of simulations with mean distances less than the measured
mean distance, 1390 m, defines the probability that the actual distribution of vents are
45
Chapter 2. Evidence for cross rift structural controls on deformation
and seismicity at a continental rift caldera
located at random. For a structure aligned with the caldera long axis, this proportion
is 3.0%, which demonstrates statistical significance. Furthermore the major centres of
resurgent volcanism, Urji and Chabi, both lie along the ellipse long axis.
However, clustering of vents in the centre of the caldera would also produce a small
mean vent-structure distance, but the vents will lie equally close to a line of any
orientation through the caldera. As such, we find the probability that the observed
vents are distributed closer to ‘structures’ orientated N-S, NE-SW, and NW-SE. These
probabilities are 0.46, 0.24, and 0.25 respectively, much higher than for the hypothesised
E-W structure (0.03). However, even in a homogeneous medium, vent locations are
unlikely to be random because established magma pathways are often reused and
surface topography exerts stresses that may influence magma migration [e.g., Roman
and Jaupart, 2014; Xu and Jónsson, 2014; Pinel and Jaupart, 2003].
Nonetheless, we conclude the post-caldera volcanism is located closer to a subsurface
planar structure than randomly distributed vents would be. This suggests that such a
structure influenced magma migration over the timescales of post-caldera vent formation,
which is on the order of tens of thousands of years [Hutchison et al., 2015b; Rapprich,
2013].
2.6. Nature of subsurface structure
In this section we discuss the candidates for the subsurface structure, of which several
are plausible in rift settings: for instance the stock of an earlier volcano, the rim of a
preceding caldera, or a pre-caldera fault. The candidate must be able to explain the
orientation and ellipticity of the caldera, the distribution of post-caldera vents, and the
horizontal and vertical extents inferred from seismic and InSAR observations.
Beneath the caldera complexes in the MER solidified magmatic intrusions have been
identified with gravity and seismic surveys [Cornwell et al., 2006; Maguire et al., 2006].
An intrusion beneath the northern half of the Corbetti caldera, with its edge along
the caldera long axis, would enhance deformation in the southern portion of the caldera
relative to the north, as observed. This is because crystallised silicic material has different
material properties (e.g., rigidity and permeability) to partially molten intrusions [e.g.
Hickey et al., 2013]. Material properties that are spatially variable in this way would
also explain the shear wave splitting measurements that suggest differences in fracture
density between the north and the south. While we cannot discount this explanation, it
is unable to explain the caldera orientation or the location of post-caldera vents, which
occur in both the northern and southern parts of the caldera.
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An alternative explanation is that the cross-cutting structure is related to the ring fault
of the Hawassa Pleistocene collapse caldera [Rapprich, 2013; Woldegabriel et al., 1990].
There is a change in strike from east-west within the caldera, to north-west – south-east
at the Werensa Ridge and Wendo Genet Scarp, which would be consistent with a caldera
ring fault. However, caldera faults typically extend to depths of less than 10 km [see
Cole et al., 2005; Holohan et al., 2005; Saunders, 2001], and magnetotelluric data within
the caldera shows the structure extends to at least 10 km [Gı́slason et al., 2015] (Figure
2.6), while outside the caldera, seismicity on the Wendo Genet Scarp and Werensa Ridge
indicate the structure extends to 30 km depth [Wilks, 2016] (Figure 2.1).
Our preferred candidate for the structure that cross-cuts Corbetti is a pre-existing fault.
Pre-rift faults cross-cut the Precambrian basement throughout Ethiopia, and many have
been reactivated by the current phase of rifting [Corti, 2009; Chorowicz, 2005; Korme
et al., 2004]. For example, the pre-Jurassic Ambo Fault Zone (AFZ) and the Yerer-
Gugu lineament controlled the Pleistocene development of the transfer zone between the
northern and central MER around 8° N [Bonini et al., 2005] (Figure 2.1). The AFZ
can be identified perpendicular to the rift as an off-rift low velocity structure [Bastow
et al., 2005]. Another pre-rift structure, the Goba-Bonga lineament, is thought to have
impeded the northwards propagation of the Kenyan Rift at ∼11 Ma and stalled MER
rifting during the Miocene [Bonini et al., 2005]. Oligio-miocene (20 – 30 Ma) volcanism
is aligned along the AFZ and the Goba-Bonga lineament on the western rift flank [Corti
et al., 2018; Corti, 2009; Korme et al., 2004], suggesting such structures remain important
magma pathways for tens of millions of years.
Corbetti caldera lies on the cross-rift projection of the Goba-Bonga lineament. The
Werensa Ridge and Wendo Genet Scarp are thought to be the surface expression of the
Goba-Bonga lineament, where it obliquely intersects the rift border fault [Žáček et al.,
2014]. The structures do have a different strike to the structure identified within the
Corbetti caldera, but a curvature of the shallow resistive anomaly (Figure 2.6) can be
seen connecting the two: from east-west inside the caldera to north-west – south-east
to the east. Furthermore, it is not uncommon for fault systems to change strike along
their lengths [e.g., Sengör et al., 2005]. At the Werensa Ridge and Wendo Genet Scarp
there is seismicity (71 earthquakes, magnitudes between 0.65 and 4.10, January 2012 –
January 2014) down to ∼30 km (Figure 2.1) [Wilks, 2016]. The Moho here is ∼38 km
deep [Keranen and Klemperer , 2008] and so the depth extent of the seismicity is evidence
that this fault cross-cuts almost the entire crust and has the potential to influence magma
storage and transportation on a crustal scale. The occurrence of earthquakes at lower
crustal depths is not atypical in the MER, seismicity has been observed ∼35 km deep at
similar crustal-scale pre-rift structures such as the Yerer-Tullu Wellel (Figure 2.1) [Keir
et al., 2009].
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This interpretation of the structure provides an explanation for all of the observations,
including the pre-caldera elliptical magma body, post-caldera magmatism, deformation,
resistivity and seismicity. This major crustal structure acts to guide the vertical transport
of hydrothermal fluids into the shallow subsurface, and as a barrier to horizontal fluid
flow, defining the lateral extent of the hydrothermal reservoir. The presence and
location of the structure is also consistent with the hypothesis that some MER silicic
centres formed where transtensional faults cross-cut the rift, creating regions of localised
extension or weaker material that promotes magma reservoir formation [Acocella et al.,
2002].
2.7. Conclusions and comparisons
We show that pre-rift structures influence magmatic and hydrothermal processes over a
range of timescales at the Corbetti caldera, Ethiopia. A rift-oblique structure influenced
(1) surface deformation associated with a fault bounded reservoir, which shows the
influence of faults on hydrothermal circulation over annual timescales; (2) the location of
post-caldera volcanism, which highlights the influence on shallow magma transportation
pathways over tens of thousands of years; and (3) the caldera geometry, indicative of a
control on crustal magma storage over hundreds of thousands of years.
This work raises questions regarding the influence of pre-rift oblique structures in
continental rifting, both in terms of their influence on magmatic processes but also their
role in strain accommodation. A comparison can be drawn to the Taupo Rift System,
New Zealand, where pre-existing oblique structures align with volcanic domes [e.g.,
the Tarawera Dome Complex, Cole et al., 2010] and control hydrothermal circulation
[Rowland and Sibson, 2004]. In contrast, where rifting occurs in Icelandic, there is no
basement continental crust, and to date there appears to be little evidence of oblique
structures influencing volcanism.
This study demonstrates the importance of combining different techniques and datasets
that give observations of multiple processes over multiple timescales to understand
magmatic-hydrothermal systems. Our observations have implications in understanding
the relative importance of heterogeneities that affect the development of magmatic
systems, especially in active tectonic regimes such as continental rifts. It provides insight
into how these same processes influence hydrothermal reservoir formation, and also how
they respond to external influences.
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InSAR: 23/12/2007 - 25/12/2008




Resistivity at 12.5 km depth













Location of Pre-existing Structure 
Border Faults = 115°
Caldera Long Axis = 097±003°
Deformation Boundary = 098°





























1 10 100 1000
Figure 2.6: Geophysical and structural data indicating there is a pre-existing
fault trending ∼097° through Corbetti. a) The straight black line shows the
caldera long axis, black cross the caldera centre and black line the exposed
caldera rim. Red circles identify vents or craters decametre in scale or larger,
as identified by satellite optical imagery. Black triangles demarcate the apexes
of Urji (west) and Chabi (east). The purple dashed line shows the location of
the pre-existing fault as observed using InSAR (c). b) The histogram shows the
mean vent-structure distances for 10,000 simulations of 16 vent locations inside
the caldera for E-W (red), N-S (blue), NW-SE (green) and NE-SW (yellow)
orientated structures. Dashed vertical lines indicate the mean vent-structure
distance for each orientation of the corresponding colour. c) InSAR data from
23/12/2007 – 25/12/2008 showing the deforming region. d–e) Magnetotelluric
data after Gislason et al. [2012]. Inset shows the orientations of the caldera
long axis, deformation boundary, current plate motion direction [Stamps et al.,
2008], and the perpendicular direction to the border faults.
49
Chapter 2. Evidence for cross rift structural controls on deformation
and seismicity at a continental rift caldera
50
Chapter 3
Sustained uplift at a continental
rift caldera
Lloyd, R., J. Biggs, Y. Birhanu, M. Wilks, J. Gottsmann, J.-M. Kendall, A. Ayele, E.
Lewi, H. Eysteinsson (2018), Sustained Uplift at a Continental Rift Caldera, Journal
of Geophysical Research: Solid Earth, 123, 1-18.
Author contributions and declaration:
J. Biggs provided supervision throughout. J. Biggs, Y. Birhanu, M. Wilks, J. Gottsmann, and
J.-M. Kendall assisted with fieldwork, facilitated in part by A. Ayele and E. Lewi. Y. Birhanu
processed the GPS data, and helped write the GPS processing methods. M. Wilks processed the
seismic data, supervised by J.-M. Kendall, and helped write the seismic processing methods. J.
Gottsmann provided useful discussions throughout. H. Eysteinsson acquired and processed the
magnetotelluric data.
ENVISAT and Sentinel-1 data are available from the European Space Agency (ESA). ALOS data
were provided through an ESA third party mission. Cosmo-SkyMed data were made available
through an Italian Space Agency (ASI) open call. The loan of GPS equipment was provided by
the NERC Geophysical Equipment Facility.
51
Chapter 3. Sustained uplift at a continental rift caldera
52
Chapter 3. Sustained uplift at a continental rift caldera
Abstract
Caldera systems are often restless and experience pulses of uplift and subsidence, with a
weak, but significant link to eruption. Characterising the spatial and temporal patterns
of deformation episodes provides insight into the processes responsible for unrest and the
architecture of magmatic and hydrothermal systems. Here we combine Interferometric
Synthetic Aperture Radar images with data from the Global Positioning System and a
network of seismometers at a continental rift caldera Corbetti, Ethiopia. We document
inflation that started mid-2009 and is ongoing as of 2017, with associated seismicity.
We investigate the temporal evolution of the deformation source using a Hastings-
Metropolis algorithm to estimate posterior probability density functions for source model
parameters, and use the Akaike Information Criterion to inform model selection. Testing
rectangular dislocation and point sources, we find a point source at a depth of 6.6 km
(95% confidence: 6.3 – 6.8 km) provides the statistically justified fit. The location
of this source is coincident with a conductive anomaly derived from magnetotelluric
measurements. We use a joint inversion of two geodetic datasets to produce a time
series which shows a volume input of 1.0 x 107 m3/yr. This is the first observation
of a prolonged period of magma reservoir growth in the Main Ethiopian Rift and has
implications for hazard assessment and monitoring. Corbetti is <20 km from two major
population centres, and has estimated return periods of ∼500 and ∼900 years for lava
flows and Plinian eruptions respectively. Our results highlight the need for long-term
geodetic monitoring, and the application of statistically robust methods to characterise
deformation sources.
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3.1. Introduction
3.1.1. Crustal magma and continental rifts
Magma reservoirs in the Earth’s crust are currently thought to be interconnected crystal-
melt mush regions [Cashman and Sparks, 2013], and understanding the architecture
and evolution of magmatic systems is a fundamental goal in volcanology. Observations
or inferences of the depth, size or temporal evolution of a magma reservoir can put
constraints on, for example, how large magma reservoirs form, the temporal and spatial
characteristics of magma recharge [Gudmundsson, 1990], and the size, style and duration
of potential eruptions [Becerril et al., 2013; Bower and Woods, 1998].
In continental rift systems four major styles of volcanism are observed: large silicic
centres along the rift axis [Abebe et al., 2007], spatially distributed fields of basaltic
monogenetic volcanism [Mazzarini et al., 2004], fissure eruptions [Pagli et al., 2012], and
off-rift volcanism [Maccaferri et al., 2014]. Each of these styles are a product of different
magma reservoir architectures and storage conditions. In continental rifts, faulting and
magma throughout the crust is necessary to reduce the crustal tensile strength enough
to facilitate rifting [Buck, 2006], and transport via dyking has a distinctively different
influence on the rifting process than storage of silicic magma at calderas. Rifting initially
begins as a zone of diffuse faulting, which transitions into being driven through repeated
magmatic intrusions in a narrow region along the rift axis [Ebinger et al., 2017; Beutel
et al., 2010]. These repeated intrusions are thought to build up along the rift-axis to form
crustal magma reservoirs, which then fractionate, forming the centres observed beneath
the axial silicic volcanoes [Gudmundsson, 2011]. Seismic evidence for aligned melt in
the crust suggests that the orientation of the melt is an important factor in facilitating
rifting [Kendall et al., 2006; Keir et al., 2005].
InSAR (Interferometric Synthetic Aperture Radar) and GPS (Global Positioning
System) are complementary techniques that are ideally suited for observing surface
deformation associated with magmatic processes. InSAR observations have a high spatial
resolution (typically 30 m), and GPS data can have high temporal resolution (typically
up to days). However, there are limitations: GPS stations only provide a measure of
the surface deformation at their location, and are vulnerable to damage. InSAR, on the
other hand, can lose coherence if the ground scattering properties change too much, and
the temporal resolution is dependent on satellite data acquisition dates, which can be
variable. In addition, geophysical signals can last longer than the observation period
of some sensors or deployments, and so data from multiple sensors may need to be
combined. The differing spatial and temporal resolutions of GPS and InSAR can also
lead to complications in combining observations for modelling. Since the purpose of
making these observations is to comment on the subsurface, we combine our data to
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look at the temporal evolution of the signal through the use of a source model [Biggs
et al., 2010b].
In this paper we focus on the surface deformation of a Main Ethiopian Rift (MER) silicic
caldera, Corbetti, to investigate the magmatic storage conditions and temporal evolution,
e.g., pulsed versus continuous supply. We perform inversions of surface deformation,
observed with InSAR and GPS, for analytical source model parameters using a Bayesian
approach [e.g., Bagnardi and Hooper , 2018; González et al., 2015]. This approach allows
us to report our optimal model parameters with posterior probability density functions,
and specifically comment on poorly constrained parameters, and parameters trade-offs.
To quantitatively compare our models we use the Akaike Information Criterion, which
allows us to consider their complexity and likelihood. To investigate the temporal
evolution of the source we combine our data through the use of a source model to jointly
invert for the cumulative volume change.
3.2. Background
3.2.1. The East African Rift
The East African Rift System (EARS) is a major continental rift separating the Nubian
and Somalian tectonic plates (Figure 3.1). It extends from Ethiopia and Eritrea in
the north, southwards to Mozambique. Along the EARS spreading rates vary from ∼6.6
mm/yr in the Main Ethiopian Rift (MER), to less than 3 mm/yr in Mozambique [Stamps
et al., 2008]. The presence or absence of magma within the rift is key to the distribution
of hazards and strain. Since 1890 there have been 11 eruptions, from 7 volcanoes, in
Ethiopia alone [Wadge et al., 2016].
The causes of deformation within the EARS spans a range of processes: eruptions
[Pagli et al., 2012], magmatic intrusions [Biggs et al., 2016, 2009b], hydrothermal activity
[Hutchison et al., 2016], earthquakes [Biggs et al., 2010a], slow-slip faulting events [Calais
et al., 2008], and subsidence from cooling, crystallisation and degassing [Biggs et al.,
2016]. It is notable that periods of prolonged magma reservoir growth have not yet been
described in this setting, but are common elsewhere [e.g., Le Mével et al., 2015; Dzurisin
et al., 2009].
Corbetti caldera, in the southern MER, formed in a >10 km3 volume eruption at 182 ±
28 ka [Hutchison et al., 2015a]. Within the caldera are two major centres of resurgent
volcanism, Urji (syn. Wendo Koshe) and Chabi, and several smaller vents and cones
(Figure 3.1). The post-caldera volcanism is exclusively characterised by the eruption
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of peralkaline rhyolites in both pyroclastic sequences and aphyric obsidian flows dated
between ∼20 ka and ∼0.5 ka [Fontijn et al., 2018; Martin - Jones et al., 2017; Rapprich
et al., 2016; Hutchison et al., 2015a]. Martin - Jones et al. [2017] identify and analyse
∼12 ash layers deposited in a lake over the last 10 kyr ∼30 km away from Corbetti to
derive a return period of explosive eruptions of 900 ± 220 years [Connor et al., 2003].
Based on the four most recent lava flows, Rapprich et al. [2016] propose an effusive
eruption return period of 500 – 550 years.
Corbetti has been observed recently deforming: 1994 – 1996 there was >1.4 cm of uplift,
and 1997 – 2000 <14 cm of subsidence, as measured by InSAR [Biggs et al., 2011]. This
subsidence was modelled as a point source at a depth of 5.8 – 7.8 km. No deformation
was observed between 2003 and mid-2007. Between June 2007 and November 2008 a
localised region of uplift followed by subsidence was observed in the south of the caldera,
the source of which is interpreted to be a shallow hydrothermal or ground water system
[Lloyd et al., 2018]. A large rift oblique fault structure also crosses through the caldera
[Lloyd et al., 2018]. This structure is thought to have influenced initial magma reservoir
formation, and hydrothermal fluid and magma migration within the caldera.
Magnetotelluric (MT) observations, which are sensitive to the ground resistivity [e.g.,
Samrock et al., 2015; Didana et al., 2014; Whaler and Hautot, 2006], have been used
to image the subsurface beneath Corbetti [Gı́slason et al., 2015]. Gı́slason et al. [2015]
find a conductive anomaly <2 km thick layer in the upper 2 km, beneath the northern
half of the caldera, which is interpreted to be a layer of hydrothermally altered clays.
Beneath Urji and the centre of the caldera there is another conductive anomaly. The 10
Ωm contour up-domes to a depth of 3 km below sea level (b.s.l). Down to 7 km b.s.l
this anomaly is ∼2 km wide (north-south), below which it broadens by ∼2 km to the
north. This deeper anomaly is interpreted by Gı́slason et al. [2015] as a region of partial
melt. Fumerole geochemistry analysis in 2011 identified high geothermal temperatures
(>300°C), suggesting a heat source at depth [Gı́slason et al., 2015].
More than 500,000 people live in and around the Corbetti region, primarily in the major
population centres of Hawassa and Shashemene, but also on the surrounding agricultural
land. The caldera is a potential geothermal resource [Gı́slason et al., 2015], and within 10
km of a national airport. Lake Hawassa, which supports a fishing economy, is also within
10 km. The RiftVolc and ARGOS projects have carried out temporary deployments of
seismic and geodetic equipment at Corbetti, but there is no permanent or real-time
monitoring network [Birhanu et al., 2018; Wilks et al., 2017a].
56
Chapter 3. Sustained uplift at a continental rift caldera























































Figure 3.1: a) The Main Ethiopian Rift, with northern East Africa inset
(NU: Nubian plate, SO: Somalian plate). The main volcanic centres are
shown by red triangles, faults by black lines [Agostini et al., 2011]. b) The
Corbetti caldera. GPS stations used in this study are shown by inverted
black triangles. The stations HAWA, CURG, C01G, and C03G were set up in
March 2013. C01G and C03G became inoperable following vandalism (C01G:
15/04/2015, C03G: 05/09/2014). Station CNHG was installed in October
2015 as a replacement (Figure B.1). Seismic stations locations are shown by
blue triangles. C01E, C02E, and C03E were deployed in January 2012, C05E
and C06E in January 2013. C03E was relocated to C04E in May 2014. In
October 2013 C07E was deployed. The black cross shows the centre of the
caldera [Lloyd et al., 2018].
3.3. Surface deformation
3.3.1. Interferogram processing
InSAR uses the phase component of two Synthetic Aperture Radar images of the Earth’s
surface to determine the change in path length that has occurred in the satellite’s
line-of-sight (LOS). We produced ∼420 interferograms, using SAR data from four
different satellites or satellite constellations, over Corbetti caldera from between October
2007 and January 2017 (Table B.1). ALOS, ENVISAT, and Cosmo-SkyMed (CSK)
interferograms were processed using the ISCE software package [Rosen et al., 2012].
Sentinel-1 interferograms were processed using the GAMMA software [Werner et al.,
2000], within the LiCSAR facility [González et al., 2016]. The topographic contribution
in all interferograms were removed using the 30 m SRTM DEM [Farr and Kobrick, 2000].
Table B.2 shows the parameters selected for each sensor made during processing. To
maximise coherence in CSK data, interferograms were resampled to 60 m pixels before the
removal of topographic phase contributions. Interferograms were then filtered (strength
0.6), resampled (120 m pixels) and then filtered again (strength 0.6) before unwrapping
[Chen and Zebker , 2001; Goldstein and Werner , 1998]. Atmospheric artefacts were
investigated using ascending and descending acquisitions covering the same time period,
and pair-wise logic using networks of interferograms [e.g., Ebmeier et al., 2013; Pritchard
and Simons, 2004]. We tested using weather models [e.g., Yu et al., 2017a,b] to correct
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atmospheric delays, but as the climate is generally dry and the relief low, they showed
little correspondence with the interferograms. A linear ramp was removed from each
interferogram to correct for long wavelength atmospheric or orbital delays [Biggs et al.,
2007]. The temporal coverage of all interferograms can be seen in Figure B.1.
This InSAR dataset contains interferograms produced using radar data with a range of
wavelengths: 3.1 cm (X-band), 5.6 cm (C-band) and 23.1 cm (L-band) (CSK, Sentinel-1
and ENVISAT, and ALOS respectively). The MER is densely vegetated, with primarily
agricultural land in the Corbetti region. As is commonly seen in InSAR data, we found
this repeated resurfacing of the ground surface resulted in a loss of coherence, especially
so for our X-band and long temporal baseline C-band interferograms. All coherent
interferograms with temporal baselines greater than ∼1 month and after March 2009
showed concentric fringes of a decrease in range change, consistent with uplift. Due to a
loss of coherence in agricultural areas, the extent of the deformation is unconstrained in
several C- and X-band interferograms. For coherent interferograms longer than ∼1 year,
however, low rates of deformation can be seen to extend <4 km outside the caldera.
3.3.2. Global Positioning System processing and methods
Five continuous GPS stations were operational during the observation period, four on
the volcano (CURG, C01G, C03G, and CNHG) and one in Hawassa (HAWA) (see Figure
3.1b for locations and Figure B.1 for temporal coverage). Station positions, delays and
ambiguities were solved for using the GAMIT/GLOBK software package [Herring et al.,
2010]. International Global Navigation Satellite System reference sites were used to
constrain the solution in the International Terrestrial Reference Frame 2014 [Altamimi
et al., 2016]. The station location and time series for the volcano GPS sites are calculated
relative to HAWA. Daily GPS solutions were resampled to weekly solutions for analysis
and modelling.
The GPS station C01G is the closest to the centre of the caldera. The maximum vertical
deformation at C01G was 6.5 ± 1.3 cm between 22/03/2013 and 15/04/2015, whereas
there was only 0.6 ± 0.6 cm of northwards, and 2.3 ± 0.7 cm eastwards motion during
the same period (Figure 3.2). CURG is the longest running GPS station: 31/03/2013 –
31/12/2016. This station was moving 2.9 ± 0.3 cm/yr SWW (azimuth of 206 ± 005°)
and up at 3.9 ± 0.7 cm/yr (Figure 3.2). C03G, east of the caldera, was moving 1.9 ± 0.6
cm/yr E (108 ± 014°), and up at 1.8 ± 1.7 cm/yr (22/03/2013 – 05/09/2014). CNHG,
located at the southern caldera rim, was moving 1.5 ± 0.3 cm/yr SE (156 ± 023°) and
up at 2.2 ± 2.1 cm/yr (07/10/2015 – 31/12/2016).
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3.4. Time series analysis
We produce time series of the LOS range change using ALOS and Sentinel-1 data
independently, using the SBAS (short baseline subset approach) methodology [Berardino
et al., 2002]. The uncertainty in the InSAR time series is determined by the mean
standard deviation of the range change for each dataset, calculated for the region
outside of 10 km from the centre of the caldera. Seasonal hydrological contributions
to deformation in this area have been shown to be more than an order of magnitude
smaller (<2 mm) than the uplift at Corbetti [Birhanu et al., 2018], demonstrating no
seasonal corrections need to be applied to the GPS time series.
Time series analysis using ENVISAT and ALOS interferograms indicates that there
is no edifice centric deformation at Corbetti between October 2007 and March 2009
(Figure 3.3a and d). Uplift followed by subsidence localised to the southern half of the
caldera is observed however, previously described and interpreted by Lloyd et al. [2018]
to be associated with a hydrothermal system. Between March 2009 and September
2009 deformation begins, at a peak rate of 4.0 ± 1.2 cm/yr (maximum ascending LOS)
until September 2010 (Figure 3.3a and d). Any displacement during the time period
September 2010 to March 2012 is unconstrained by our dataset (Figure B.1). After
March 2012 individual CSK interferograms show that uplift occurred at a rate of 7.5
– 14.8 cm/yr relative to HAWA, but the InSAR coherence is too poor to produce
a displacement time series between HAWA and CURG. Individual interferograms are
included on Figure 3.3. The consistent location and spatial extent of the signal before
and after our data gap suggests that the displacement is continuous. The GPS data at
CURG shows a variation in vertical rate from 2.2 ± 3.6 cm/yr between March 2013 and
November 2013, to 4.3 ± 0.9 cm/yr from November 2013 to December 2016 (Figure 3.2).
Between August 2015 and December 2016 the ascending and descending Sentinel-1 time
series’ show continuous linear uplift at 5.5 ± 1.0 cm/yr and 5.0 ± 0.7 cm/yr, respectively
(maximum LOS).
We compare the InSAR time series to the 3-component monthly GPS time series
projected into the satellite LOS. The location of CURG does not correspond to the
maximum deformation, but was selected as it is the longest running GPS station, and to
facilitate a comparison between the GPS and InSAR data. The ascending and descending
Sentinel-1 data agree within error with the GPS displacement measurements projected
into LOS at CURG between August 2015 and October 2016 (Figure 3.2). A comparison
between the InSAR and GPS values for CURG and C01G can be found in Table B.3.
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Figure 3.2: East (E), North (N), up (U), ascending (asc LOS), and
descending (desc LOS) displacements for C01G (left) and CURG (right). A
time series of ascending (green) and descending (red) Sentinel-1 displacements
for the location of CURG is presented with the CURG GPS data projected
into the respective LOS.
3.5. Inverse modelling
3.5.1. Bayesian inversion for analytical source models
Pre-eruptive surface deformation in volcanic settings can be caused by a volume or
pressure change in the subsurface. In volcanic settings, the source of this change could be
magmatic, hydrothermal, or a combination. We choose to explore two analytical source
models embedded in a homogeneous elastic half space to describe the deformation: a
point source [Mogi, 1958] (hereafter named ‘Mogi source’), and a rectangular dislocation
[Okada, 1985] (hereafter named ‘Okada source’). We discount a possible dyke intrusion
as the deformation at Corbetti is radially symmetric, rather than the three lobed pattern
characteristic of dyking observed using InSAR [e.g., Keir et al., 2011].
For all our models we selected a Poisson’s ratio of 0.25, and a shear modulus of 16.5 GPa,
which are typical values for similar caldera systems [e.g., Coco et al., 2016; Masterlark,
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2008 - 2010 2014 - 2015 2015 - 2016
Figure 3.3: Left: Maximum LOS displacement (locations shown by an
X on the right hand panels) from ALOS ascending (a), Cosmo-SkyMed
ascending (b), Sentinel-1 ascending (c), ENVISAT descending (d), Cosmo-
SkyMed descending (e), and Sentinel-1 descending time series analysis, or
interferograms (connecting lines on b and e). The time series are relative
to GPS station HAWA, or the open circle if HAWA is incoherent (d). The
grey regions correspond to the time periods used in the source inversion in
Section 3.5.1. Right: Cumulative displacement during the observation period
of each satellite (top to bottom: ALOS: 23/12/2007 – 30/09/2010, ENVISAT:
17/10/2007 – 28/07/2010, Sentinel-1 ascending: 29/09/2015 – 17/10/2016,
Sentinel-1 descending: 19/08/2015 – 24/10/2016), shown relative to the same
locations as the time series.
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2007]. Corbetti has low relief; the elevation of the caldera rim and resurgent volcanism is
<400 m higher than the rift valley floor. As such, we consider the effects of topography
in our modelling, or associated atmospheric artefacts to be negligible [Parker et al., 2015;
Masterlark, 2007].
The time series analysis indicates a negative range change, consistent with uplift, from
between March and September 2009 until the end of our observations in January 2017,
where constrained by InSAR data (Figure 3.3). To investigate any changes through time,
such as variations in the driving behaviour (e.g., injection rate [Hickey et al., 2016; Parks
et al., 2015]) or source location [Biggs et al., 2016; Bignami et al., 2014], we model the
rate of range change from the InSAR and GPS data for three ∼1 year-long time periods:
the onset of the signal (November 2008 – June 2010), after ∼5 years (January 2014 –
January 2015), and after ∼6 years (October 2015 – October 2016) (Table B.4). We
also perform a combined inversion, using all of the data together. For the years where
GPS stations did not run continuously, we use the available data within that year to
calculate the rate of deformation, which we assume is constant for that time period. The
three periods were selected because: 1) ∼1 year of observations provides a high signal
to noise ratio, 2) over ∼1 year C-band interferograms do not de-correlate significantly,
and 3) during these time periods there are observations of the signal from ascending and
descending satellite viewing geometries.
We search for the best model of the deformation using a Bayesian inverse modelling
approach, incorporating Monte Carlo algorithms [Mosegaard and Tarantola, 1995;
Hastings, 1970], that estimates the posterior probability density function for the best
fitting parameters of each analytical source model, using the open source software GBIS
(Geodetic Bayesian Inversion Software) [Bagnardi and Hooper , 2018; González et al.,
2015; Hooper et al., 2013]. We assume that all measurement errors are Gaussian. For
each interferogram we calculate the 1-D exponential covariance function, and subsample
using the quadtree method, based on the data variance away from the signal [Jonsson
et al., 2002]. Iterative sensitivity tests are conducted throughout the Bayesian inversion
to ensure fast convergence, and that all parameters contribute equally to changes in
likelihood. We also solve for a constant offset in each interferogram.
To qualitatively compare Bayesian models one would use the Bayes Factor [Brunetti
et al., 2017; Jeffreys, 1935]. However, the model marginal likelihood, which is the
likelihood function integrated over the model parameters, is challenging to calculate
analytically [Kass and Raftery, 2008], and the results of approximation methods are
generally unstable (see Raftery et al. [2007]). As such, we use the Akaike Information
Criterion (AIC) [Akaike, 1974]. AIC considers the trade-off between goodness of
fit (represented by the model likelihood) and model complexity, and is described by
Equation 3.1, where k is the number of model parameters, and l is the maximum value
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of the likelihood function. AIC’s applicability in comparing non-nested models also
supports its suitability over other methods (e.g., the F-test).
AIC = 2k−2ln(l). (3.1)
Two AIC values can be compared to determine a model’s relative likelihood, L. The
relative likelihood is how likely one model is, compared to a reference model with a
smaller AIC value, to minimise the information loss [Burnham and Anderson, 2003].
The relative likelihood is calculated using Equation 3.2, where AICmin is the minimum
AIC value, and AICi is the model for comparison.
ln(L) = (AICmin−AICi)/2 (3.2)
The model inputs are detailed in Table B.4, initial conditions and range in Table B.5,
model results are summarised in Table B.6, and root-mean-square (rms) and AIC values
in Table B.7. The location (0,0) in our models is the centre of the caldera: 38.381° E
7.192° N [Lloyd et al., 2018] (see Figure 3.1b).
In our inversion we allowed the parameters to explore the full parameter space, for
example for a strike between 0 – 360°. The table of results are presented in this way
(Table B.6), but in the interest of visual comparisons we re-frame some of the model
parameters, i.e., a 10 x 10 km Okada model with strike 90° would plot in the same place
as a 10 x 10 km Okada model with a strike of 180° in Figure 3.4c.
Model results
For the Mogi model the joint posterior probability density functions for the 2008 – 2010,
2015 – 2016, and combined (which uses all of the data) inversions, overlap near 0 km
north and 2.0 km east of the centre of the caldera (Figure 3.4a), between Urji and Chabi
(Figure 3.4f). Their marginal probability density functions for the depth also overlap
between ∼6.4 km and 6.6 km (Figure 3.4b). This qualitatively suggests that the source
is similar during these time periods. In contrast, the 2014 – 2015 source sits away from
the other models in both the X – Y and depth – volume change parameter spaces (Figure
3.4a and b). The optimal rates of volume change are 0.5 x 107 to 1.2 x 107 m3/yr for
2008 – 2010 and 2015 – 2016 respectively, and 0.9 x 107 m3/yr (combined) (Figures 3.4b
and B.2). The 2014 – 2015 Mogi model inversion produces a clearly different solution: a
source that sits 0.9 km further to the north (0.6 – 1.1 km, 95% confidence), deeper (7.2
– 8.2 km, 95% confidence) and with a significantly greater rate of volume change (2.4 x
107 m3/yr, 95% confidence: 2.1 – 2.8 x 107 m3/yr).
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However, although a Mogi source is able to model each time period relatively well and
the inferred locations are consistent within error, a joint inversion using a single Mogi
source for all the time periods combined fits the data less well. A source at 6.6 km with
a rate of volume change of 0.9 x 107 m3/yr over-predicts the uplift between 2008 – 2010,
but under-predicts the uplift between 2014 – 2015 and 2015 – 2016 (Figure 3.5). The
2008 – 2010 and 2015 – 2016 time periods are more similar, and a single Mogi source
fits the combined data from these time periods well (Figure 3.5). This location is able
to explain the 2014 – 2015 signal in most of the caldera, but there are residuals in the
north (Figure 3.5).
The inversion for an Okada model yields similar ranges of estimated model parameters
(Figures 3.4c–e and B.3). Figure 3.4c shows the X and Y locations for the centre of
the Okada model. Depth against opening per year shows a trade-off that is the same
shape for the 2008 – 2010, 2015 – 2016, and combined models, suggesting the source is
between 6 and 8 km deep, with an opening between 0.07 and 0.19 m/yr (Figure 3.4d).
The 2014 – 2015 trade-off has the same trend, but greater opening per year. Figure 3.4e
shows the optimal Okada models are ∼7 x 11 km in size, (aspect ratios of 1.47 (2008
– 2010), 1.57 (2014 – 2015), 1.1 (2015 – 2016) and 1.53 (combined)) indicating a slight
elongation. The Okada models are all orientated with long axis ∼097° – 112° (Table
B.6), and coincide with the surface expressions of Urji and Chabi. We find the rate of
volume change of the combined Okada model (Figure B.3) is comparable to the volume
change of the combined Mogi model, but lower by ∼10%.
The residuals to the GPS data used in the combined inversion also reflect the pattern seen
in the InSAR. For both the Mogi and Okada models, deformation at station CO1G, 1.4
km away from the source, is under-predicted (Figure B.5). At distal stations, the vertical
component of the deformation is consistent with the observations, but the amplitude
and orientation of the horizontal components are not. This suggests that our models
do not completely capture the source geometry, which in reality may be more vertically
ellipsoidal, which would produce a higher vertical to horizontal deformation ratio.
Statistical model selection
For the 2008 – 2010, 2014 – 2015, and combined inversions the Okada source fits the data
better than the Mogi source (Table B.7). However, in all cases the AIC values indicate
that the increase in fit cannot be statistically justified given the increase in the number
of model parameters, and therefore there is a preference for the more simple Mogi model
(Table B.7). For the combined inversion, the Okada model is 0.7 times as probable to
minimise the information loss (fit the data) as well as the Mogi model.
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The offset in the joint posterior probability density functions for both the Mogi and
Okada models suggests qualitatively that the source during 2014 – 2015 is different to
during 2008 – 2010 and 2015 – 2016. To test this, we compared three Mogi model
situations using AIC: one where a single set of parameters describes all of the data (the
combined model), one where the parameters in each time step are independent, and one
where the parameters during 2014 – 2015 are independent of 2008 – 2011 and 2015 –
2016, which are the same. In the former case l in Equation 3.1 is the product of the
maximum likelihood function values of the three models, and k is the sum of the number
of parameters in each model. The AIC value for the independent parameters model is
-12.7, for the constant parameters model AIC = 2.5, and for the independent 2014 –
2015 model AIC = -5.4. These AIC values indicate that the data are best modelled
using separate model parameters through time.
We also test whether the residuals to the models can be explained by the inclusion
of a second, shallower source [e.g., Lloyd et al., 2018], but find that it cannot be justified
over the 2014 – 2015 time interval (Appendix B).
3.5.2. Volume change time series
Since the individual models suggest that the source varies throughout 2008 – 2017
(Figures 3.5 and B.4), we investigate whether the temporal evolution can be explained
by a varying volume change of a fixed source through time using the methodology
of Biggs et al. [2010b], [Hutchison et al., 2016; Parks et al., 2015]. The inversion is
based on the small baseline subset (SBAS) time series approach to produce a time
series of deformation for each data point independently, and can combine networks of
unconnected interferograms through singular value decomposition [Berardino et al., 2002]
with campaign and continuous GPS. The use of a simple analytical source model allows
us to combine datasets with different 3-component observation vectors, since the observed
surface displacement can be predicted through the scalar product of the 3-component
observation vectors and the predicted deformation caused by the source. Furthermore,
the use of a fixed source does not require data points to be present in all time periods,
allowing the incorporation of interferometric datasets with spatially variable coherence.
A full explanation of the method can be found in Biggs et al. [2010b].
We use a Mogi source as the AIC values are lower than those for the Okada model. The
exact nature of the source is unimportant, since it acts as a Green’s function to represent
the shape of the surface deformation, and the goal here is to investigate temporal changes
in the location or volume change of the source.
We invert for the location and volume change of the Mogi source at a fixed depth,
using the same material properties for the subsurface as before. We use the latitude,
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Figure 3.4: Joint probability density functions for key model parameters for
the Mogi and Okada models using the combined, 2008 – 2010, 2014 – 2015,
and 2015 – 2016 datasets, plotted together. In all subplots greyscale contours
correspond to individual time period inversions, coloured contours represent
the combined inversion. Coloured circles denote the optimal values. a) Mogi X
against Y position, b) Mogi volume change per year against depth, c) Okada X
against Y position, d) Okada opening per year against depth, e) Okada length
against width. Subplot (f) shows the location of the combined inversion Mogi
(yellow star) and Okada (red rectangle) sources with the caldera outline. The
dashed region represents the extent shown by (a) and (b).
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Figure 3.5: Mogi model data-model-residual plots (wrapped) for an
interferogram from each time period used in the combined inversion. The
caldera outline is shown on each subplot, which corresponds to that in Figure
3.1. The yellow star denotes the location of the Mogi source.
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longitude and depth from the optimal combined source inversion to act as a guide for
a grid search to find the best fitting location within a 0.1° x 0.1° region at depth slices
between 4.6 – 8.6 km (Figures 3.6b, d–f, and B.6). Each interferogram is down-sampled
by a factor of 2 within 8 km of the surface projection of the source, and a factor of 8
outside of 8 km. The error in each interferogram is based on the standard deviation
outside of this 8 km radius, and is propagated through the inversion.
We perform an inversion for the cumulative volume change between 09/11/2008 and
30/09/2010 (ALOS data, 13 interferograms), and 03/03/2012 and 28/01/2017 (CSK: 42
ascending and 38 descending interferograms, Sentinel-1: 32 ascending and 34 descending
interferograms, and the 3-component GPS from all 4 stations within the caldera). We
chose to exclude the ENVISAT data from this inversion as most interferograms were
either too incoherent, too noisy, or covered the period with no deformation. For the
2012 – 2017 period we repeat the inversion using GPS data only, InSAR data only,
and GPS and InSAR data together (Figure 3.6). In all inversions we use the weekly
3-component GPS solutions at each station.
Volume change time series results: 2012 – 2017
The total volume change using the InSAR and GPS data between 03/03/2012 and
28/01/2017 is 4.2 ± 0.5 x 107 m3 (Figure 3.6c). From 22/03/2013, when the GPS
data become available, the rate of volume change is 1.1 ± 0.1 x 107 m3/yr. Between
03/03/2012 and 14/04/2013 this rate is low: 0.9 ± 1.0 x 106 m3/yr. This result is
likely to be because any displacement during this period is only observed in the CSK
interferograms, which at this time have poor coherence and are thus unable to constrain
the full spatial extent and temporal evolution of any displacement. The low volume
change estimates before April 2013 are therefore probably related to the data availability.
This result is included for completeness, but we do not discuss it further.
According to the grid search the best fitting location of the Mogi source for 03/05/2012
– 28/01/2017 is situated ∼1.5 km NE of the centre of the caldera (Figure 3.6f). For the
GPS data alone (Figure 3.6d) there is a corridor of preferred locations which traverses
NW-SE through the caldera, between the GPS stations. The InSAR only inversion is able
to constrain that the source is not east of the caldera, as many of the interferograms used
in the inversion are only coherent in this region, over the Chabi basalts (Figure 3.6e). By
combining the datasets though, the inversion is able to constrain the source location well,
to near the centre of the caldera (Figure 3.6f), consistent with the Bayesian inversion
result. For this inversion we selected to use the model depth result from Section 3.5.1, as
the methodology and more coherent data used in that inversion have greater sensitivity
to source depth.
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Next, we perform a curve fitting analysis to investigate temporal changes in the rate
of volume change after April 2013. This volume change can be described well by a linear
function with time, with gradient of 1.12 x 107 m3/yr (95% confidence bounds: 1.09 –
1.15 x 107 m3/yr) (solid blue line, Figure 3.6c). The coefficient of determination (r2) of
this fit is 0.96, and the mean rms to the data is 1.9 x 106 m3, smaller than the mean
uncertainty (3.5 x 106 m3). The dashed line on Figure 3.6c shows the optimal rate from
the previous inversion for the 2015 – 2016 time period for comparison (Table B.6). This
rate agrees well with the linear function calculated here.
Although the volume change for a single model is, within error, constant with time
during 2013 – 2017, the model residuals (Section 3.5.1) suggest source variation during
2014 – 2015. To test this we investigate temporal variations in the model residuals using
the rms to each interferogram in the time series analysis, and find they do increase 2014 –
2015, compared to outside this time period (see Appendix B, Figure B.7a). The increase
is small however, and not discussed further.
Volume change time series results: 2008 – 2010
We apply the same method to the inversion of ALOS data and find a 14 ± 0.08 x 106
m3 volume increase from the start of the data, 09/11/2008, to 30/09/2010. However,
the data are unable to explicitly constrain the deformation onset (Figure 3.3d), so we
calculate a rate of volume change from when individual interferograms show deformation:
26/09/2009 to 30/09/2010. The best fitting rate is 1.0 x 107 m3/yr (95% confidence
intervals 0.6 – 1.4 x 107 m3/yr) (solid line, Figure 3.6a), which is consistent with
the rate of volume change derived from the non-linear source inversion for individual
interferograms. By assuming that the volume change began and continued to behave
linearly before 29/09/2009 we can extrapolate back to find the date at which the volume
change began. This date is the 19/05/2009. The 95% confidence range of this date:
13/04/2009 and 18/07/2009, is consistent with the independent constraints on the onset
of the surface deformation using ENVISAT data (after 05/03/2009).
The best fitting source location is in the north-east of the caldera, away from the main
resurgent centres of volcanism (Chabi: ∼4 km, Urji: ∼7 km) and ∼3 km NE of the
optimal location from the combined source inversion (Figure 3.6b, yellow star). The
depth with minimum rms is 6.6 km (Figure B.6a), coincident with the combined source
inversion.
All of the previous inversions agree on a source with a rate of volume change of ∼1.0 x
107 m3/yr, and a depth of ∼6.6 km. However, residuals to the inversions for a source
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Figure 3.6: a) Cumulative volume change at Corbetti 09/11/2008 –
30/09/2010. b) Minimum root-mean-square (rms) source locations from grid
search (0.015° spacings) for optimal source location. Source is fixed at 6.6
km depth. The black cross denotes the centre of the caldera [Lloyd et al.,
2018], and yellow star shows the best fitting source location from the combined
Bayesian inversion. c) Cumulative volume change at Corbetti 03/05/2012 –
28/01/2017. The black dashed line shows the volume change estimates from
the Bayesian inversion for the 2015 – 2016 time period. The blue line represents
the best linear fit to the data 13/04/2013 – 27/01/2017. d–f) Interpolated
minimum root-mean-square source locations from grid search (0.015° spacings)
for optimal source location using GPS (d), InSAR (e) and InSAR and GPS
(f), for a source fixed at 6.6 km depth. The black cross denotes the centre of
the caldera [Lloyd et al., 2018]. The yellow star shows the best fitting source
location from the combined Bayesian inversion.
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model suggest that there is a variation in the rate of volume change, depth, or both,
specifically during 2014 – 2015 (Figures 3.5, B.4, and B.7). The inversion for the time
series of volume change allows us to test whether variations in rate of volume change
are able to describe the data, by fixing the depth. The time series using a fixed depth
shows a strikingly linear increase in volume change between 2013 and 2017, and the total
volume of 4.2 ± 0.5 x 107 m3 (Figure 3.6c) is within error of the total volume change
estimated using the rate from the source model inversion (Section 3.5.1) over the same
duration of time (4.9 years): 4.4 ± 0.4 x 107 m3. This therefore suggests that either the
source depth, or depth and volume change may vary during 2014 – 2015. The location
of the model residuals indicates a preference for this deeper source to be in the north,
or, more likely, a northwards deeper continuation of the primary source.
3.6. New and existing subsurface geophysics
Volcanic-tectonic seismicity is an indicator of brittle rock failure, caused by subsurface
stress changes in a volcanic setting. Between January 2012 – January 2014 an array of
seven seismic stations were deployed at Corbetti (Figure 3.1b, Table B.8), with up to
five working at any given time. C01E, C02E, and C03E were deployed in January 2012,
C05E and C06E in January 2013. C03E was relocated to C04E in May 2014. C07E
was deployed in October 2013 [Wilks, 2016]. P- and S-wave first-breaks were picked
manually, with weightings based on their quality. These weightings (given values of 0 to
3) are related to P-wave arrival time uncertainties of 0.05, 0.1, 0.2, and 0.5 s, and S-wave
uncertainties of 0.1, 0.2, 0.3, and 0.5 s [Wilks, 2016]. We use the probabilistic, non-linear
earthquake location software NONLINLOC to locate the seismicity [Lomax et al., 2000],
using seismic arrival times and a 1-D velocity model from Daly et al. [2008], derived from
seismic tomography in the northern MER. For the larger events, additional constraints on
the seismicity at Corbetti were made, where possible, from a nearby seismic deployment
at Aluto [Wilks et al., 2017a].
The network detected 224 earthquakes within 15 km of the caldera centre, between
local magnitudes 0.22 and 2.77. Of the events with <2 km uncertainty there is a cluster
of seismicity located between Chabi and Urji (Figure 3.7a). Peaks in the number of
events at Corbetti occur primarily in the shallow subsurface (above sea level) and at
depths between 3 and 5 km (Figure 3.7b). Some seismicity also extends down to ∼9 km.
The shallow seismicity is likely within a hydrothermal system [Wilks et al., 2017a], but
earthquakes with depths 3 – 5 km are consistent with brittle fracture above a source ∼6.5
km below the surface. Figure 3.7b shows these earthquakes projected onto an MT profile
[Gı́slason et al., 2015], where it can be seen they occur around the conductive anomaly
in regions of higher resistivity. This location is also along the large fault structure that
cross-cuts the caldera [Lloyd et al., 2018] (Figure 3.7).
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Figure 3.7: a) Seismicity at Corbetti January 2012 to January 2014, coloured
by depth and sized by magnitude [Wilks, 2016]. Blue triangles are seismic
stations. The yellow star is the optimal Mogi source location from the
combined Bayesian inversion, the red rectangle is the optimal Okada model
using the same data. The blue star is the optimal Mogi location from the 2014
– 2015 Bayesian inversion. Profile A-A’ is a profile through the magnetotelluric
data, shown in subplot (b). Dashed line shows orientation of cross-rift
structure that intersects Corbetti [Lloyd et al., 2018]. b) Ground resistivity
at Corbetti along the north-south profile A-A’ on subplot (a) [Gı́slason et al.,
2015], with optimal sources the Mogi models overlain. Black dots represent
earthquakes that occurred within 5 km of the profiles, with <2 km X, Y, and
Z uncertainty. Histogram on the left of the profile shows the relative number
of earthquakes with depth.
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3.7. Discussion
We have modelled the uplift at Corbetti by mathematically approximating the source
as a point source and the subsurface as an elastic half-space. Simple analytical
approaches are important to understand systems where subsurface conditions are poorly
constrained, but the inherent assumptions usually oversimplify natural systems. In this
section we discuss what our model might physically represent, and the implications
for reservoir architecture, magma flux, and eruption potential. We also discuss the
limitations that simplified assumptions of the subsurface physical properties, such as
magma compressibility and viscoelastic behaviour, may have on our interpretations.
3.7.1. Reservoir architecture
The best-fitting source model is a point source at a depth of ∼6 – 7 km beneath
Corbetti, which has been inflating for over 8 years. The source is located between
the two major centres of resurgent volcanism (Chabi and Urji) which are considered
to be geochemically homogeneous but exhibit contrasting styles of volcanism [Rapprich
et al., 2016]. The chemical homogeneity suggests that the eruptive products from both
volcanoes have a common long-lasting (103 – 104 years) source. The Mogi source from
the combined inversion (yellow star, Figure 3.7b) is co-located with a region of elevated
conductivity. The depth and duration of the deformation, in addition to the coincident
elevated conductivities, and occurrence of seismicity, suggest that the source is magmatic
[Cardona et al., 2018; Lu et al., 2010; Heise et al., 2010].
In Figure 3.7a we also show the location of the optimal Mogi model from the 2014
– 2015 source inversion (blue star), which is located 7.6 km deep and ∼1 km north
of the combined Mogi source. This hints at a deeper source, or deeper northward
extension of the source, that is consistent with the shape of the conductive anomaly.
Our observations, and comparisons to other systems suggest the geophysical data likely
image a large interconnected storage network [e.g., Biggs et al., 2016; Greenfield and
White, 2015; Tarasewicz et al., 2012], such as a series of vertically stacked sills [e.g.,
Field et al., 2012].
The analytical model solutions assume an elastic half-space rheology for the crust such
that volume changes within the source produce an instantaneous response at the surface.
Hot or fractured rocks may behave viscoelastically, however. At long-lived volcanic
systems like Corbetti, where the crust has likely been repeatedly thermally primed
by numerous earlier intrusions [Rapprich et al., 2016], the viscoelastic response may
have a significant influence on the location, amplitude, and temporal evolution of the
observed surface deformation [e.g., Masterlark, 2007; Hickey et al., 2016]. At the Aira
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and Santorini calderas sustained uplift is thought to be driven by pulses of magma
injection accompanied by seismicity, that is separated by aseismic gaps where uplift is
sustained by the viscoelastic response [Hickey et al., 2016; Parks et al., 2015].
At Corbetti the rate of volume change is constant through time for the two studied
time intervals (Figure 3.6). For a source in a viscoelastic medium, this could be
explained in one of three ways: 1) through continuous magma injection, 2) a single
magma injection pulse followed by viscoelastic relaxation over a time period much greater
than the continuously observed time period (>5 years), or 3) pulsed magma injections,
where the time between pulses is much shorter than the relaxation time. The single
injection case requires a relaxation time of greater than 5 years, which is more than an
order of magnitude greater than Campi Flegrei, for example (∼months, [Bonafede and
Ferrari, 2009]). Campi Flegrei has been modelled previously as a source embedded in
a viscoelastic shell [Dragoni and Magnanensi, 1989]. Corbetti would therefore require a
relatively thicker shell or higher viscosity in comparison [Newman et al., 2001; Dragoni
and Magnanensi, 1989]. On the other hand, regular pulsed injections are not supported
by the observed seismicity. Therefore, we conclude that the system is likely being fed by
a continuous phase of magma injection.
3.7.2. Magma flux
In the period 2009 – 2017, the inversion of the observed surface deformation indicates
a volume addition of 0.9 – 1.1 x 107 m3/yr. Geological observations show that
post-caldera eruptive products are dominantly peralkaline rhyolites [Fontijn et al.,
2018; Rapprich et al., 2016; Di Paola, 1971] which are produced following extreme
fractional crystallisation of mafic material [Rapprich et al., 2016; Peccerillo et al., 2007].
Analysis using trace elements from Pantelleria and Aluto suggests 90 – 96% fractional
crystallisation of the parental alkali basalts is required to fractionate pantellerite melts
[Gleeson et al., 2017; Neave et al., 2012]. At Corbetti magmas of intermediate chemical
composition are absent in the post-caldera eruptive record and the pantellerites have
low crystallinity [Rapprich et al., 2016]. This implies that a high proportion of the mafic
input material is still within a subsurface reservoir, and that much of the long-term
intruded volume is not erupted.
Observations of erupted volcanic products at Corbetti suggest that ‘typical’ eruptions
have a volume of up to ∼5 x 108 m3 (dense rock equivalent) [Rapprich et al., 2016].
Taking an ∼900 year recurrence interval (over the last 10 k.y., [Martin - Jones et al.,
2017]), and assuming ∼5 x 108 m3 per eruption, gives a long-term eruption rate of ∼6 x
105 m3/yr. Fractionation of 90 – 96% implies that the peralkaline eruption rate should
be ∼4 – 10% of the basaltic magma supply rate. Assuming all of the fractionated,
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peralkaline material is erupted this would give an estimated supply rate of 0.5 – 1.4 x
107 m3/yr.
We discuss two plausible end-member scenarios to explain the inflation episode we
observe at Corbetti: 1) the input of parental alkali basalts, or 2) the transportation
of fractionated peralkaline rhyolite. In the following calculations for both scenarios we
assume that all of the fractionated material is eruptible. In the first scenario, at the
observed rate of volume addition (107 m3/yr) of parental basalt it would take 500 –
1500 years to accumulate enough material to fractionate ∼5 x 108 m3 of peralkaline
magma (from ∼1.25 x 1010 m3 of intruded basalt) (see Figure B.2 for the distribution
of peralkaline volumes and timescales given 90% and 96% fractionation, and the volume
change confidence thresholds). This time period encompasses the recurrence interval
estimated by Martin - Jones et al. [2017]. However, this implies the current rate of
volume change is continuous, which contrasts with previously observed periods of no
deformation or subsidence [Lloyd et al., 2018; Biggs et al., 2011].
Alternatively, the observed deformation may represent the transport of peralkaline
rhyolites. The reservoir is likely to be a laterally- and vertically-extensive mush zone,
with multiple melt-rich lenses. A broad zone of subsidence has been observed around
uplift caused by vertical magma migration [Henderson and Pritchard, 2017], but these
observations are rare, and coherence outside the volcanic centre at Corbetti is likely too
poor for any such signal to be detected. A volume addition of 107 m3/yr would take ∼50
years to produce 5 x 108 m3 of peralkaline magma. The flux period is much shorter than
the recurrence interval, and may suggest that eruptible magma reservoirs form through
pulsed magma fluxes, a conclusion supported by thermal models [e.g., Menand et al.,
2015]. This volume of fractionated material (107 m3/yr), assuming it is 4 – 10% of the
parental basalt supply rate, implies a large long-term basaltic supply rate of ∼108 m3/yr
(Figure B.2). This rate is larger than our estimate from erupted products, but this
discrepancy may come from eruptions missing in the geological record (Martin - Jones
et al. [2017] only consider the largest events), or a non-continuous basalt supply rate.
Based on our discussion above, the magma flux beneath Corbetti is between 107
m3/yr (assuming direct observation of parental basaltic magma input) and 108 m3/yr
(derived basaltic flux, assuming we are observing the vertical movement of the evolved
component). Estimates of the flux required for magma to remain unfrozen in the crust
vary depending on magma composition, the state of the intruded crust, and tectonic
environment, but relevant estimates are between 105 – 107 m3/yr [e.g., Karakas and
Dufek, 2015; Menand et al., 2015; Annen, 2009]. At Corbetti our estimated flux is
greater than this limit and so, if continuous, would be more than sufficient to sustain a
long-lived reservoir. The flux is also in line with estimates from other caldera systems
[e.g., Jellinek and DePaolo, 2003].
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3.7.3. Eruption potential
One purpose of observing volcano deformation is to understand the current volcanic
system, and/or the societal impact activity may have. Numerous factors influence the
hazard potential of a volcano, but quantification of where, how much, and how quickly
magma is stored is critical to understanding the magnitude of a possible eruption. This
is especially true at volcanoes with no previously observed eruptions close to large
population centres, like Corbetti.
A magmatic reservoir will fail when a critical overpressure is reached, resulting in
either eruption, or lateral magma movement over a variety of scales [e.g., Gudmundsson,
2012; Gudmundsson and Nilsen, 2006]. Reservoir failure can be triggered internally or
externally, e.g., via roof failure or sector collapse [e.g., Biggs et al., 2016; Gregg et al.,
2012; Voight et al., 2006; Lipman et al., 1981]. External triggers represent a source of
unpredictability of potential eruptions, and are not considered here. At Corbetti, there is
no evidence of an eruption in recent decades, or major form of reservoir failure, meaning
the reservoir must be large and/or compressible enough to accommodate the strain
associated with the intruding magma [Degruyter et al., 2016; Gottsmann and Odbert,
2014]. External evidence for a large (∼102 km3) magma reservoir comes from the MT
observations and the high degree of fractionation required to produce the peralkaline,
aphyric erupted products. Whether the reservoir at Corbetti will fail following this
deformation event will depend on many currently unconstrained factors, including the
magma compressibility, and the thermal maturity of the system [Karakas et al., 2017;
Schöpa and Annen, 2013].
Although there is a statistically significant link between volcano deformation and
eruption, this link is weaker in rift settings, and calderas [Biggs et al., 2014]. At
many volcanoes, periods of deformation associated with magma occur in the absence of
eruptions [e.g., Ebmeier et al., 2018; Le Mével et al., 2015; Biggs et al., 2009b; Pedersen
and Sigmundsson, 2004; Amelung et al., 2000]. These episodes are usually attributed to
magma reservoir growth or re-organisation, and could represent the processes currently
ongoing at Corbetti should no eruption occur.
3.8. Conclusions
From a combination of data from four SAR satellites/constellations and a network of
continuous GPS sites we observe 7 cm/yr of uplift at Corbetti directly above the source,
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which has been ongoing since 2009, in response to a subsurface volume change of ∼107
m3/yr. Evidence from the depth, duration, rate, and modelling of this deformation, as
well as seismic and magnetotelluric data, strongly suggest that the origin of this source
is a pulse of magma intruding into a pre-existing reservoir.
From an analysis of Bayesian posterior probably density functions as well as the temporal
and spatial analysis of model residuals, we identify that the primary magmatic reservoir
is at ∼6.6 km depth, with perhaps a deeper northward protrusion (∼7.6 km deep). This
is supported by the magnetotelluric observations, and presumably represents a large
interconnected magma network. The deformation could be precursory to a reservoir
failure and potential subsequent eruption, or represent a period of non-eruptive reservoir
growth beneath the volcano.
This work highlights the importance of a framework within which one can combine
different geodetic datasets to investigate long-term deformation signals, and a
statistically robust method to compare source models.
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Abstract
Southern Mozambique is considered the southernmost expression of the continental East
African Rift. Here, extensional rates are low and rifting is achieved through normal
faulting. Incipient rift environments provide an ideal location to investigate the role of
reactivated pre-existing structures, aftershock sequences, and fault interactions in rift
development.
In 2016 a Mw 5.6 earthquake occurred in the Zinave region of southern Mozambique, ∼10
km south-east of the Mw 7.0 2006 Machaze earthquake. We reanalyse ENVISAT InSAR
observations of the Machaze earthquake, together with new Sentinel-1 Interferometric
Synthetic Aperture Radar (InSAR) observations of the Zinave earthquake, and solve for
uniform and distributed slip models for both events. We find the Machaze earthquake
occurred on a steeply dipping (∼75°) fault, in agreement with other studies, but that the
Zinave earthquake occurred on an ∼60° dipping fault. The Machaze earthquake caused
a Coulomb stress increase of ∼0.2 MPa on the Zinave fault. The full >10 year record
of seismicity following the Machaze event can be fit by the Omori law, showing that the
Zinave earthquake is part of a decade-long aftershock sequence, consistent with long-
duration aftershock sequences in other slowly straining regions. Aftershocks represent
a major hazard that needs to be considered if a large earthquake were to occur in the
southern East African Rift system today.
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4.1. Introduction and background
The continental East African Rift System (EARS) is the surface expression of the
separation of the Nubian and Somalian tectonic plates. It can be followed southward
from Ethiopia to Malawi, south of which extension rates are low (<2 mm/yr) [Saria et al.,
2014; Stamps et al., 2008], and the focus of extension is less distinct [Bird et al., 2006;
Chorowicz, 2005]. South of Malawi two branches of the EARS have been hypothesised
based on the distribution of seismicity and faulting. These branches are a) the Luangwa
Rift, trending northeast-southwest through Zimbabwe and Botswana [e.g., Kinabo et al.,
2007; Modisi, 2000; Scholz et al., 1976], and b) the Mozambique Rift, which continues
southwards [e.g., Stamps et al., 2018; Fonseca et al., 2014; Fairhead and Henderson,
1977] (Figure 4.1a). Faulting in the Mozambique Rift may therefore represent the
southernmost and least mature portion of the continental EARS. A band of seismicity
can be seen along the Mozambique Rift, from the Urema Graben in the north to the
Machaze region of southern Mozambique [Fonseca et al., 2014] (Figure 4.1a). South
of Machaze there appears to be little seismicity, possibly suggesting a change in strain
rate or crustal rheology. Understanding how and where the EARS extends through this
region is important for understanding the development of continental rifts.
In rift environments, pre-existing structures exhibit a control on the distribution
of faulting [e.g., Muirhead and Kattenhorn, 2018; Kinabo et al., 2008; Versfelt and
Rosendahl, 1989; Milani and Davison, 1988]. This is because the frictional strength
of faults, i.e., the stress required for slip on pre-existing faults, can be lower than the
stress required for fault formation [Scholz, 2002]. Faults therefore represent planes of
weakness, and may be reactivated in stress conditions that are not orientated optimally
for failure. This has implications for incipient rifting, as large pre-existing structures can
control the stress distribution and geometry of a rift [e.g., Kinabo et al., 2008; Versfelt
and Rosendahl, 1989]. In some regions, however, pre-existing structures are absent,
or not suitably orientated for reactivation. In these cases, extension will not be fully
accommodated through fault reactivation, and new structures may form.
Co-seismic slip induces stresses on the surrounding rock [Stein et al., 1994; King et al.,
1994], which can promote or inhibit failure, either immediately or after a period of time
[Nostro et al., 2005; Tuttle et al., 2002]. Indeed, fault interaction plays an important role
in influencing earthquake recurrence and fault growth in extensional settings [e.g., Hodge
et al., 2018b; Nicol et al., 2010]. In the 2009 Karonga earthquake sequence, Malawi, each
new earthquake occurred within a region of positive static stress change from the previous
event. This process of segmented fault rupture allowed for the lateral transition of slip
on faults over ∼40 km, whilst being confined to the upper ∼10 km [Fagereng, 2013; Biggs
et al., 2010a].
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By studying incipient rifts we can observe rift development processes in action, and
we aim to understand the growth and interaction of faults [Hodge et al., 2018b; Walsh
et al., 2002; Scholz et al., 1993]. Understanding how faults within a system interact is
important in determining the induced or reduced hazard an earthquake might represent
for its vicinity [e.g., Wedmore et al., 2017; Lin and Stein, 2004]. This is especially true
in regions with low strain rates, which can produce long aftershock sequences [Stein and
Liu, 2009], elevating the hazard for up to hundreds of years after the main shock.
4.1.1. The Mozambique Rift
On 22nd February 2006, a Mw 7.0 normal faulting earthquake occurred in the Machaze
region of Mozambique, in the southern East African Rift [Copley et al., 2012; Yang and
Chen, 2008; Fenton and Bommer , 2006]. This normal-faulting earthquake was one of
the largest earthquakes in continental Africa for a century, and demonstrates that the
region is subject to extensional stresses. On 22nd September 2016, 10.5 years after and
<10 km from the Machaze earthquake, a Mw 5.6 normal faulting earthquake occurred
in the Zinave National Park (USGS; http://earthquake.usgs.gov). Plate motion models
using GPS data, earthquake slip vectors, and geological indicators infer a microplate, the
Rovuma, in southern Mozambique. The Machaze-Zinave region sits near the boundary
between the Nubian and Rovuma plates [Saria et al., 2014]. This region is also the
intersection of a three major inherited structures which obliquely intersect (Figure 4.1a):
1) the ∼E-W Limpopo Belt, hosting the Okavango and Limpopo Dyke Swarms (∼180
Ma and 728 ± 3 – 1683 ± 18 Ma [Jourdan et al., 2006; Le Gall et al., 2002]), 2) the
∼NE-SW tending Urema Graben and other unnamed fault structures north of Machaze
[Steinbruch, 2010], 3) and the ∼NNW-SSE Mazenga Graben to the south (Figure 4.1a).
The Kaapvaal and Zimbabwe Cratons are south-west and north-west of the Machaze
region respectively. This region of the Mozambique coastal planes is thought to have
a 5 – 10 km thick sedimentary sequence of post-Jurassic age overlying a Precambrian
crystalline basement [Salman and Abdula, 1995; Gwavava et al., 1992]. Together these
structures represent major crustal heterogeneities, but the influence they have on rifting
and strain partitioning in southern Africa is unclear.
We chose to investigate the Zinave earthquake using Interferometric Synthetic Aperture
Radar (InSAR) and seismology, together with a reanalysis of InSAR for the Machaze
event, to better understand the tectonics of southern Mozambique. The region is poorly
instrumented and difficult to access, and so satellite geodesy provides an ideal tool to
investigate faulting. In this work we investigate the spatial and temporal relationships
between the 2006 Machaze and 2016 Zinave earthquakes. The temporal evolution of
seismicity following the Machaze earthquake is analysed, and we conclude that the Zinave
earthquake is part of an aftershock sequence.
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Figure 4.1: a) The southern East African Rift. The red box denotes the
extent of sub-panel (b). Black circles show seismicity greater than magnitude
4.5 from the USGS catalogue, red circles represent earthquakes from the
MOZART catalogue (2011 – 2013) [Fonseca et al., 2014]. The approximate
locations of the Kaapvaal and Zimbabwe Cratons, Limpopo Belt, Lebombo
Dykes, Urema Graben, Luangwa Rift, and the Mozambique Rift (MR) are
also shown [Reeves et al., 2016; Fonseca et al., 2014]. b) Red, green, and
blue boxes show the extent of Sentinel-1 tracks T79, T72, and T174 used in
this study, respectively. The USGS focal mechanisms for the Machaze (M)
and Zinave (Z) earthquakes are shown, with the earthquakes that occurred
since the Machaze event (coloured by time, see sub-panel (c). Circles show
USGS solutions, squares are events observed by Fonseca et al. [2014]). The
black line shows the location of the Machaze fault from Copley et al. [2012].
c) Magnitude-time distribution of earthquakes in the Machaze-Zinave region.
The dashed lines denote the observation period of Fonseca et al. [2014]. d)
Seismicity from 1950 – 2018 (USGS catalogue) showing a clear change in the
rate of seismicity before and after 2006. The dashed region covers the same
time period as on (c). e) Cumulative number of earthquakes (black circles)
between the Machaze and Zinave earthquakes (USGS catalogue). The red line
shows the Omori law fit, with K=13.4, c=0.54, and p=1.
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We process ENVISAT interferograms to investigate the surface deformation of the
Machaze event, and three overlapping tracks of Sentinel-1 data for the Zinave earthquake.
We then invert the observations of surface deformation for earthquake parameters, using
uniform and distributed slip models. For the Zinave earthquake, we compare the geodetic
models to seismological estimates of the source parameters from an inversion of body
wave waveforms. The Coulomb stress transfer following the Machaze earthquake is then
calculated to investigate whether the Zinave fault was brought closer to failure following
the Machaze main shock. We discuss the role that the subsurface frictional properties
have in the assessment of hazard, and the style of slip that could occur in this region. We
relate the occurrence of these earthquakes to fault growth, the role pre-existing structures
have on controlling incipient rifting, and the evolution of the East African Rift.
4.2. Seismicity in the Mozambique Rift
The Machaze earthquake occurred on a ∼N-S striking fault that dipped unusually steeply
(70° – 75°), to the west [Attanayake and Fonseca, 2016; Copley et al., 2012; Fenton and
Bommer , 2006]. The fault plane is thought to be a reactivated pre-existing structure
within the crystalline basement, that has either been steepened or was originally strike
slip [Copley et al., 2012; Yang and Chen, 2008]. The earthquake ruptured >15 km at the
surface, with up to 2 m of vertical offset [Fenton and Bommer , 2006]. Models based on
ENVISAT interferograms shows that co-seismic slip extended down to ∼25 km depth,
with diminishing amplitude between 10 km and the surface [Copley et al., 2012]. This
reduction of slip is interpreted to be a result of the juxtaposition of velocity weakening
(crystalline basement) and velocity strengthening (sedimentary) lithologies [Copley et al.,
2012]. The shallow slip deficit was later partially recovered post-seismically through
afterslip in the upper 10 km [Copley et al., 2012]. The control of pre-existing structures
and upper-crustal rheology on slip during the earthquake cycle suggests that inherited
structures and lithologies play an important role in guiding tectonic rifting here, as has
been observed elsewhere in the EARS [e.g., Kolawole et al., 2018; Ring, 1994; Versfelt
and Rosendahl, 1989].
From 1990 to 2006 there was no seismicity observed in the Machaze region, but
between the Machaze event and 2018, 134 magnitude 3 or greater earthquakes were
recorded (USGS catalogue) (Figure 4.1b and c). Between 2011 and 2013 there was a
deployment of 30 seismometers throughout southern Mozambique [Fonseca et al., 2014].
This deployment observed persistent seismicity, with 143 earthquakes greater than a
magnitude 0.9 in the Machaze region, indicating that the area remained seismically
active (Figure 4.1).
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4.2.1. Aftershock sequences
Static and dynamic stress changes from large earthquakes cause aftershocks, which
can pose a significant seismic hazard in their own right [Stein and Liu, 2009; Parsons
et al., 2008; Wiemer et al., 2002]. We test whether the Zinave earthquake belongs to
an aftershock sequence following the Machaze earthquake, or is an independent event.
The empirical Omori law [Omori, 1894] states that the rate of aftershocks is inversely
proportional to the time since the main shock. The modified version of this relationship
(such that p 6≡ 1) is given by Equation 4.1 [Dieterich, 1994; Utsu, 1961].
F(t) = K/(c+ t)p. (4.1)
In the modified Omori law K and c are constants that describe the productivity, and
the time-delay of the sequence (a function of catalogue completeness), respectively.
The parameter p is related to the heterogeneity of the aftershock region, and can be
time dependent [e.g., Helmstetter and Shaw, 2006; Kisslinger and Jones, 1991]. In our
analysis we fix p to be equal to 1 for simplicity, and do not consider aftershocks of
aftershocks. The Omori law fits the temporal evolution of the recorded seismicity since
the Machaze earthquake well, with K = 13.4 and c = 0.54 (Figure 4.1e). This observation
suggests that the Zinave earthquake is an aftershock which occurred 10.5 years after the
Machaze earthquake. The high c value for the sequence indicates the seismic record is
likely missing events early in the sequence, which introduces uncertainty in other model
parameters, and supports our use of p = 1.
4.2.2. Aftershock duration in low strain rate regions
The duration of an aftershock sequence is observed to be inversely proportional to the
strain rate, such that regions with low strain rates have long aftershock sequences [Stein
and Liu, 2009]. This inverse relationship is consistent with a rate-and-state description
of fault friction, where the aftershock duration (ta) is a function of the normal stress
(σn) and the rate of shear stressing across a fault. The rate of shear stress can be
approximated using the relative velocity across a fault with a simple geometry to give
Equation 4.2 [Savage and Burford, 1973],
ta = (Aσnπw)/(µv), (4.2)
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where A is a constitutive parameter [Dieterich, 1994], w is the fault width, µ is the
rigidity, and v is the relative velocity across the fault. Using typical values of 0.01 for A, 20
km for w, 30 GPa for µ, and 15 MPa for σn, Stein and Liu [2009] determine an expected
aftershock duration (in years) of 314/v (for v in mm/yr). In southern Mozambique,
where v . 2 mm/yr, we may therefore expect aftershocks, and thus an elevated seismic
hazard, to last up to ∼150 years [Hodge et al., 2015; Goda, 2012]. Wider faults, a less stiff
rheology, or greater normal stress across the fault would all act to increase the expected
aftershock sequence duration. A 10% variation in the non-constant values in Equation
4.2, for v = 2 mm/yr, results in a range of aftershock durations between 115 to 210 years.
4.3. 2016 Zinave earthquake
The 22nd September 2016 Mw 5.6 Zinave earthquake occurred at 20:06:11 UTC. We
use observations of teleseismic body waves and the surface deformation from InSAR to
investigate the fault geometry and earthquake kinematics. We invert the InSAR data
for co-seismic uniform and distributed slip models.
4.3.1. Body wave inversion
We jointly inverted P and SH waveforms to obtain the strike, dip, rake, centroid depth,
and source time function of the Zinave event. Seismograms recorded at epicentral
distances of 30° – 80° were band-pass filtered at 15 – 100 s. These measures remove
complexities due to lithospheric reverberations, interactions with the core, and short-
wavelength complexity in the source process or velocity structure. We can then model
the earthquake as a point source, using the MT5 program of Zwick et al. [1994] (based on
the algorithm of McCaffrey et al. [1991] and McCaffrey and Abers [1988]). This procedure
is now routine, and its application in Africa is described in detail in Craig et al. [2011].
P waveforms were weighted 2:1 against the SH waveforms to account for their lower
amplitudes, and all seismograms were weighted according to azimuthal coverage. The
velocity structure at the source was specified as a simple half-space velocity model, with
Vp = 3.9 km/s and Vs = 2.2 km/s, which is based on the crustal structure used in the
InSAR inversions (Section 4.3.3).
Our best-fitting model is shown in Figure 4.2. Body wave modelling indicates the
earthquake occurred on an 175° striking normal fault, with a dip of 66°, rake of -69°,
depth of 7 km, and moment of 9.5 x 1016 Nm. The seismic estimate of the strike of
this earthquake is comparable to estimates of the Machaze earthquake (175° [Yang and
Chen, 2008], 172° CMT), but the dip is ∼10° shallower. The resolution of the model is
hampered by the lack of clear waveforms at stations in the Atlantic and Indian oceans,
and in Antarctica. The errors in our parameters for this event are typical for this
technique, and are strike ±10° dip ±5° rake ±10° and centroid depth ±4 km.
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Zinave, 22/9/2016

























































































































































































































































































































































Figure 4.2: Focal mechanisms and source time function obtained from
teleseismic body waveform modelling of (top) P and (bottom) SH waves
from the Zinave earthquake. Mechanisms are shown as lower hemisphere
projections. The best fitting source parameters are: strike 175°, dip 66°, rake
-71° (289°), depth of 7 km, and moment of 9.5 x 1016 Nm. Seismograms are
shown as solid lines next to their station code, synthetic seismograms from
the model solution are shown as dashed lines. The take-off angle for each
seismogram is shown labelled on the focal sphere. The source time function
(STF) is shown in the centre left.
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4.3.2. Sentinel-1 InSAR
To investigate the surface deformation associated with the Zinave earthquake we
produced 79 Sentinel-1 interferograms, 34 of which are co-seismic, from three tracks
(Table C.1). Interferograms were processed using the GAMMA software [Werner et al.,
2000], within the LiCSAR facility [González et al., 2016]. We used the 30 m SRTM DEM
[Farr and Kobrick, 2000] to remove topographic phase contributions, and down-sampled
interferograms to a 100 m final pixel size. Each interferogram was filtered (strength
0.85) [Goldstein and Werner , 1998], and pixels with coherence values less than 0.8 were
masked out.
In tropical regions, atmospheric water vapour can cause artefacts in interferograms,
particularly in regions of high topography [e.g., Parker et al., 2015; Ebmeier et al.,
2013; Webley et al., 2004]. We see signs of turbulent atmospheric delays in some
interferograms, and test using the high resolution European Centre for Medium-Range
Weather Forecasts (HRES ECMWF) weather model through the GACOS facility to
correct for them [Yu et al., 2017a,b]. However, the model was unable to account for
the observed delays, with the corrections increasing the standard deviation in our data
(Figure C.1). Weather models are best suited to predicting the stratified component of
atmospheric delays, often related to topography. In this region of southern Mozambique
there is a maximum of ∼100 m elevation change over ∼100 km2. As such, we do not
expect topography controlled atmospheric delays to be a large source of noise. We use
a pair-wise logic approach to identify atmospheric delays, and acquisitions with strong
delays were removed [e.g., Ebmeier et al., 2013; Massonnet and Feigl, 1995]. To increase
the signal-to-noise ratio we stacked co-seismic interferograms from each track, ensuring
each acquisition contributed equally (Table C.1, Figure C.2). Each stack was then de-
ramped to remove long wavelength atmospheric, orbital, or ionospheric delays.
The Sentinel-1 interferograms show an approximately north-south trending, ∼20 km by
∼10 km region of up to ∼5 cm positive line-of-sight range change, beside a smaller region
of ∼1 cm negative line-of-sight range change to the east. The boundary between these
two regions is relatively sharp, and the pattern is broadly consistent with that caused
by an approximately north-south striking normal fault. All Sentinel-1 interferograms
were highly coherent, except for co-seismic ones in the river bed directly above the fault
(Figure C.2). We suggest this loss of coherence is caused by liquefaction, a phenomenon
that was extensive during the Machaze event [López-Querol et al., 2007]. Chains of post-
seismic interferograms for each track, covering up to 3 months after the earthquake, show
no significant post-seismic deformation (Figure C.3).
The distribution of slip during an earthquake is never uniform [e.g., Sangha et al., 2017;
Simons et al., 2011; Reilinger et al., 2000]. However, the inversion for fault geometry
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with variable slip is non-linear and computationally expensive. As such, we initially
perform a non-linear inversion for the fault geometry, with uniform slip, and then use
this fixed geometry to linearly invert for the slip on patches on the fault plane [e.g., Bie
et al., 2017; Walters et al., 2009; Pedersen et al., 2003].
4.3.3. Zinave earthquake uniform slip modelling
We use the analytical solution for slip on a rectangular dislocation in an elastic half-
space [Okada, 1985] to model the surface displacements associated with the Zinave
earthquake. We invert the observations of line-of-sight surface displacement using a
Bayesian approach, incorporating the Markov chain Monte Carlo Metropolis-Hastings
algorithm to explore the parameter space [González et al., 2015; Mosegaard and
Tarantola, 1995; Hastings, 1970], and report posterior probability density functions
for each model parameter. We assume all measurement errors are Gaussian. Each
interferogram stack is subsampled prior to inversion, based on the variance away from
the signal, using the quad-tree approach [Jonsson et al., 2002]. Initial conditions and
bounds for the fault model parameters are given in Table C.2. We use a Poisson’s ratio
of 0.25 and shear modulus of 10 GPa for the crust.
The location of the Zinave earthquake is covered by three Sentinel-1 tracks (two
ascending, tracks 72 and 174, and one descending, track 79). We perform five separate
inversions using different subsets of the data to test the robustness of our solutions,
and the influence of additional datasets on model parameter certainty, as each geodetic
dataset has different noise and sensitivity (Table C.1, Figure 4.3). All of our inversions are
consistent with a north-south trending, westward dipping normal fault (Tables 4.1 and
C.3). To compare the results of each inversion we calculate the standard deviation of the
2σ confidence bounds of each model parameter, assuming the distributions are Gaussian
(Table 4.2). Results of inversions using individual interferograms (from T174, T79, and
T72) have the largest standard deviations, indicating they are least well constrained.
The overall best constrained model is that from the inversion of InSAR data from all
three tracks, with between a 38% and 79% decrease in the standard deviation of the
parameter confidence bounds (Table 4.2).
The best-fit model is for a fault that is 16 km long (95% confidence: 14.8 – 16.7 km),
with a dip of 59° (54° – 67°), bottom depth 7.6 km (5.6 – 8.0 km), and down-dip width
of 5.1 km (1.4 – 5.7 km). All of the modelled fault parameters, 95% threshold values,
and root-mean-square misfit values are given in Tables 4.1 and C.3. Overall the model is
able to describe the observed surface deformation well, however there is a small residual
near the southern end of the fault (Figure 4.4c, f and i). The spatial pattern of this
residual is consistent between all of the tracks, and so is likely a feature of the rupture
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T174 (asc) + T72 (asc) + T79 (desc)
T174 (asc) + T72 (asc)
Length (km) Width (km) Depth (km)
Dip (º) Strike (º) X (km)
Y (km) Strike slip (m) Dip slip (m)
0
Body wave results
Figure 4.3: Marginal probability density functions for the fault parameters of
the uniform slip distribution model of the Zinave earthquake. Vertical dashed
lines show the optimal values from each inversion. Black vertical lines show the
body wave inversion results for dip, and strike (Figure 4.2), with uncertainty
given shown by the grey box.
that is not captured by the uniform slip model.
4.3.4. Zinave earthquake distributed slip modelling
The model with uniform slip can reproduce the first order patterns of surface deformation
caused by the Zinave earthquake. However, systematic residuals suggest the slip was
greater or shallower at the southern end of the fault. To test this, we refine our model
by inverting for variable slip using the best combination of interferograms found in the
previous section (stacks from ascending tracks 72 and 174, and descending track 79).
We use the plane defined in Section 4.3.3 (striking 168° and dipping 59°), but enlarge
it to extend between the surface and a depth of 10 km, with a length of 24 km (Figure
4.5). This plane is then divided into 100 (10 by 10) smaller patches, each of which
is 2.4 km horizontal by 1 km vertical in size (see Figure C.4 for comparison to model
resolution). For a fixed fault geometry, the slip on each patch can be linearly related
to the observations of surface deformation (Equation 4.3) [Funning et al., 2005; Wright
et al., 2004].
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Figure 4.4: Data, model, and residual of the uniform slip inversion for the
Zinave earthquake using stacks of interferograms, shown here wrapped. a–c)
Track 174, d–f) track 72, h–i) track 79. The black rectangle shows the extent
of the fault model, bold line represents the up dip edge.
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Table 4.1: Fault parameters from the geodetic inversions, with 95%
probability confidence range, and USGS focal mechanism and body wave
inversion result for comparison. Fault locations (X and Y, UTM) in the
geodetic inversions are for the middle of the bottom of the fault. Root-mean-
square (rms) misfit is the joint rms if more than one dataset is used in the
inversion.
USGS solution T174 + T72 + T79 Body wave
Inversion points - 2071 -
FP1 FP2 Optimal 95% range Best fit
Length (m) - - 15800 14900 – 16800 -
Width (m) - - 5100 1400 – 5700 -
Depth (m) 15500 15500 7600 5600 – 8100 7000 ± 4000
Dip (°) 45.0 50 59 54 – 68 66 ± 10
Strike (°) 334 185 168 167 – 170 175 ± 10
X (UTM) 550800 550800 546600 545900 – 548400 -
Y (UTM) 7630800 7630800 7629300 762900 – 7632200 -
Strike slip (m) - - 0.06 0.0 – 0.20 -
Dip slip (m) - -0.14 -0.47 – -0.12 - -
Rake (°) -114.0 -68.0 -66.4 - -71 ± 10
rms (cm) - - 1.0 - -
Table 4.2: Standard deviation for the marginal posterior probability density
function for each parameter. Bold font indicates the smallest standard
deviation for each parameter.
T174 T72 T79 T174 + T72 T174 + T72 + T79 Decrease in standard
deviation (%)
Length (m) 1480 830 630 710 480 68
Width (m) 1780 650 1230 770 1080 39
Depth (m) 1140 440 770 480 610 46
Dip (°) 7.6 4.9 3.7 4.0 3.2 58
Strike (°) 2.5 1.3 1.0 1.1 0.8 70
X (m) 990 370 700 370 620 38
Y (m) 980 550 680 460 360 63
Strike slip (m) 0.18 0.09 0.08 0.09 0.04 79
Dip slip (m) 0.23 0.17 0.06 0.17 0.06 75
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Equation 4.3 relates the displacement observations at each location (X and Y) (d) to the
slip on each fault patch (m) and the Green’s function (G) of line-of-sight displacements
from 1 m of slip on each patch, using the elastic dislocation model [Okada, 1985]. The
formulation includes ∇2, which is the Laplacian smoothing operator to avoid sharp slip
variations, and κ2 which is a prescribed scalar smoothing factor. Equation 4.3 is solved
using a non-negative least-squares algorithm [Bro and De Jong, 1997]. In all inversions
κ = 5 x 105, which was selected using a trade-off curve (Figure C.5a). A ramp (described
by a and b in the x- and y-directions respectively) and an offset (c) for each interferogram
stack is also solved for in the inversion.
We investigate whether the rake varies across the slip region by performing three
inversions: one with variable rake (G is formulated such that we can solve for variable
rake, i.e., non-negative slip in orthogonal components, between -45° and -135°, separately
for each patch), one with the rake fixed from the geodetic uniform slip distribution model
(-66°), and one with a rake fixed to the body wave inversion result (-71°, Figure C.6).
We then compare the fit of the variable rake model considering the increase in model
parameters using an F-test.
All three inversions show no significant difference in their root-mean-square misfit (Table
C.4). However, in the variable rake model, the rake within the main slip region varies
unrealistically, between -30° and -70° over ∼6 km (Figure C.7). A fixed rake model is a
nested variant of the variable rake model, and as such we can perform an F-test to test
whether the inclusion of variable rake is justified. The F statistic value for this test is
0.005, considerably lower than the 5% probability threshold value of 1.32. The increase
in degrees of freedom for the variable rake model is therefore not statistically justified,
and rejected.
The slip distribution for the Zinave earthquake using a fixed rake of -66°, and fit to
the data are shown in Figure 4.5. In comparison to the uniform slip model, there is
a greater area and magnitude of slip (up to 0.12 m) at the southern end of the fault
compared to the north (∼0.1 m), as suggested by the residuals to the uniform slip model
(Figure 4.5). The region with >2 cm of slip is ∼14 km by ∼5 km, with top and bottom
boundaries at 4 km and 8 km depth respectively. For this slip distribution, the seismic
moment, using a shear modulus of 32 GPa, is 1.85 x 1017 Nm. The geodetically and
seismically derived values of dip, depth, and rake for this earthquake agree within error
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(Figure 4.3).
The seismic moment for this event, 9.5 x 1016 Nm, is 47% smaller than the geodetic
estimate of the moment (1.85 x 1017 Nm). The seismic moment of an earthquake is
difficult to determine accurately with both methods, and this degree of mismatch is
typical [e.g., Weston et al., 2011].
4.4. 2006 Machaze earthquake
4.4.1. ENVISAT InSAR
We processed 2 ENVISAT scenes (06/06/2004 and 07/05/2006) to produce an
interferogram spanning the 2006 Machaze earthquake using the ROI-PAC software
[Rosen et al., 2004]. These scenes were selected following Copley et al. [2012], but
we remove topographic phase contributions using a 30 m DEM [Farr and Kobrick,
2000], which was not available in 2012. The interferogram was filtered with strength
0.9 [Goldstein and Werner , 1998]. We resample the interferogram to 90 m pixel spacing,
and use the HRES ECMWF atmospheric model through the GACOS facility to correct
for atmospheric delays in the interferogram [Yu et al., 2017a,b]. We find the atmospheric
correction reduces the standard deviation of the interferogram from 12.1 cm (90 m pixel,
no correction) to 9.6 cm (90 m pixels, atmospheric correction applied).
The use of the 30 m DEM considerably extended the connected coherent region
(coherence >0.1) of the ENVISAT interferogram, compared to the interferogram of
Copley et al. [2012] which used a 90 m DEM, especially in the far-field and for some
of the signal from the fault motion. However, we were still unable to unwrap within ∼8
km the fault due to poor coherence and/or high deformation rate.
4.4.2. SPOT cross-correlation
Surface deformation can be measured using the cross-correlation of optical images. To
better constrain the near-field displacement field, we make use of two SPOT5 images,
acquired on 3rd August 2001 and 26th August 2008 [Copley et al., 2012]. We use
the results of Copley et al. [2012] who cross-correlate the images using the Cosi-Corr
programme [Leprince et al., 2007, 2008]. Due to the non-nadir viewing geometry of
the satellite, vertical displacements contribute to the apparent east-west displacement
[Copley et al., 2011]. For the orientation of the Machaze earthquake and SPOT
satellite viewing geometry, we calculate that the vertical displacement will destructively
95
Chapter 4. The ongoing decade-long Machaze-Zinave aftershock

















































Figure 4.5: Distributed slip model for the Zinave earthquake. a–c) Data,
model, and residual for track 174. d–f) Track 72 data, model, and residual.
g–i) Track 79 data, model, and residual. Black lines a–i mark the top of the
model, where it intersects the surface. j) Distributed slip model result for
the inversion of tracks 174, 79 and 72 with rake fixed to -66°. Arrows show
displacement of the east block relative to west (i.e., motion to the south is
left-lateral).
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interfere with the east-west component. Furthermore, the subjectivity in choice of tie-
points for the cross-correlation, required because of uncertain satellite orbits, reduces
the reliability of the long-wavelength displacements [Copley et al., 2012, 2011]. The
displacement discontinuities, however, are robust. The acquisition dates cover both co-
seismic and post-seismic (30 months) periods, so the relative contribution cannot be
distinguished. Nonetheless, the SPOT dataset provides crucial observations of the near-
field deformation (Figure 4.6).
4.4.3. Uniform slip modelling of the Machaze earthquake using InSAR
data
For the Machaze earthquake, we perform three inversions of the 06/06/2004 – 07/05/2006
ENVISAT interferogram: one with the GACOS atmospheric correction (90 m resolution)
(Figure 4.6a, b and c), and two without atmospheric corrections, one full resolution (30
m pixels) (Figure C.8a–c), and one resampled to 90 m (Figure C.8d–f).
We use the same inversion methodology and crustal properties as for the Zinave
earthquake. Initial conditions and inversion bounds are given in Table C.2. The results
of all three of our inversions show the far-field displacements captured by the ENVISAT
interferograms can be well described (2.1 – 2.4 cm rms) by a single 24 x 7 km steeply
dipping (78°) fault, striking 176°, with top depth ∼7 km below the surface (Figure 4.6,
95% probability values can be found in Table 4.3). The inversion using the interferogram
with corrections for atmospheric delays is our preferred model because of the noise
consideration (Table 4.3). The best-fit model is a fault with 6.3 m slip, at a rake of
-80°. A top depth of 7 km contrasts with observations of faulting at the surface [Fenton
and Bommer , 2006], however this is unsurprising as the ENVISAT data used in our
inversion is incoherent close to the fault trace, resulting in little sensitivity to shallow
slip. As such, we repeat the inversion including the SPOT data. Our modelling results
are otherwise consistent with previous seismological and geodetic estimates of the fault
geometry and slip [Copley et al., 2012; Fonseca et al., 2014] (Table 4.3).
4.4.4. Distributed slip modelling of the Machaze earthquake,
incorporating InSAR and SPOT data
Large faults are generally complex with multiple segments [e.g., Hamling et al., 2016;
Fletcher et al., 2014]. The surface rupture following the Machaze earthquake indicates
two main fault segments ruptured [Copley et al., 2012; Fenton and Bommer , 2006]. In
order to ascertain the total slip on the Machaze fault we perform a distributed slip
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Distributed slip model 1: ENVISAT 









Uniform slip model: ENVISAT 
a b c
Figure 4.6: a–c) Data, model, and residual for the Machaze earthquake using
the uniform slip model. Descending ENVISAT interferogram 06/06/2004 –
07/05/2006. The black rectangle on b and c shows the fault location, dipping
west. d–f) Distributed slip model 1: ENVISAT data (d), model (e), residual
(f). g–o) Distributed slip model 2, showing data, model, residual for the
ENVISAT and SPOT offset data. Black line shows the surface trace of the
fault.
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model with the fault location identified by displacement discontinuities in post-seismic
deformation and the SPOT data [Copley et al., 2012]. We otherwise use the same method
as Section 4.3.4, but with the fault divided into 3 km by 3 km patches, that extends
down to 30 km, dipping at 75°. We choose to include a variable rake in all of our
inversions to account for variations that might be expected between fault segments with
different strikes, and between the co- and post-seismic periods. A variable rake model is
also preferred by other studies of the slip during the Machaze earthquake [Copley et al.,
2012].
We perform two inversions, 1) using just the ENVISAT interferogram (κ = 7 x 105,
Figure C.5b), and 2) a joint inversion using the ENVISAT interferogram and SPOT
observations (which are resampled to 50 m) (κ = 1.3 x 106, Figure C.5c). We solve for
a ramp in the ENVISAT data, and an offset in all datasets. The difference between
these two models is that model 1 contains primarily far-field co-seismic deformation, but
omits the near-field displacement, whilst model 2 includes the near-field observations,
but also includes 30 months post-seismic deformation. Previous observations indicate
that post-seismic deformation is primarily shallow afterslip on the fault [Copley et al.,
2012].
The slip distribution of model 1 indicates that the majority of the slip is concentrated
towards the northern end of the southern fault, with some displacement on the northern
segment (Figure 4.7). The displacement is primarily normal in the main rupture area,
with rake values ∼-80°. In this model, however, the slip in the upper cells is small, in
contrast to field observations of surface offsets of up to 2 m [Fenton and Bommer , 2006],
probably as a result of the lack of near-field observations.
The results of the joint inversion of ENVISAT and SPOT data shows the same general
pattern of slip distribution as model 1, although the slip in the uppermost cell is now
2 m (Figure 4.7, resolution shown in Figure C.9). The slip on the southern end of the
northern fault has also increased by up to 1.5 m, to 4.5 m. This additional slip could be
either 1) post-seismic deformation, 2) co-seismic deformation that is not detected by the
ENVISAT interferogram due to its limited coherence, or 3) an artefact, as a result of the
SPOT data image-processing methodology. The greatest misfit to the data are residuals
in the ENVISAT observations towards the southern end of the southern fault, where the
interferogram is coherent closest to the fault trace (Figure 4.6i). This may be because
the SPOT data includes surface deformation caused by afterslip that is modelled, but
not detected by the ENVISAT observations.
Our preferred model of the co-seismic slip distribution is that which is based upon
the ENVISAT observations of the displacement with a fixed fault geometry based on
the SPOT discontinuities (model 1). Uncertainties as to the geometry and timing (co-
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Figure 4.7: Slip distribution of model 1 (a, ENVISAT) and model 2 (b,
ENVISAT and SPOT) for the Machaze earthquake. The estimated depth of
the sediment-basement interface is shown. Profiles to the right of sub-panels
(a) and (b) show the integrated moment release with depth.
versus post-seismic) of the displacement in the SPOT observations introduces difficulties
in how to interpret the result of model 2, although they do broadly agree with model 1,
and the additional shallow slip in model 2 is consistent with post-seismic deformation.
4.4.5. Comparisons to seismology
The CMT and USGS estimate the co-seismic moment of the Machaze earthquake to be
4.5 x 1019 Nm and 4.6 x 1019 Nm respectively. Using a shear modulus of 32 GPa, we
calculate a seismic moment of 4.4 x 1019 Nm for our preferred model (model 1) and
5.3 x 1019 Nm for model 2. These are 5% smaller and 15% larger than the seismic
estimates respectively, but within the range that may be expected given the different
velocity structures and possible inclusion of post-seismic deformation in the geodetic
observations [Weston et al., 2011].
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In both the geodetic distributed slip models, the majority of the moment release occurred
at depths of less than 15 km (model 1: 95%, model 2: 94%), with a geodetic centroid of 8
km. This depth estimate is shallower than the seismological estimates of the earthquake
depth of 15 ± 3 km [Yang and Chen, 2008], 14.8 km [Attanayake and Fonseca, 2016], and
13 km [Copley et al., 2012]. The discrepancy is likely a result of the low depth resolution
in our data due to the lack of near-field geodetic observations.
The depths of Machaze aftershocks suggest this region has a seismogenic thickness of
20 km or greater [Craig et al., 2011; Yang and Chen, 2010]. Therefore, as the Machaze
earthquake ruptured down to ∼20 km it may represent an upper bound to the size of an
earthquake in this region.
4.4.6. Coulomb stress change
Earthquakes cause static stress changes in the surrounding rocks, bringing nearby regions
closer to, or further from, failure. In theory, for failure to occur the co-seismic static
stress change, plus any pre-existing differential stresses, must be greater than a threshold
Coulomb failure criterion [King et al., 1994; Toda et al., 2005]. The Coulomb stress
change (∆σc) is a function of the normal (∆σn) and shear stresses (∆σt) on a fault plane,
and is defined as
∆σc = ∆σt +µ∆σn, (4.4)
where µ is the coefficient of friction. In this formulation positive shear stress is in the
direction of slip and positive normal stresses are unclamping. We use the Coulomb 3.3
software package to calculate the ∆σc following the Machaze earthquake [Lin and Stein,
2004], using slip on a rectangular dislocation model in an elastic half-space [Okada, 1985].
We use µ = 0.4 in our calculations, and confirm that the results shows little sensitivity
within the range µ = 0.2 – 0.6.
To understand whether the Machaze earthquake could have brought the Zinave fault
closer to failure, we calculate both the Coulomb and normal co-seismic stress changes,
and test both uniform and distributed slip models of the Machaze earthquake (Figure
4.8). We calculate the Coulomb stress change at 5 km depth, comparable to that of
the peak slip on the Zinave fault, and use the results from the uniform slip model
for the Zinave fault to specify receiver fault geometry (Figure 4.4, Table 4.1). Our
preferred solution uses the distributed slip model based on the ENVISAT and SPOT
data as it contains the most complete measure of the slip that occurred during and after
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the earthquake, and will therefore give the best estimate of the overall stress change.
Although the calculated stress changes close to the Machaze fault may be unreliable given
the lack of near-field observations, they are relatively robust at distances comparable to
the Machaze-Zinave separation (∼10 km). We find that the stress pattern does not vary
greatly over the uncertainty range of the receiver fault parameters (strike: 166° – 169°,
dip: 54° – 67°) given by the posterior probability density functions of our uniform slip
model.
The pattern of stress change produced by the uniform and distributed slip models of
the Machaze earthquake is broadly similar. For both, at 5 km depth, the stress change is
asymmetric, with the largest normal and Coulomb stress changes occurring over ∼20 km
to the east (< −1 MPa) and west (> 1 MPa) of the Machaze fault (Figure 4.8). Lobes
of positive Coulomb stress change also extend over ∼15 km to the north and south of
the fault. In all models the region of the Zinave earthquake experienced a localised ∼0.2
MPa increase in stress. This Coulomb stress change is much lower than the stress drop
of the event, indicating that the fault was dominantly releasing pre-existing shear stress.
Positive stress changes are more spatially heterogeneous for the distributed slip model
than the uniform slip model, with positive stress changes not predicted as far away from
the fault to the west.
The spatial pattern of aftershocks generally follow regions of positive stress changes
[King et al., 1994]. The distribution of recorded Machaze aftershocks (2006 – 2010) shows




Co-seismic slip in the Machaze earthquake was largely contained within the crystalline
basement, with post-seismic deformation, primarily afterslip, within the overlying
sedimentary sequence. This observation led Copley et al. [2012] to conclude the sediments
were velocity strengthening, and the basement velocity weakening. In contrast, we find
slip during the Zinave earthquake occurred primarily within the sedimentary sequence.
A transition between velocity weakening and velocity strengthening rheologies can be
explained by 1) laterally variable material properties, 2) temporal variations in material
properties or pore pressure, or 3) stress- or time-dependent rheology. Spatial variations
in frictional properties relating to lithology have been invoked to explain spatial variation
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Figure 4.8: Coulomb stress change (∆σc) and normal stress change following
the Machaze event, for a 5 km depth, for receiver faults with strike 168°,
dip 59°, and rake -66°. a) Coulomb stress change (∆σc) as a result of the
uniform slip model of the Machaze earthquake (fault between 7 – 14 km). b)
Normal component of the stress change for the same earthquake as (a). c) ∆σc
calculated using the distributed slip model from ENVISAT and SPOT data.
d) Normal component of the ∆σc for the distributed slip model. Positive values
are unclamping. The black rectangles show the vertical surface projection of
the faults. White circles show the distribution of aftershocks for all depths,
2006 – 2011 from Copley et al. [2012]. See text for further details.
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in steady-state fault stability elsewhere (e.g., 2014 South Napa earthquake [Floyd et al.,
2016], and the 2003 Tokachi-oki earthquake [Miyazaki et al., 2004]). In the case of the
Machaze–Zinave sequence there are limited geological constraints on the subsurface, but
either depth variations in the sediment basement interface, or physical variations within
the sedimentary deposits are plausible. Indeed, shallow aftershocks observed by [Copley
et al., 2012] support the presence of stick-slip regions within the sedimentary sequence.
In large subduction zone earthquakes aftershocks are similarly seen to concentrate in the
areas dominantly deforming by aseismic creep, and are generally thought to represent
stuck asperities on a sliding fault surface [e.g., Moreno et al., 2010; Bürgmann et al.,
2005; Igarashi et al., 2003].
Alternatively, temporal changes, particularly variations in pore fluid pressure, can alter
the effective friction and thus control fault strength [Copley, 2017; Nur and Booker ,
1972]. This is a plausible mechanism in the Machaze region, which is a flood plain with
highly seasonal rainfall, underlain by a thick sedimentary sequence of high permeability
sands [López-Querol et al., 2007].
A steady-state, i.e., rate-dependent, friction law assumes that afterslip occurs on stable
faults in velocity strengthening regimes, and that the friction coefficient depends on
the slip velocity only [e.g., Hsu et al., 2006; Perfettini and Avouac, 2004]. Within this
framework, spatial heterogeneity would be required to explain afterslip in otherwise
velocity weakening zones. However, when the full rate-and-state law is considered,
the distinction between velocity weakening and velocity strengthening is ambiguous
[Helmstetter and Shaw, 2009]. When the steady-state constraint is not applied, fault
behaviour is strongly influenced by post-seismic stresses, with both afterslip and
earthquake nucleation possible within a homogenous medium.
4.5.2. Fault interaction and rifting
The steep dip of the Machaze earthquake fault (∼75°) and nucleation within the
Precambrian basement suggests that the earthquake represents a reactivation of an
existing structure, rather than the formation of a new fault [Yang and Chen, 2008].
The exploitation of pre-existing structures is common in nascent, and mature, rift
settings [Muirhead and Kattenhorn, 2018; Hodge et al., 2018a; Kinabo et al., 2008; Laó-
Dávila et al., 2015; Ring, 1994; Versfelt and Rosendahl, 1989]. Pre-existing structures
represent weaknesses, which, even if not optimally orientated, will fail preferentially
to the formation of new faults [Scholz, 2002]. However, in contrast, slip during the
Zinave earthquake, and several aftershocks (Feb – April 2006, Yang and Chen [2010,
2008]), occurred within the post-Jurassic sedimentary layer on an ∼60° dipping plane,
as predicted by Andersonian mechanics.
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The Machaze-Zinave sequence raises several questions about fault growth in continental
rift settings. The Zinave fault could: 1) act as a linking fault between horizontally
offset basement structures [e.g., Hodge et al., 2018b], and/or 2) represent the upward
propagation of extension from pre-existing basement structures through un-faulted
sediments.
Reactivation of pre-existing structures has implications for the determination of the
stress field in extensional environments using earthquake slip vectors [Saria et al., 2014;
Bird et al., 2006; Delvaux and Sperner , 2003]. If, throughout rifting, large earthquakes
occur on pre-existing structures they will not fully represent the present day stress
orientation. Similarly, however, slip during aftershocks may represent a combination
of local stresses from the mainshock, and regional tectonics, or inter-seismic strain
accumulation. McKenzie [1969] demonstrated that, in a triaxial stress regime, slip
vectors from shallow events provide very little constraint on the orientation of the greatest
principle stress.
4.6. Conclusions
The Zinave earthquake occurred on a 60° dipping normal fault, between 4 – 8 km
deep. The earthquake occurred in a region of positive Coulomb stress change associated
with the 2006 Machaze event, indicating it was brought closer to failure by the
preceding earthquake. The depth of the Zinave earthquake suggests it is contained
within sedimentary deposits, at a depth co-incident with the co-seismic slip deficit
and post-seismic afterslip following the Machaze event. The occurrence of afterslip
and aftershocks at the same depth suggests either spatially and/or temporally variable
frictional properties, or that the fault exhibits time or stress dependent rheology.
A comparison to the modified Omori law for aftershock decay indicates that the Zinave
earthquake is part of a prolonged aftershock sequence following the Machaze earthquake.
Long aftershock sequences should be expected following large earthquakes in low strain
regions, suggesting the seismic hazard in the least mature portions of the East African
Rift is underestimated. The Machaze-Zinave sequence demonstrates that magnitude 4
– 5 earthquakes following magnitude >7 events should be expected for decades, with
associated seismicity lasting for up to ∼150 years.
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Abstract
Intra-plate earthquakes occur in regions with low strain rates. Understanding the
occurrence of intra-plate earthquakes is important because of the potential hazard they
pose, and the insights they can provide on the local and regional stress fields.
Here, we investigate the Mw 6.5 3rd April 2017 earthquake that occurred in central
Botswana, at a depth of ∼25 km. The earthquake occurred >400 km away from the
nearest indication of present-day extension. Interferometric Synthetic Aperture Radar
(InSAR) is an ideal tool to investigate intra-plate earthquakes, as the regions they occur
in are rarely seismically instrumented. However, it is difficult to resolve the source
parameters of deep earthquakes using observations of surface deformation. As such, we
use complimentary ascending (Sentinel-1) and descending (ALOS-2) InSAR datasets
and a Bayesian inverse methodological approach to determine posterior probability
density functions for the parameters of an elastic slip dislocation model, and consider
typical fault geometry relationships to determine the correct earthquake parameters.
We determine that the primarily normal-faulting earthquake occurred on an north-east
dipping reactivated pre-existing structure, probably in response to far-field stresses.
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5.1. Introduction
The distribution and style of seismicity reflects the pattern of strain release within the
crust [e.g., Saria et al., 2014; Craig et al., 2011; Zoback, 1992a]. Regions with the highest
strain rates, nominally plate boundaries, have the highest rates of seismicity [Craig et al.,
2011; Bilham et al., 2001; Thatcher and Hanks, 1973; Brazangi and Isacks, 1976], but
earthquakes also occur where tectonic strain rates are low (e.g., intra-plate, volcanic,
and induced seismicity settings) [Sykes, 1978].
Large intra-plate earthquakes, earthquakes which occur away from plate boundaries,
are rare, but have been observed worldwide. Their occurrence has been related to local
transient variations in fault strength or crustal stress (e.g., following deglaciation in
Fennoscandia [Craig et al., 2016], and erosion in New Madrid, USA [Calais et al., 2010])
and far-field plate boundary stresses (e.g., Eastern North America [Zoback, 1992b]).
Intra-plate earthquakes appear to commonly exploit pre-existing structures, for example
in New Madrid [Calais et al., 2010], and it has previously been suggested that some
intra-plate earthquakes in North America follow the edges of cratons [Tesauro et al.,
2015]. Determining the cause of intra-plate earthquakes is often difficult given low
deformation rates and relatively short observation periods, but is important given the
different predictions each strain origin has on the evolution of the seismicity in space
and with time [Calais et al., 2016]. In regions with few other observations, constraints
on the source parameters of intra-plate earthquakes allow us to better define the strain
distribution and earthquake hazard [Hurd and Zoback, 2012; Parsons et al., 2008; Jain
et al., 1994].
Southern Africa is comprised of several Archean cratons, separated by ancient collisional
or extensional belts [Begg et al., 2009; Veevers and Powell, 1994; Thomas et al., 1993;
Kroner , 1982], and has a geological history spanning 3.7 Ga [Thomas et al., 1993]. The
East African Rift intersects eastern southern Africa as two branches. South of Lake
Tanganyika, one branch continues south through Malawi and Mozambique [Fonseca
et al., 2014], and the other to the SW as the Luangwa Rift into Botswana, and the
Okavango Graben [Fairhead and Girdler , 1969; Vail, 1968] (Figure 5.1a,b). Some studies
identify diffuse extension across the Zambia-Zimbabwe-Botswana region in response
to stresses associated with the East African Rift [Pastier et al., 2017], with potential
localisation of strain around and between the Kaapvaal and Zimbabwe Cratons, which
appear to guide rifting, in a similar way to the Tanzania Craton to the north [Bird et al.,
2006; Ebinger et al., 1997] (Figure 5.1a).
Strain rates in central Botswana are poorly constrained due to a paucity of
measurements, but are generally assumed to be low (extension <1 mm/yr) [Stamps
et al., 2018; Pastier et al., 2017; Saria et al., 2014; Bird et al., 2006]. Figure 5.1a shows
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the distribution of seismicity throughout southern Africa, and locations of the cratons.
In general, seismicity and rifting follow the edges of the cratons (e.g., the Western and
Kenyan Rifts either side of the Tanzania Craton, and the Mozambique Rift to the west of
the Zimbabwe Craton), exceptions include within the Kaapvaal Craton, where seismicity
is attributed to anthropogenic activity [Richardson and Jordan, 2002].
On 3rd April 2017 a Mw 6.5 earthquake occurred in central Botswana, near Moiyabana.
The event was >450 km from the nearest region of active deformation, the ∼100 km
wide Okavango Graben [Modisi et al., 2000; Fairhead and Girdler , 1969] (Figure 5.1b),
and over 800 km from the Machaze earthquake, the nearest historic magnitude >6 event
(USGS catalogue). Plate motion models show the nearest plate boundary, between the
Nubian and Rovuma plates, is over 800 km away [e.g., Stamps et al., 2018; Saria et al.,
2014; Kreemer et al., 2014; Stamps et al., 2008]. The Okavango Graben is seismically
active with north-east striking normal faulting earthquakes, and Quaternary to recent
age faulting at the surface [Mosley Bufford et al., 2012; Scholz et al., 1976]. It is thought
that this incipient rift follows a post-Karoo, pre-Cretateous failed rift zone [Gwavava
et al., 1992; Scholz et al., 1976]. Seismicity is also observed along with the NE-SW
orientated Luangwa Rift, ∼450 km north-east of the Okavango Graben (Figure 5.1a)
[Banks et al., 1995; Daly et al., 1989].
The 2017 Moiyabana earthquake, however, occurred in a historically aseismic region,
on the northern edge of the Kaapvaal Craton within the Limpopo-Shashe Belt, which
formed during the collision between the Kaapvaal and Tanzania Cratons >2.5 Ga (Figure
5.1). This region has since undergone tectonothermal reworking ∼2 Ga (see Ranganai
et al. [2002]; Gwavava et al. [1992] and references therein), but lack of exposure has
precluded detailed field studies. Instead, information on the location and geometry of
the belt has come from remote sensing techniques [e.g., Kolawole et al., 2017; Ranganai
et al., 2002; Gwavava et al., 1992; Emenke, 1986]. Receiver function analysis shows a
relatively thick crust of 38 – 42 km [Ebinger et al., 2017]. The relationship between the
recent seismicity and incipient rifting in southern Africa remains an open question.
5.1.1. Difficulties in determining source parameters for buried
earthquakes
Focal mechanisms calculated from seismic waves identify two nodal planes, a primary and
an auxiliary. Determining which of these is the fault plane, however, requires an external
dataset that may include field, aftershock, or surface deformation (e.g., Interferometric
Synthetic Aperture Radar (InSAR)) observations. InSAR is a satellite based remote
sensing technique, which uses the returns from two radar acquisitions to measure
changes in the line-of-sight (LOS) path between the satellite and the ground. When
an event ruptures the surface, phase discontinuities in InSAR data, for example, can
unambiguously identify the correct plane (Figure 5.2a and b). However, the Earth acts
111
Chapter 5. Fault identification for buried normal faulting earthquakes:
incipient rifting in the Limpopo-Shashe Belt, southern Africa









































Congo Craton Luangwa Rift
Okavango Graben
Zambia















Figure 5.1: a) Distribution of seismicity, locations of cratons, and major rift
branches in southern Africa. Earthquakes with magnitudes >6 are shown by
red circles. Seismicity from USGS catalog 1910 – 2018. CC: Congo Craton,
TC: Tanzania Craton, ZC: Zimbabwe Craton, KC: Kaapvaal Craton, WR:
Western Rift, KR: Kenyan Rift, LR: Luangwa Rift, MaR: Malawi Rift, MoR:
Mozambique Rift. We choose to present the cratons illustratively, given their
variation with depth, spatial complexity and ill defined extents [Craig et al.,
2011; Begg et al., 2009; Last et al., 1997]. The red box denotes the extent of
sub-panel (b). b) Seismicity (black circles) in the Botswana region of southern
Africa. Schematic locations of the Okavango Graben, Zimbabwe, Congo, and
Kaapvaal Cratons, and the Limpopo-Shashe Belt are also shown. The red
box shows the extent of sub-panel (c). c) Location of the 2017 Moiyabana
earthquake and aftershocks (USGS solutions). Faults in the Okavango Graben
are reproduced from Kinabo et al. [2008].
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as a short wavelength filter, and the surface deformation caused by earthquakes become
increasingly smooth with increasing depth (Figures 5.2 and 5.3), making earthquake
parameters harder to constrain.
We illustrate this effect by comparing the modelled surface deformation for a 19 km
long normal faulting earthquake at 0 – 8 km (Figure 5.2a), 8 – 16 km (Figure 5.2c),
and 16 – 24 km depths (Figure 5.2e), using the geometry of the Moiyabana earthquake
according to the USGS catalogue (Table 5.1). For each depth we compare the LOS
surface displacement patterns produced by an earthquake on each of the USGS nodal
planes, one of which is west dipping (strike of 126°) and one east dipping (striking 343°),
as seen from an ascending satellite viewing geometry. For a depth of 16 – 24 km we also
show the surface deformation as seen from a descending viewing geometry.
Figure 5.2 shows that the pattern of LOS displacements from an earthquake on each
nodal plane becomes increasingly similar with increasing depth. For an event at depth 0
– 8 km, the west dipping fault has three distinct lobes of deformation. The one with the
greatest amplitude is associated with subsidence of the hanging wall, the second largest
is associated with motion of the footwall, whilst the third is caused by uplift at the toe of
the fault. In an ascending viewing geometry, the footwall displacement corresponds to a
positive LOS range change, whilst uplift at the toe causes a negative LOS range change.
The hanging wall and footwall lobes meet at the fault, whilst the toe lobe extends from
approximately 10 to 50 km SW of the fault (Figure 5.2a). For an earthquake between
8 and 16 km the hanging wall lobe is twice as broad as it was for 0 – 8 km, and the
other two lobes have a reduced amplitude. The transition between the lobes is also
much smoother (Figure 5.2c). For 16 – 24 km the hanging wall lobe resembles a rounded
triangle, and no sharp deformation gradients are predicted (Figure 5.2e). The footwall
and toe lobes are also now comparable in magnitude (Figure 5.2d).
For the east dipping fault, we see a similar change with depth in the pattern of surface
deformation. At 0 – 8 km the deformation has two main lobes, one north-east of the fault
which is a combination of hanging wall subsidence and toe uplift, and another SW of
the fault caused by displacement of the footwall (Figure 5.2b). In an ascending viewing
geometry subsidence of the hanging wall and uplift at the toe cause positive LOS range
changes, whilst footwall uplift causes negative LOS range changes. By an earthquake
depth of 8 – 16 km deformation associated with the hanging wall and toe is more clearly
two lobes (Figure 5.2d). The sharpest gradient in deformation is between the hanging
wall and footwall lobes at the fault.
For a fault at 16 – 24 km, neither fault plane forms a single sharp deformation gradient
at the surface which would help identify the fault location. The correct identification of
the footwall and toe displacement relative to the hanging wall displacement is critical in
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determining the location of the fault. However, the footwall lobe for the west dipping
fault as seen from an ascending satellite viewing geometry is comparable in size and
magnitude to the footwall lobe in the descending viewing geometry for the east dipping
fault (Figures 5.2g, h, and 5.3d). This is also true for the toe lobes of the east and west
dipping faults as seen from descending and ascending viewing geometries respectively
(Figures 5.2g, h, and 5.3d). The combination of observations from both ascending and
descending line-of-sights provides two range change components, which help mitigate this
ambiguity by reducing the trade-offs when determining earthquake model parameters
[Wright et al., 2004].
Figure 5.3 shows the decrease in maximum range change and standard deviation across
the interferogram for increasing fault depths in increments of 2 km between 0 and 22
km. Increasing the earthquake top depth results in a decrease in the amplitude of the
range change, for between 8 and 16 km this decrease is ∼10 cm (46%) (Figure 5.3a). We
find, for the example earthquake, that once the top depth reaches 10 km the standard
deviation of the signal is comparable to the standard deviation in a typical interferogram
(Figure 5.3c). For a stack of four interferograms, this depth is 16 km. The magnitude of
the footwall and toe surface uplift is only significantly different for earthquakes <8 km
deep (Figure 5.3d). In addition, the difference in amplitude of the surface deformation
between faults 2 km separate in depth decreases with increasing depth (Figure 5.3b).
The difficulty in identifying the fault plane has been previously explored for strike slip
events, such as the 2004 Al Hoceima earthquake (Morocco) [Biggs et al., 2006]. In
this case, models derived from the two nodal planes provided similar misfits to geodetic
data, but earthquake scaling relationships [Funning et al., 2005; Scholz and Cowie, 1990]
and aftershock relocations were able to help determine the correct plane. In the 2009
Karonga normal faulting earthquake sequence, Malawi, uplift from the toe of the faults
was visible in InSAR data [Biggs et al., 2010a]. In this case, surface offsets were diagnostic
in determining the fault plane, aided by ascending and descending InSAR observations.
We observe a similar ambiguity between nodal planes for buried normal faulting
earthquakes. To determine the fault plane we utilise ascending and descending InSAR
observations, model probabilities, and scaling relationships. Fault plane ambiguity for
deep earthquakes is a particular problem in regions with a large seismogenic thickness,
such as southern Africa.
5.1.2. Seismology and previous work
Moment tensors for the Mw 6.5 2017 Moiyabana earthquake from the USGS and CMT
catalogue indicates the normal faulting earthquake occurred on a NNW-SSE striking
fault, and that the event was relatively deep (23.5 km (USGS), 30 km (CMT)) (Table
5.1). Nine aftershocks, with magnitudes 4.0 – 5.0, were recorded within the first 12
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Figure 5.2: a) Forward model of USGS nodal plane with strike 126° (west
dipping), rake -114°, and dip 53° for an earthquake between 8 km depth and
the surface, as seen from an ascending satellite viewing geometry (incidence
angle 42°, heading 346°). b) Forward model of USGS nodal plane with strike
343°(east dipping), rake -62°, and dip 44° for a fault between 8 km depth and
the surface. c) 126° striking fault between 8 – 16 km depth. d) 343° striking
fault between 8 – 16 km depth. e) 126° striking fault between 16 – 24 km
depth. f) 343° striking fault between 16 – 24 km depth. g–h) Same as (e–f)
but for a descending viewing geometry (incidence angle 47°, heading -165°).
Black line shows the modelled fault, with tick showing direction of dip. H, F,
and T denote the hanging wall, footwall, and toe lobes respectively.
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Figure 5.3: a) Maximum range change against earthquake top depth for
ascending and descending satellite viewing geometries, calculated using the
343° striking (east dipping) earthquake model. The global mean estimate
of the seismogenic thickness [Wright et al., 2013] and top depth of the 2017
Moiyabana earthquake are shown for comparison. b) Reduction in maximum
range change with increasing top depth. c) Standard deviation of the modelled
range change. Dashed lines show the mean standard deviation for individual
Sentinel-1 interferograms, and the interferogram stack, used in Chapter 5. d)
Maximum range change associated with the footwall and fault toe for both
a 343° and 126° striking faults, as seen from either ascending or descending
viewing geometries.
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months following the earthquake, all of which were within 20 km of the main shock
(Figure 5.1c).
InSAR has previously been used to investigate the Moiyabana earthquake [Kolawole
et al., 2017; Albano et al., 2017], but both studies use a single Sentinel-1 interferogram
(30/03/2017 – 11/04/2017) and assume a north-east dipping fault plane. Models of
earthquakes using individual interferograms are highly sensitive to the noise and satellite
viewing geometry [Biggs et al., 2007; Wright et al., 2004]. For example, the fault model of
Albano et al. [2017] has a 3 km down-dip width, 21 km length, and 2.5 m of slip, resulting
in an unrealistic slip-to-length ratio of 1.2 x 10−4, much greater than the expected range
of 1 x 10−5 to 7.5 x 10−5 [Leonard, 2010; Wells and Coppersmith, 1994].
We analyse InSAR observations of this earthquake using a robust and exhaustive data
analysis methodology to accurately determine the earthquake source parameters, and
thus provide informative constraints on the local tectonics.
5.2. InSAR processing and observations
We use use data from the Sentinel-1 and ALOS-2 satellites, processed using the GAMMA
software package [Werner et al., 2000], to investigate the surface deformation caused by
the Moiyabana earthquake.
We processed two descending ALOS-2 radar scenes to produce one interferogram (Table
5.2), and seven Sentinel-1 scenes to produce seven interferograms, six of which span the
earthquake (Table 5.2). Topographic phase delays were corrected using the SRTM 30
m digital elevation model (DEM) [Farr and Kobrick, 2000] and all interferograms were
filtered using a non-linear spectral filter with strength 0.4 [Goldstein and Werner , 1998],
and unwrapped using the Minimum Cost Flow SNAPHU algorithm [Chen and Zebker ,
2001].
Atmospheric artefacts can be a considerable source of noise in InSAR data [e.g., Li
et al., 2009; Elliott et al., 2008], and we test a range of mitigating techniques including
using external datasets and weather models, and a statistical approach (stacking) [e.g.,
Yu et al., 2017a; Bekaert et al., 2015; Doin et al., 2009; Elliott et al., 2008; Wright
et al., 2001]. The GACOS corrections of Yu et al. [2017a,b] model the atmospheric delay
using a DEM, observations of the precipitable water vapour from ECMWF (European
Centre for Medium Range Weather Forecasts) [Jolivet et al., 2011; Dee et al., 2011],
and GPS observations, if available. This region of Botswana has very low relief, and
a comparison between the ALOS-2 observations and the predicted atmospheric delays
from GACOS suggest the observed atmospheric noise patterns are not captured by the
model, and are thus likely be due to either be turbulent effects, or a change in atmospheric
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conditions between ECMWF data and SAR acquisitions (∼3 hours) (Figure D.1). We
find the GACOS atmospheric correction reduces the standard deviation of the ALOS-2
interferogram by only ∼0.1 cm, and thus choose not to apply the correction. We instead
remove a linear ramp from all interferograms to account for long wavelength atmospheric
delays and/or residual orbital errors.
To increase the signal-to-noise ratio, we stack the four most coherent Sentinel-1
interferograms that span the earthquake, such that the stack contains three pre- and
three post-seismic acquisitions [Biggs et al., 2007; Emardson et al., 2003; Wright et al.,
2001] (Table 5.2). For a stack of N independent interferograms, stacking will increase
the signal-to-noise ratio by a factor of
√
N, for situations where the signal in each
interferogram is the same, and the remaining phase changes, e.g., atmospheric noise, are
uncorrelated between acquisitions [Biggs et al., 2007]. The mean standard deviation away
from the co-seismic signal of individual Sentinel-1 interferograms in here is 1.2 cm (Table
5.2), whilst the standard deviation of the stack is 0.6 cm (Figure 5.3c). The standard
deviation of the ALOS-2 interferogram is 2.1 cm, but no additional interferograms are
available for stacking.
Both the co-seismic ALOS-2 and Sentinel-1 interferograms show a ∼50 by 30 km region
of positive range change of up to 6 cm, elongated NW-SE, corresponding to hanging
wall subsidence (Figure 5.4). Neither the individual interferograms nor the stack show
a region of range change associated with possible footwall uplift, as predicted by our
forward models, that is clearly distinct from atmospheric artefacts (Figure 5.2).
5.3. Fault plane modelling
We used the analytical Okada rectangular dislocation model [Okada, 1985] and a
Bayesian inversion approach, incorporating Markov chain Monte Carlo algorithms, to
investigate source parameters for the Moiyabana earthquake. We report marginal
posterior probability density functions for each parameter to allow us to explore the
non-uniqueness of the model, and calculate earthquake scaling relations [Bagnardi and
Hooper , 2018; González et al., 2015; Hooper et al., 2013; Mosegaard and Tarantola, 1995;
Scholz and Cowie, 1990]. We subsample interferograms using the quadtree approach,
based on the data variance [Jonsson et al., 2002], and assume measurement errors for
each interferogram are independent and Gaussian. We performed 1 x 106 iterations,
using flat prior probabilities between fixed bounds.
To ensure a full exploration of the parameter space we invert 1) each interferogram
independently, 2) the Sentinel-1 stack, and 3) both the ALOS-2 interferogram and
Sentinel-1 stack jointly. We vary the initial starting conditions to isolate both nodal
planes, and test both purely normal and oblique fault displacements.
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Initially, we invert one Sentinel-1 interferogram (30/03/2017 – 23/04/2017), for the
parameters of a model with pure dip slip motion, and find two distinct peaks in the
posterior probability density function for the strike: one at ∼120° (west dipping) and
∼300° (east dipping) (Figure 5.5e, blue distribution). These correspond to the two nodal
planes identified by seismology, and demonstrate the non-uniqueness discussed in Section
5.1.1 associated with using a single interferogram [Wright et al., 2004]. We then perform
a joint inversion of the ascending Sentinel-1 stack and descending ALOS-2 interferogram
(Figure 5.5, orange and yellow distributions), keeping the strike as a free parameter (0°
– 360°), but varying the initial conditions such that one inversion (orange) starts at
120°, and one at 300° (yellow). Both of the inversions converge on a strike of ∼300°,
demonstrating that combining ascending and descending datasets helps discriminate
between nodal planes for deep earthquakes (Table 5.1). We perform another inversion
of both datasets, including both dip and strike slip displacement as free parameters
(Figure 5.5, purple distribution), which also converges on a strike of 297° – 302° (95%
confidence bounds), with a rake of -78° (-62° – -89°, 95% confidence bounds) (Table 5.1).
This is consistent with the USGS and CMT solutions which have rakes of -62° and -70°
respectively.
The fit of the oblique slip model is indistinguishable from that with only dip slip
displacement (Table 5.1), with root-mean-square misfit values of 1.50 cm and 1.53 cm
respectively (Figure 5.4). To test whether the addition of strike slip displacement in
our model is statistically justified, we calculate the Akaike Information Criterion (AIC)
values for the models [Akaike, 1974]. AIC considers the trade-off between the complexity
of a particular model (number of model parameters, k), and its goodness of fit (model
likelihood, l), as given by Equation 5.1, where the model with the smallest AIC value is
the better model. We choose to use AIC in model selection as it utilises the probabilities
calculated in the inversion methodology.
AIC = 2k−2ln(l). (5.1)
We calculate the AIC values for the oblique and pure normal models to be 5.5 and 4.2
respectively. The relative likelihood of the oblique slip model to be the better model is
0.52 [Burnham and Anderson, 2003]. This indicates that, from the InSAR data alone,
the inclusion of strike slip displacement is not statistically justified. However, as the
seismological observations indicate some non-normal slip, our preferred model is that
which includes oblique slip.
For comparison, we repeat the inversion again with initial conditions based on the west
dipping model (the strike, ∼120° is allowed to vary ±5°, Figure 5.4) (Table 5.1). The
west dipping model produces a comparable misfit (1.53 cm) to the east dipping models
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(1.50 and 1.53 cm), and the spatial pattern of the residuals are not greatly different
(Figure 5.4). However, the model is less realistic: requiring ∼4 m dip slip displacement,
on a fault that is only 1.7 km wide down dip by 19 km, and dipping at 31°. These values
contradict the seismological observations, and expected slip-to-length ratio (yielding 2 x
10−4 versus 1 x 10−5 to 7.5 x 10−5 [Leonard, 2010; Wells and Coppersmith, 1994]). By
comparison, the slip-to-length ratios of the oblique and dip slip models are 5 x 10−5 and
3 x 10−5 respectively, which lie within the global range.
The preferred model, based on descending ALOS-2 and ascending Sentinel-1
interferograms and assuming some oblique slip, has a length of 19 km (95% probability
confidence range: 15 – 22 km), width of 8 km (2 – 10 km), strike and dip of 300° (297°
– 302°) and 56° (54° – 59°), and rake of -78° (-62° – -89°) (Table 5.1). The earthquake
model also has a realistic slip-to-length ratio of 5 x 10−5. The seismic moment of this
model of the earthquake, using a shear modulus of 32 GPa, is 4.2 x 1018 Nm (95%
confidence bounds: 3.9 – 4.5 x 1018 Nm), comparable to, but slightly lower than, the
USGS and CMT estimates of 6.1 x 1018 Nm and 7.0 x 1018 Nm.
Figure 5.4 shows the data, model, and residual of all of the joint inversion models.
A notable residual is located to the north-west of the fault plane in the ALOS-2 data.
Given no such residual is present in the Sentinel-1 interferogram this is unlikely to be
an un-modelled feature of the co-seismic displacement. Instead, we consider whether
the residual is 1) post-seismic deformation, or 2) turbulent atmospheric noise. The
ALOS-2 interferogram we use is 21 days longer than the Sentinel-1 data, and thus could
contain 21 days of post-seismic deformation that the Sentinel-1 interferograms do not.
To investigate any deformation between 03/04/2017 and 14/05/2017 we process the
11/04/2017 – 17/05/2017 Sentinel-1 interferogram (Figure D.2). It shows no clear signal
in the area corresponding to the ALOS-2 residuals, suggesting the residual is not caused
by post-seismic deformation. Instead, we conclude the residuals to the ALOS-2 data are
caused by turbulent atmospheric delays.
5.4. Discussion
The Moiyabana earthquake provides a rare constraint on the present day stress field in
Botswana [Scholz et al., 1976]. We have demonstrated that the 2017 Mw 6.5 Moiyabana
earthquake occurred on an ∼19 x 8 km north-east dipping (56°) fault, with bottom
depth of ∼24 km (20 – 25 km) (Table 5.1). The location and orientation of the
fault agrees with independently mapped structures from aeromagnetic surveys of the
region (Figure D.3) [Kolawole et al., 2017; Ranganai et al., 2002] and with a north-west
striking gravity anomaly, aligned with the Precambrian fabric that underlies the more
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Figure 5.4: Data, model, and residual plots for oblique slip, dip slip, and
SW dipping models of the Moiyabana earthquake. The bold line represents
the up-dip fault edge.
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Figure 5.5: Marginal probability density functions for the model parameters
of each inversion: Sentinel-1 interferogram only (blue), Sentinel-1 and ALOS-
2 interferograms with 120° strike (west dipping) initial condition (orange),
Sentinel-1 and ALOS-2 interferograms with 300° strike (east dipping) initial
condition (yellow), and Sentinel-1 and ALOS-2 with dip slip and strike slip
displacements (purple). Dashed and complete black lines indicate the USGS
estimates for dip, and strike. X and Y are given relative to 25.147° E, -22.658°
N.
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recent (Karoo) dyking sequences [Le Gall et al., 2002] between two Neoarchean thrust
faults [Ranganai et al., 2002]. The presence and orientation of a Precambrian fabric
is further highlighted by shear wave splitting observations [Silver et al., 2001], wherein
fast polarisation directions in the mantle systematically reflect geological structures, for
example the Limpopo-Shashe Belt, and not the present day plate motions (Figure D.3).
The coincidence of gravity and magnetic anomalies with the location of the fault model
suggests faulting occurred on a reactivated pre-existing structure. This is consistent with
models of early rift development which show that faulting occurs preferentially on pre-
existing faults, if suitably orientated, rather than through the formation of new fractures
[e.g., Hodge et al., 2018a; Kolawole et al., 2018; Korme et al., 2004; Modisi, 2000; Scholz
and Contreras, 1998; Holdsworth et al., 1997; Birt et al., 1997; Sibson, 1990].
In addition to subsurface heterogeneities providing planes of weakness, strain partitioning
can occur around rigid bodies [Koptev et al., 2015; Tesauro et al., 2015; Craig et al., 2011;
Le Gall et al., 2008]. The Moiyabana earthquake occurred in the Archean collision zone
between the Kaapvaal and Zimbabwe Cratons [Roering et al., 1992]. These cratons
are cold, hard, and rigid, with tensile strengths much greater than the forces that are
available [Kendall and Lithgow-Bertelloni, 2016; Buck, 2006; Lenardic et al., 2000]. They
will therefore perturb the strain field, possibly locally focussing the strain across the
Limpopo-Shashe Belt region, promoting failure.
The NE-SW extension direction indicated by the Moiyabana earthquake demonstrates a
change in the stress orientation from the NW-SE extension that occurs in the Okavango
[Modisi, 2000; Scholz et al., 1976]. This is consistent with the thin shell finite element
models for stress distribution, based on geological indicators and incorporating lateral
density variations, of Bird et al. [2006], which shows strain localisation around the
cratons. Alternative sources of stress may include local perturbations associated with
lithospheric compensation and flexure [e.g., Ergin and Aktar , 2018; Craig et al., 2016;
Hampel and Hetzel, 2006; Bungum et al., 2005]. However, the region has been relatively
stable since ∼2 Ga, and thus the required loading/unloading processes are absent. As
such, we conclude far-field stresses are responsible for this earthquake.
The modelled and observed role of local heterogeneities in southern Africa suggests that
further faulting, and any subsequent rifting, will follow the boundaries of cratons, as
is also observed around the Tanzania Craton [Craig et al., 2011; Ebinger et al., 1997].
The role locally weaker and stronger regions of the lithosphere have in influencing the
stress field should therefore be considered in models of rifting, and in seismic hazard
assessments. Ultimately, this earthquake indicates extensional stresses associated with
the East African Rift continue south-east of the Okavango region.
The Moiyabana earthquake occurred relatively deep (16 – 24 km), compared to global
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assessments of seismogenic thicknesses [Wright et al., 2013]. However, earthquakes
rupturing depths >20 km are not uncommon in eastern and southern Africa [e.g., Craig
et al., 2011; Yang and Chen, 2010; Jackson and Blenkinsop, 1993]. Deep earthquakes in
Malawi have been interpreted to be a result of rupture of thick, cold lithosphere [Foster
and Jackson, 1998; Nyblade and Langston, 1995; Jackson and Blenkinsop, 1993], and
the depth of the Botswana earthquake suggests seismogenic thicknesses are also large
here. The collision between the Kaapvaal and Zimbabwe Cratons provides a plausible
mechanism for thickening of the crust ∼2.5 Ga, that has resulted in the thick, cold,
and therefore strong, lithosphere of Botswana today [Ebinger et al., 2017; Nguuri et al.,
2001].
Future assessments of seismic hazard in southern Africa will need to consider the spatial
extent of large seismogenic thicknesses and low strain rates to properly quantify the
hazard associated with large, if infrequent, earthquakes [England and Jackson, 2011;
Stein and Liu, 2009; Scholz et al., 1986].
5.5. Conclusions
Here, we demonstrate that the 3rd April 2017 Mw 6.5 Moiyabana normal faulting
earthquake occurred on a buried north-east dipping fault plane. Fault identification
for buried normal faulting earthquakes can be difficult from observation of surface
deformation, and we here demonstrate the advantage of stacking interferograms,
incorporating observations from multiple satellite line-of-sights, and using a probabilistic
inversion scheme.
Independent magnetic and gravity surveys identify Precambrian structures with the
same trend as our preferred model of the Moiyabana earthquake. The event likely
represents the reactivation of one of these structures, possibly in response to far-field
extensional stresses associated with rifting in East Africa. We emphasise the role
inherited weaknesses (Precambrian faults) and rigid blocks (the Kaapvaal and Tanzania
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6.1. Summary and implications
Crustal heterogeneities can represent zones of relative weakness or strength, and
thus play a major role in continental rifting. In this thesis I have explored the
contribution of heterogeneities in facilitating and guiding rifting as it develops, with
specific consideration to fault reactivation and fluid migration. Here, I summarise these
findings, and discuss the implications of the work. The influence of pre-existing structures
throughout rifting is illustrated schematically in Figure 6.1.
At mature continental rifts the emplacement of magma plays an important role in
accommodating extension. In Chapter 2 I explore how a pre-rift rift-oblique fault
structure has influenced magma emplacement at the Corbetti caldera, Ethiopia. I show
that a crustal scale feature that cross-cuts the caldera has influenced magma storage
over hundreds of thousands of years, magma transportation over tens of thousands of
years, and hydrothermal circulation over annual timescales using geophysical (InSAR
and seismology) and geomorphological (caldera shape and vent distribution) datasets.
This work fits with a growing body of literature on how influential fault structures are
on magmatism in rifts: from the location of magma reservoirs and eruptive centres [e.g.,
Corti et al., 2018; Robertson et al., 2016], to the composition of erupted products [e.g.,
Hutchison et al., 2018]. The work also has implications on our understanding of the
relationship between tectonics and caldera formation [e.g., Saxby et al., 2016; Holohan
et al., 2008; Girard and Vries, 2005].
Corbetti is one of several active magmatic centres within the East African Rift today
(Figure 1.4). In Chapter 3 I document inflation of the caldera at vertical rates of ∼7
cm/yr, that has been ongoing since mid-2009. I find a Mogi model at 6.6 km depth with
a volume change of ∼0.01 km3/yr is the most statically justified fit to InSAR and GPS
observations of the surface displacement. The source is coincident with a conductive
anomaly, and is located on the pre-existing structure I identified in Chapter 2. This,
as well as the depth, duration, and rate of deformation, evidence for brittle failure
around the source, and modelled density (Biggs et al., In Review) indicates that the
source is magmatic. The deformation at Corbetti therefore provides an observation of
the mechanism and timescales of upper crustal magma reservoir growth in a rift caldera
setting. The rate of volume change at Corbetti is greater than the long-term eruption
rate, indicating the assembly of magma reservoirs occurs in pulses of above average
magma flux.
Dyking is often considered the most important mechanism for magma transport in rift
settings [e.g., Sigmundsson et al., 2014; Wright et al., 2006]. However, the cumulative
volume change we have observed at Corbetti so far is comparable to that of several
recent dyking events in less mature sections of the rift [Pallister et al., 2010; Calais et al.,
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2008], suggesting reservoir growth can represent a volumetrically significant component
of magma transport in the crust. The inferences of magma reservoir geometry, size, and
depth at Corbetti contribute to our growing understanding of magma reservoir properties
elsewhere in the rift [e.g., Biggs et al., 2016; Field et al., 2012; Wauthier et al., 2012;
Biggs et al., 2011, 2009b], and helps us to understand how they may change throughout
rifting [Biggs et al., 2013; Field et al., 2012].
Corbetti has evidence for lava flows and VEI 4 – 5 eruptions during the Holocene [Fontijn
et al., 2018], is ∼10 km from two major population centres, and yet has no permanent
or real-time monitoring. As such, observations of a prolonged, elevated magma flux into
the caldera has significant implications in determining the potential hazard at Corbetti,
and other comparable systems in the EARS. Almost all of the EARS volcanoes lack
permanent monitoring, with the result of large uncertainties in the hazard posed by
volcanoes throughout East Africa.
In contrast to Ethiopia, extension rates in southern Mozambique are low (∼2 mm/yr
[Saria et al., 2014]). Nonetheless, the Mozambique Rift is seismically active, and provides
a locality to observe purely amagmatic rifting. I analyse InSAR observations of the
2006 Mw 7.0 Machaze and 2016 Mw 5.6 Zinave earthquakes (Chapter 4). I find, in
agreement with other studies, that the Machaze fault dip is steep (∼75°), and was likely
a reactivation of a pre-existing structure in the basement. The Zinave fault, on the
other hand, occurred between 4 – 8 km deep, in what is believed to be post-Jurassic
sediments where pre-existing structures may not be expected. A temporal analysis of
the intervening seismicity shows a good fit with the Omori law, indicating the Zinave
earthquake is part of a >10 year aftershock sequence following the Machaze earthquake.
Indeed, the Machaze-Zinave sequence provides an example of elevated seismicity, and
thus hazard, which in low strain settings should be expected for potentially decades.
The Coulomb stress change on the 2016 fault plane from the 2006 event shows that the
prior earthquake increased the stress on the fault, promoting failure. The triggering of
earthquakes from static stress changes is not new, but this observation shows how slip
on pre-existing structures can influence the formation of newer, shallower, faults in an
incipient rift setting.
Central Botswana is a region where strain rates are poorly constrained, and it is
unclear precisely whether or where rifting is occurring. However, in 2017 a Mw 6.5
normal faulting earthquake demonstrated that the region is, at least locally, subject to
extensional stresses. In Chapter 5 I used ascending and descending InSAR observations,
a Bayesian inversion approach, and empirical earthquake scaling laws to ascertain the
Botswana earthquake occurred on a north-east dipping fault between 16 and 24 km
depth. The location of this earthquake is significant: >400 km from the nearest surface
expression of rifting, and in the collision zone between two thick, rigid Archean cratons.
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We hypothesise that this earthquake occurred on a pre-existing structure, identified
through a comparison with aeromagnetic data, as a result of far-field stresses being
focussed around the cratons. The Botswana earthquake therefore demonstrates how
large scale crustal heterogeneities are able to partition strain in a pre- to incipient-rift
environment.
6.2. Outlook
This thesis investigates magmatic and amagmatic rifting, and the influence of pre-
existing structures. However, this thesis only provides an incremental step towards fully
understanding continental rifting. The EARS is a constantly evolving feature, and, with
time, subsequent continuous and discrete rifting episodes will occur, facilitating further
insights.
Volcanoes, a clear indicator of magmatic rifting, are inherently complex systems, and a
range of behaviours and styles are observed along the EARS. InSAR is an invaluable
tool to investigate processes at active systems, but for a holistic understanding a
multidisciplinary approach will be necessary [Till et al., 2018], through combining
different geophysical techniques with field observations, geochemistry, and modelling
approaches [e.g., Pritchard et al., 2018]. The RiftVolc project, which focusses on the
Main Ethiopian Rift, is an example of interdisciplinary collaboration with the explicit
intent of understanding the past behaviour, present-day activity, and future hazard of
MER volcanoes.
Insofar, RiftVolc collaborators have begun to quantify the location, occurrence, and
geochemistry of previous eruptions of Corbetti, Aluto, O’a, Bora-Baricha, Boset-Bericha,
Tullu Moye, Gedemsa, Kone, and Fentale [Siegburg et al., 2018; Fontijn et al., 2018;
Hutchison et al., 2018], and build a picture present-day activity (Temtime et al. [2018],
Chapter 3). Geodetic, seismic, and remote sensing techniques have been applied to
understand the geothermal reservoirs at volcanoes within the MER. This has included
their internal seasonal pressure variations [Birhanu et al., 2018], circulation pathways
[Nowacki et al., 2018; Lloyd et al., 2018; Braddock et al., 2017], the identification,
temperature, and temporal evolution of fumarolic behaviour [Braddock et al., 2017],
and CO2 degassing [Hunt et al., 2017]. The seismic hazard within the MER has also
been investigated, with particular focus on the Mw 4.3 January 2016 Hawassa earthquake
[Wilks et al., 2017b]. These studies together demonstrate that the MER is volcanically
and seismically active, and could potentially host a devastating volcanic eruption.
Many geodetic studies have highlighted the present-day restlessness of East African
volcanoes [e.g., Biggs et al., 2011, 2009b], and recent and historical magmatic events
have demonstrated their ongoing hazard [Goitom et al., 2015]. Correctly quantifying
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Figure 6.1: a) Crustal structure, pre-rift, is heterogeneous, containing faults
and contrasting lithologies. As rifting initiates, faults oriented such that
failure occurs via frictional processes will be reactivated before the formation
of new faults (Chapters 4 and 5). This can have the effect of guiding where
rifting occurs. Slip on these faults can result in the formation of new faults.
b) Magma has an increasingly important role in accommodating extension
as rifting develops (Chapter 3). Faults which cross-cut the rift can guide
magma migration, influencing the location of surface volcanism. c) Cross-
rift structures can also guide the circulation of hydrothermal fluids, acting as
permeable pathways or barriers to flow (Chapter 2).
132
Chapter 6. Concluding Remarks
hazard is especially important as populations grow and infrastructure develops. As such,
volcano monitoring should be a priority. The use of InSAR for this is an objective of the
COMET Volcano Deformation Database, which will use data from the Sentinel-1 satellite
constellation to produce interferograms of most of the world’s Holocene volcanoes in near-
real time. This will not only characterise the behaviour of currently active systems, but
also create baseline measurements [Ebmeier et al., 2018].
Regular and frequent SAR acquisitions over the world’s highly straining regions,
including the EARS, is important. These regions are where most of the worlds
earthquakes will occur, and thus having the data available (freely and publicly in many
cases, e.g., Sentinel-1) will allow rapid and high quality observations of events soon after
they occur. These observations can then be used to direct fieldwork, or for scientific
investigation in their own right.
InSAR can also be used to observe the long wavelength deformation associated with
plate boundaries [e.g., Pagli et al., 2014; Walters et al., 2014]. High resolution,
spatially extensive maps of crustal velocity fields fields allow us to determine where
strain is distributed. In Afar, three contrasting styles of rifting have been observed
using InSAR: localised transient post-dyking deformation, distributed spreading over
several overlapping segments, and localised inter-dyking deformation [Pagli et al., 2014].
Extending observations of the velocity field into the MER would 1) provide additional
constraints on the relative displacement of the Wonji Fault Belt, the border faults,
and at the magmatic centres, 2) identify regions of extension rates elevated above the
long-term average (e.g., by magma migration), and 3) identify possible relationships
between spreading rate and lithological properties (e.g., crustal thickness, presence of
heterogeneities, available melt). Quantifying the strain distribution throughout the MER
is also important given the direct relationship between strain accumulation and seismic
hazard. The MER is also well suited to make these observations: there is good InSAR
coverage (from several ascending and descending Sentinel-1 SAR images) and numerous
continuous and campaign GPS sites, the extension is oriented favourably (∼east-west)
for satellite InSAR observations, and recent developments in weather models should help
reduce noise [Yu et al., 2017a,b].
The EARS is not the only example of rifting on Earth. In this thesis I discuss the
influence that rift-parallel and rift-perpendicular pre-existing structures have in crustal
extension. Similar to the EARS, rifting in Iceland, part of the Mid-Atlantic Ridge
system, occurs above an upwelling mantle plume [Bijwaard and Spakman, 1999; Schilling,
1991, 1973]. Although in contrast, the Icelandic crust is younger, has fewer inherited
fault structures, and no cratons. By looking at Iceland we can therefore ask how, in
comparison to the EARS, does magma transportation and strain partitioning occur
in the relative absence of crustal heterogeneities, and what is the difference in strain
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partitioning between regions of differing crustal thicknesses, heat flows, and extension
rates?
Transtensional rifting in the Taupo Volcanic Zone (TVZ), New Zealand, is driven by
back-arc spreading associated with the subduction of the Pacific plate. The TVZ has a
central region of silicic calderas, with andesite-dacite stratovolcanoes along strike to the
north and south [Wilson et al., 1995]. Faults from the underlying Mesozoic basement
are thought to control magma migration [Cole et al., 2010], promote hydrothermal
fluid circulation [Rowland and Sibson, 2004], and be reactivated during caldera faulting
[Seebeck et al., 2010]. TVZ extension rates are comparable to the MER (6 – 8 mm/yr
[Villamor and Berryman, 2001; Darby and Meertens, 1995]), and its spatial scale is
similar (∼50 – 60 km wide), but the TVZ rhyolite production rates (mean eruption
rate of 9 x 10−3 km3/yr over the last 1.6 Ma) and heat flow (700 mW/m3) are higher
[Wilson et al., 1995; Bibby et al., 1995]. The TVZ is therefore a setting where we can
test the ubiquitousness of the influence of pre-existing structures: does a high heat and
melt flux reduce or increase the interrelationship between inherited structures and melt
transportation? Do inherited structures partition strain in the TVZ in the same was
as in the EARS, and what impact do they have on the localisation of rifting, and the
migration and geochemical evolution of the melt?
The success in this thesis of using InSAR to investigate magmatic and amagmatic
rifting demonstrates the relevance of InSAR to study future rifting processes in the
EARS, and at other rift systems. As the current and future dedicated InSAR satellites
continuously acquire more data from across the world, we will increasingly be able to
investigate smaller magnitude, longer duration signals in noisier environments, and better
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A.1. Interferogram theory and post-processing
A.1.1. Interferogram de-ramping
Interferograms from all sensors in Chapter 2 were individually de-ramped to remove
phase contributions from orbital, ionospheric and long wavelength atmospheric delays
where necessary [e.g., Biggs et al., 2007], (Figure A.2). This de-ramping is done by
inverting for the constants a,b,c,d and e that describe a polynomial of the equation,

1 x1 y1 x21 y
2
1 x1y1
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where x and y represent a pixel’s location, n is the number of pixels, and z is the phase
at each pixel. The polynomial ramp is then reconstructed using these constants and
removed from the corresponding interferogram. This method, however, will also remove
any signals that can also be described by a polynomial, limiting the maximum size of
ground deformation we can investigate to less than the length scale of the interferograms:
∼50 km east-west, and ∼30 km north-south.
A.1.2. Displacement components
For each pixel in a single interferogram the local east-west (e), north-south (n) and up
(u) displacement components can be calculated from the satellite’s heading (H, clockwise







For points which are observed by a satellite with ascending (a) and descending (d)













Appendix A. Appendix A





Through the equation R = Pu, u, the displacement in e, n and u, can inverted for in a
weighted least squares sense,
u = [PT Σ−1R P]
−1PT Σ−1R R, (A.1)
where ΣR is the covariance matrix of errors in the observed range changes.
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Figure A.1: Temporal-perpendicular baseline plots for ENVISAT IM (a),
ALOS (b) and ENVISAT WS (c) data used in Chapter 2. The lines between
dates represent the interferograms produced in Chapter 2. Black lines show
interferograms that informed analysis, grey lines represent interferograms
whose coherence was inadequate or were not used.
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Figure A.2: Illustration of the effect of removing a ramp from one the
interferograms. a) Initial interferogram, b) the calculated ramp, c) the residual
between the two (de-ramped interferogram). Note the change in colour scale.
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Introduction
This appendix includes additional information on InSAR sensor and processing
parameters, observations, model results, and goodness of fit. We also discuss whether
the inclusion of a second shallow source is able to increase the fit of our geodetic Bayesian
modelling.
B.1. Multiple deformation sources at Corbetti
To test whether the residuals in the north of the caldera in 2014 – 2015 could be explained
by a known source, we investigate deformation of a shallow hydrothermal system located
in the southern half of the caldera (Figure 3.5) (Lloyd et al. [2018], Chapter 2). Individual
interferograms show no clear indication of activity of this source in 2010, or 2015 – 2017.
However, during 2014 – 2015 there are residuals between the combined source model
and the CSK interferograms (Figure 3.5). These residuals are located in the north
of the caldera, but to confirm that this location is robust (e.g., not a function of the
interferogram offset included in the inversion), we test the inclusion of a second shallow
source, using the Okada model. We impose constraints on the shallow source based on
Lloyd et al. [2018]: located in the south of the caldera, with strike 090° – 105°, and
on the deeper source based on the combined and 2014 – 2015 inversions. We also test
imposing a reference level, rather than as a free parameter.
We find that the shallow source in the offset and no offset inversions has an opening
of 2 and 1 cm respectively, and does not describe the residuals. The AIC values for the
inclusion of a second source (16.5 and 12.5 for with and without an offset respectively)
are also higher than for the one source model. These results indicate that the inclusion of
deformation of a second shallow source in the south of the caldera at this time is neither
necessary or justified, but does not rule out the possibility that some deformation was
occurring.
B.2. Source variation with time
We consider residuals from the linear volume change (2012 – 2017) to test for source
variation with time. A clear increase in root-mean-square (rms) residual can be seen
during 2014 – 2015 in the ascending and descending CSK data. A second increase in the
rms residual can be seen in 2016 – 2017 for ascending Sentinel-1 interferograms. To take
into account the interferogram noise, we consider the residual between the rms model
residual and the standard deviation of the interferogram (Figure B.7b). The increase
in rms residual 2014 – 2015 is still apparent, suggesting that there is signal within the
interferogram that is not captured by our model. In contrast, during 2015 – 2016, by
144
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considering the standard deviation, we can see that the increase in rms residual for
the Sentinel-1 interferograms was due to low signal-to-noise ratios in short timespan
interferograms.
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2008 - 2010 2014 - 2015 2015 - 2016
Figure B.1: Temporal coverage of geodetic data used in Chapter 2.
CSK: Cosmo-SkyMed, S1: Sentinel-1. Each horizontal line represents an
interferogram. Each circle represents a monthly GPS solution. The colour
scheme for each dataset is continued throughout. The grey regions correspond
to the time periods used in the source inversions in Section 3.5.1.
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Table B.2: Chapter 3 InSAR processing parameters. 1Goldstein and Werner
non-linear spectral filter [Goldstein and Werner , 1998], 2SNAPHU Minimum
Cost Flow (MCF) [Chen and Zebker , 2001]
Sensor ALOS ENVISAT CSK Sentinel-1
Time coverage (mm/yy) 12/07 – 09/10 10/07 – 07/10 03/12 – 11/15 08/15 – 01/17
Orbit direction asc desc asc desc asc desc
Number of scenes 9 9 35 32 20 21
Number of interferograms 25 45 159 131 32 34
Max perpendicular baseline (m) 500 800 500 150
Max temporal baseline (days) 730 600 500 50
Final pixel size (m) 120 120 See text 100Filter strength1 0.41 0.81 0.851
Unwrapping method Snaphu MCF2 Snaphu MCF2 Snaphu MCF2 Snaphu MCF2
Coherence threshold 0.1 0.1 0.6 0.7
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Table B.4: Input data and inversion parameters for each inversion.
Data LOS/site Timespan (DD/MM/YYYY) Model Number of inversions Subsampled data points
ALOS asc 09/11/2008 – 30/06/2010 MOGI 5.0E+05 929ENVISAT desc 06/11/2008 – 24/06/2010 633
ALOS asc 09/11/2008 – 30/06/2010 OKADA 5.0E+05 929ENVISAT desc 06/11/2008 – 24/06/2010 633
CSK asc 24/01/2014 – 19/01/2015
MOGI 5.0E+05
800







CSK asc 24/01/2014 – 19/01/2015
OKADA 5.0E+05
800







S1 asc 29/09/2015 – 17/10/2016
MOGI 5.0E+05
689
S1 desc 06/10/2015 – 30/09/2016 486
GPS CURG 26/09/2015 – 31/10/2016 3CNHG 31/10/2015 – 31/10/2016 3
S1 asc 29/09/2015 – 17/10/2016
OKADA 5.0E+05
689
S1 desc 06/10/2015 – 30/09/2016 486
GPS CURG 26/09/2015 – 31/10/2016 3CNHG 31/10/2015 – 31/10/2016 3
ALOS asc 09/11/2008 – 30/06/2010
MOGI 5.0E+05
929
ENVISAT desc 06/11/2008 – 24/06/2010 633
CSK asc 24/01/2014 – 19/01/2015 800
CSK desc 25/01/2014 – 11/12/2014 675
S1 asc 29/09/2015 – 17/10/2016 689
S1 desc 06/10/2015 – 30/09/2016 486
GPS
C01G 31/03/2013 – 15/04/2015 3
C03G 31/03/2013 – 05/09/2014 3
CNHG 31/10/2015 – 31/12/2016 3
CURG 23/03/2013 – 31/12/2016 3
ALOS asc 09/11/2008 – 30/06/2010
OKADA 5.0E+05
929
ENVISAT desc 06/11/2008 – 24/06/2010 633
CSK asc 24/01/2014 – 19/01/2015 800
CSK desc 25/01/2014 – 11/12/2014 675
S1 asc 29/09/2015 – 17/10/2016 689
S1 desc 06/10/2015 – 30/09/2016 486
GPS
C01G 31/03/2013 – 15/04/2015 3
C03G 31/03/2013 – 05/09/2014 3
CNHG 31/10/2015 – 31/12/2016 3
CURG 23/03/2013 – 31/12/2016 3
Table B.5: Initial starting values and range for Okada and Mogi model
parameters. X and Y are distance from the centre of the caldera. Z is depth
below the surface, dV/yr is the rate of volume change.
Mogi model Okada model
Initial Lower Upper Initial Lower Upper
X (km) 0 -10 10 4 -10 10
Y (km) 0 -10 10 0 -10 10
Depth (km) 3 0.1 15 6 2 15
dV/yr (m3/yr) 1e6 0 1e9 - - -
Length (km) - - - 10 2 20
Width (km) - - - 10 2 20
Strike (°) - - - 100 0 360
Opening/yr (m/yr) - - - 1 0 3
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Table B.7: Table of root-mean-square (rms) residuals for each dataset for
each model, with Akaike Information Criterion values (AIC), and relative







CSK (asc) 0.92 0.66
CSK (desc) 1.05 0.77
GPS (mean) 1.2 1.4
AIC -4.1 -0.6
L - 0.17
S1 (asc) 0.79 0.86
S1 (desc) 1.70 1.84





CSK (asc) 2.1 1.9
CSK (desc) 1.9 1.9
S1 (asc) 1.1 1.2
S1 (desc) 1.3 1.2
GPS (mean) 0.7 0.7
AIC 2.5 3.2
L - 0.70
Table B.8: Locations and time of deployment and decommissioning for the
seismic stations used in Chapter 2.
Station Latitude Longitude Deployment Decommission
C01E 7.22327 38.38505 13/01/2012 01/02/2014
C02E 7.14882 38.43224 14/01/2012 31/01/2014
C03E 7.19804 38.48441 14/01/2012 03/06/2014
C04E 7.21787 38.47640 03/06/2013 31/01/2014
C05E 7.25978 38.30228 25/01/2013 01/02/2014
C06E 7.13389 38.37214 25/02/2013 02/02/2014
C07E 7.26028 38.44400 23/09/2013 01/02/2014
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Figure B.2: a–d) Marginal posterior probability density functions for Mogi
model (combined inversion) X and Y location, depth, and rate of volume
change. e) Inferred flux of evolved material (scenario 1) for 90% and 96%
fractionation given the probability density function for rate of volume change
in (d). Vertical lines show 2.5%, optimal, and 97.5% confidence internals for
each fractionation factor. f) Probability density functions for the time taken
to accumulate 5 x 108 m3 of evolved melt given the fluxes derived in (e).
g) Probability density functions for inferred basaltic supply rate, for 90% and
96% fractionation, given (d) represents transport of evolved material (scenario
2).
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Figure B.3: a–g) Marginal posterior probability density functions for the
model parameters of the Okada model (combined inversion). X and Y give
the location of the edge of the model. Red vertical lines show the optimal
values. h) Probability density function for the rate of volume change of the
Okada model. Black vertical lines show the optimal values and 95% thresholds.
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10 km 10 km
Figure B.4: Okada model data-model-residual plots for an interferogram
from each time period used in the combined inversion. The caldera outline is



















60 mm/yr10 km 10 km
Combined Inversion
March 2013 - December 2016 March 2013 - December 2016
a b
Figure B.5: a) GPS observations, and Mogi model results from the combined
inversion. The yellow star denotes the location of the Mogi source at the
surface. b) GPS observations, and Okada model results from the combined
inversion. The red rectangle denotes the location of the Okada model at the
surface. The caldera outline is shown on each subplot.
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2008 - 2010 (ALOS) 2012 - 2017 (InSAR/GPS) 2012 - 2017 (InSAR/GPS)
Figure B.6: Depth against root-mean-square (rms) misfit for a) ALOS data
(2008 – 2010), with minimum at 6.6 km (dashed line), b) InSAR and GPS
data (weighted rms (wrms)) for 2012 – 2017, c) GPS data only throughout




























Figure B.7: a) Root-mean-square (rms) misfit misfit between each
interferogram and modelled displacement. Interferogram duration shown by
the length of bar. b) rms misfit for each interferogram minus the standard
deviation of the interferogram.
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Introduction
This appendix contains further information on the data used in Chapter 4, the modelling
methodology, and alternative inversion results.
C.0.1. Distributed slip model resolution
The resolution matrix for the distributed slip model, R, is dependent on the smoothed







The diagonal values of R represent the model resolution. We define the horizontal and
vertical resolution length scales for each patch as the distance in each direction over
which the values are greater than 1/e of the maximum value of the resolution matrix
[Biggs et al., 2006; Funning et al., 2005]. For perfectly resolved models R will be an
identity matrix. The distributed slip model for the Zinave earthquake has 7.5 km and 5
km horizontal and vertical resolutions in the peak slip region respectively (Figure C.4).
The inversion for the slip distribution of the Machaze earthquake using ENVISAT data
(model 1) has a more variable resolution, but is ∼14 km in the horizontal and vertical
in the peak slip region (Figure C.8).
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Corrected Range Change Deramped Corrected Range Change
std = 1.37 cm
std = 1.32 cm
std = 1.34 cm
a b
c d
Figure C.1: Atmospheric corrections for Zinave co-seismic interferogram
12/09/2016 – 06/10/2016 (track 174). a) Observations, b) delay correction,
c) corrected observations, d) de-ramped corrected observations. Standard
deviations (std) for (a), (b), and (d) are shown.
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0 0.5 1 1.5 2 2.5
T174: 19/08/2016 - 30/20/2016
T79: 13/08/2016 - 30/10/2016
T72: 31/07/2016 - 04/11/2016
Save River 
Figure C.2: Unwrapped (left) and wrapped (right) stacked Sentinel-1
interferograms of the Zinave earthquake from tracks T174 (top), T72 (middle),
and T79 (bottom). Black line shows the location of the Machaze earthquake
fault from Copley et al. [2012].
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-4 -3 -2 -1 0 1 2 3 4
T174: 24/09/2016 - 30/10/2016 
T72: 29/09/2016 - 04/11/2016 
T79: 06/10/2016 - 23/11/2016 
Figure C.3: Observations of the post-seismic range change following the
Zinave earthquake for a) track 174: 24/09/2016 – 30/10/2016, b) track 72:
29/09/2016 – 04/11/2016, c) track 79 06/10/2016 – 23/11/2016, showing no
deformation.
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Table C.2: Initial conditions and inversion bounds for each parameter for the
uniform slip distribution inversion of the Zinave and Machaze earthquakes.



















































































































































































































































































































































































































































































































Figure C.4: a) Slip distribution for the Zinave earthquake, with rake fixed
at -66°. b) Length scale of vertical resolution. c) Length scale of horizontal
resolution. Each cell is 1 km horizontally by 2.4 km vertically.
Table C.4: Root-mean-square (rms) residuals for the variable rake, uniform
slip rake (-66°), and body wave slip rake (-71°), with associated F-statistic
values.
rms (cm) Variable rake Uniform slip rake Body wave rake
Joint 0.44 0.44 0.44
Track 174 0.47 0.47 0.47
Track 79 0.43 0.43 0.43
Track 72 0.43 0.43 0.43
F-statistic - 0.0045 0.0045
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Figure C.5: Smoothing factor versus model roughness for a) Zinave
distributed slip model, b) Machaze model 1 (ENVISAT), c) Machaze model
2 (ENVISAT and SPOT). The chosen smoothing factor value is shown by a
black box in each subplot.
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Figure C.6: Fixed rake (-71°) model for the Zinave earthquake. a–c) Data,
model, and residual to the distributed slip model for track 174. d–f) Track 72
data, model, and residual. g–i) Track 79 data, model, and residual. Black lines
though (a–i) mark the top of the distributed slip model, where it intersects
the surface. j) Distributed slip model result for the inversion of tracks 174, 79,
and 72 with rake fixed to -71°. Arrows show displacement of the east block
relative to west (i.e., motion to the south is left-lateral).
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Figure C.7: Variable rake model for the Zinave earthquake. a–c) Data,
model, and residual to the distributed slip model for track 174. d–f) Track
72 data, model, and residual. g–i) Track 79 data, model, and residual. Black
lines though a–i mark the top of the distributed slip model, where it intersects
the surface. j) Distributed slip model result for the inversion of tracks 174, 79
and 72 with variable rake. Arrows show displacement of the east block relative
to west (i.e., motion to the south is left-lateral).
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0 0.5 1 1.5 2 2.5
Figure C.8: a) Data, b) model, and c) residual for the uniform slip model of
the Machaze earthquake, using ENVISAT data at 30 m resolution. d) Data, e)
model, and f) residual for the uniform slip model of the Machaze earthquake,
using ENVISAT data resampled to 90 m. Root-mean-square misfit values can
be found in Tables 4.1 and C.3.
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Figure C.9: a) Slip distribution for the Machaze earthquake using ENVISAT
and SPOT data. b) Length scale of vertical resolution. c) Length scale of
horizontal resolution. Each cell is 3 km horizontally by 3 km vertically.
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Introduction
This appendix contains further examples of the atmospheric corrections and post-seismic
interferograms discussed in Chapter 5.
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24˚36' 25˚00' 25˚24' 24˚36' 25˚00' 25˚24'
Range Change (cm)
-4 -2 0 2 4 6
Gacos Correction ALOS-2 Interferogram Corrected Interferogram
a b c
Figure D.1: a) GACOS atmospheric correction for ALOS-2 02/04/2017 –
14/05/2017 interferogram. b) ALOS-2 02/04/2017 – 14/05/2017 interferogram
with standard deviation 2.1 cm. c) GACOS correction applied to ALOS-2
interferogram with standard deviation 2.0 cm.


















Figure D.2: a) ALOS-2 co-seismic interferogram (02/04/2017 – 14/05/2017),
b) residual between model 1 and (a). c) Post-seismic Sentinel-1 interferogram
(11/04/2017 – 17/05/2017) showing no post-seismic deformation. The
earthquake occurred on 03/04/2017.
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Figure D.3: a) Shear wave splitting observations (red bars) from Silver et al.
[2001] showing a north-east to east rotation of the fast wave polarisation
direction associated with the Limpopo-Shashe Belt. The orientation and
length of the red bars show the fast polarisation direction and splitting
delay times respectively. The yellow box denotes the extent of sub-panel
(b). OG: Okavango Graben. Earthquakes are shown by filled black circles.
b) Low-pass filtered aeromagnetic data presented by Kolawole et al. [2017],
indicating magnetic anomaly striking NW-SE. Dashed white line shows the
fault determined by Kolawole et al. [2017] from InSAR observations. Black
rectangle shows the fault from this study. MLn and MLs refer to the
Moiyabana Lineament north and south. Other abbreviations correspond to
features referred to in Kolawole et al. [2017].
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González, P., R. Walters, E. Hatton, K. Spaans, A. McDougall, A. Hooper, and T. Wright
(2016), LiCSAR: Tools for automated generation of Sentinel-1 frame interferograms,
AGU Fall Meeting.
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